N

N

Magma injections and destabilization of basaltic
volcanoes: A numerical study: Application to La
Reunion (Indian ocean, France) and Stromboli
(Tyrrhenian sea, Italy)

Thibault Catry

» To cite this version:

Thibault Catry. Magma injections and destabilization of basaltic volcanoes: A numerical study :
Application to La Reunion (Indian ocean, France) and Stromboli (Tyrrhenian sea, Italy). Earth
Sciences. Université de la Réunion; Universita degli studi (Bologne, Italie). Dipartimento di scienze
della terra e geologico-ambientali, 2011. English. NNT: 2011LARE0017 . tel-00805509

HAL Id: tel-00805509
https://theses.hal.science/tel-00805509
Submitted on 28 Mar 2013

HAL is a multi-disciplinary open access L’archive ouverte pluridisciplinaire HAL, est
archive for the deposit and dissemination of sci- destinée au dépot et a la diffusion de documents
entific research documents, whether they are pub- scientifiques de niveau recherche, publiés ou non,
lished or not. The documents may come from émanant des établissements d’enseignement et de
teaching and research institutions in France or recherche francais ou étrangers, des laboratoires
abroad, or from public or private research centers. publics ou privés.


https://theses.hal.science/tel-00805509
https://hal.archives-ouvertes.fr

UNIVERSITA DI BOLOGNA
Dipartimento di Scienze della Terra e Geologico-Ambientali

DOTTORATO IN MODELLISTICA FISICA PER LA PROTEZIONE DELL’AMBIENTE
XXl CICLO

Coordinatore: Prof. Rolando Rizzi

Settore scientifico-disciplinare di appartenenza
GEO/08 — GEO/10

Tesi di Dottorato

MAGMA INJECTIONS AND DESTABILIZATION OF BASALTIC VOLCANOES:
A NUMERICAL STUDY

Application to La Reunion (Indian ocean, France) and
Stromboli (Tyrrhenian sea, Italy)

Presentata da: Relatrice

Dott. Thibault Catry Dott.ssa Claudia Romagnoli

Correlatore

Dott. Laurent Michon

Esame finale anno 2011



Foreword

This research thesis has been developed in the project « Analysis and
modelling of the evolution of insular volcanoes : comparison between La Reunion
Island (Indian océan, France) and the Aeolian Islands (southern Tyrrhenian sea, Italy).
Our study has been carried out in a co-tutela between the University of Bologna
(Dipartimento di Scienze della Terra e Geologico-ambientali, under the supervision
of Dott.ssa Claudia Romagnoli) and the University of La Reunion (Laboratoire
Géosciences Réunion, under the supervision of Dr. Laurent Michon), funded by a

Vinci fellowship from the Universita Italo-Francese (UIF).



A ma famille,

« L’enfance c’est des souvenirs de volcans, avec la certitude que c’est Haroun Tazieff
qui a inventé la purée ... »

Patrick Sébastien, Carnets de notes (2001)
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Abstract

Most basaltic volcanoes are affected by recurrent lateral instabilities during their
evolution. Numerous factors have been shown to be involved in the process of flank
destabilization occurring over long periods of time or by instantaneous failures.
However, the role of these factors on the mechanical behaviour and stability of
volcanic edifices is poorly-constrained as lateral failure usually results from the
combined effects of several parameters. Our study focuses on the morphological and
structural comparison of two end-member basaltic systems, La Reunion (Indian
ocean, France) and Stromboli (southern Tyrrhenian sea, Italy). We showed that
despite major differences on their volumes and geodynamic settings, both systems
present some similarities as they are characterized by an intense intrusive activity
along well-developed rift zones and recurrent phenomena of flank collapse during
their evolution. Among the factors of instability, the examples of la Reunion and
Stromboli evidence the major contribution of intrusive complexes to volcano growth
and destruction as attested by field observations and the monitoring of these active
volcanoes. Classical models consider the relationship between vertical intrusions of
magma and flank movements along a preexisting sliding surface. A set of published
and new field data from Piton des Neiges volcano (La Reunion) allowed us to
recognize the role of subhorizontal intrusions in the process of flank instability and
to characterize the geometry of both subvertical and subhorizontal intrusions within
basaltic edifices. This study compares the results of numerical modelling of the
displacements associated with high-angle and low-angle intrusions within basaltic
volcanoes. We use a Mixed Boundary Element Method to investigate the mechanical
response of an edifice to the injection of magmatic intrusions in different stress
fields. Our results indicate that the anisotropy of the stress field favours the slip
along the intrusions due to cointrusive shear stress, generating flank-scale
displacements of the edifice, especially in the case of subhorizontal intrusions,
capable of triggering large-scale flank collapses on basaltic volcanoes. Applications of

our theoretical results to real cases of flank displacements on basaltic volcanoes



(such as the 2007 eruptive crisis at La Reunion and Stromboli) revealed that the
previous model of subvertical intrusions-related collapse is a likely mechanism
affecting small-scale steeply-sloping basaltic volcanoes like Stromboli. Furthermore,
our field study combined to modelling results confirms the importance of shallow-
dipping intrusions in the morpho-structural evolution of large gently-sloping basaltic
volcanoes like Piton de la Fournaise, Etna and Kilauea, with particular regards to

flank instability, which can cause catastrophic tsunamis.



Riassunto

L’evoluzione della maggior parte dei vulcani basaltici é caratterizzata da fenomeni
ricorrenti d’instabilita laterale. Diversi fattori, coinvolti nella destabilizzazione a
lungo termine o in improvvisi collassi di fianchi vulcanici, sono stati identificati a
partire dall’evento del Mount Saint-Helens del 1980. Tuttavia, I'influenza relativa dei
vari parametri influenti sulla stabilita meccanica degli edifici vulcanici é difficilmente
quantificabile, dato che gli scivolamenti di fianchi risultano generalmente da diverse
cause interagenti. Questo studio si concentra su un confronto tra le caratteristiche
morfologiche e strutturali di due sistemi basaltici, La Reunion (Oceano Indiano,
Francia) e Stromboli (Mar Tirreno, Italia). Nonostante tali edifici vulcanici abbiano
volumi e contesti geodinamici molto diversi, sono entrambi sottomessi ad un’attivita
intrusiva intensa lungo le rispettive rift zones e hanno subito destabilizzazioni laterali
ricorrenti durante la loro evoluzione. Gli esempi della Reunion e Stromboli
sottolineano il ruolo importante dei meccanismi di intrusione magmatica nella
crescita e destabilizzazione dei vulcani, come testimoniato da dati di campagna e dal
monitoraggio di tali vulcani attivi. | modelli “classici”, infatti, considerano che il
processo di collasso laterale in ambiente vulcanico puo essere favorito dalla messa in
posto d’una o pil intrusioni verticali, causando movimenti dei fianchi vulcanici lungo
una superficie di rottura preesistente. Nuovi dati di campagna acquisiti al vulcano
Piton des Neiges (La Reunion), oltre a dati di letteratura su altri edifici vulcanici,
hanno permesso di descrivere la geometria delle intrusioni sub-verticali e sub-
orizzontali nei vulcani basaltici e, in particolare, di evidenziare I'importanza delle
intrusioni sub-orizzontali nella destabilizzazione di fianchi vulcanici. Questo studio
confronta i risultati della modellistica numerica sui campi di spostamenti superficiali
indotti da intrusioni magmatiche sub-verticali e sub-orizzontali in edifici basaltici,
tramite I'applicazione di un metodo di Mixed Boundary Element, con I'obiettivo di
determinare il comportamento meccanico di un vulcano sottoposto ad un’iniezione
magmatica sotto diversi campi di stress. | risultati dimostrano che un campo di stress

anisotropico favorisce lo scivolamento laterale lungo le intrusioni, creato dallo shear



stress co-intrusivo, come origine di spostamenti alla scala del fianco vulcanico.
Questi ampi spostamenti, preferibilmente legati ad intrusioni sub-orizzontali,
possono probabilmente innescare dei collassi laterali a larga scala se la loro
ampiezza compromette la stabilita dell’edificio. L’applicazione dei risultati teorici a
casi reali di deformazione osservati sui vulcani basaltici (tra cui La Reunion e
Stromboli durante le rispettive crisi eruttive del 2007) rivela che il modello di
destabilizzazione legata ad intrusioni sub-verticali € un meccanismo in grado di
causare collassi di fianchi su stratovulcani relativamente piccoli, ma con pendenze
forti come Stromboli. | nostri dati di campagna e di modellistica numerica
confermano, inoltre, il ruolo importante delle intrusioni sub-orizzontali
nell’evoluzione morfo-strutturale di vulcani basaltici ampi e a basse pendenze
(vulcani a scudo) come il Piton de la Fournaise (La Reunion), il Monte Etna o il
Kilauea e, particolarmente, nel processo d’instabilita laterale, potenzialmente in

grado di provocare catastrofici tsunami.



Résumé

L’évolution de la majorité des volcans basaltiques est marquée par des phénomeénes
récurrents d’instabilité latérale. De nombreux facteurs d’instabilité, impliqués dans
des déstabilisations a long terme ou des effondrements de flancs instantanés, ont
été recensés depuis I’'événement majeur qui a frappé le Mont Saint-Helens en 1980.
Cependant, le réle de ces facteurs sur la stabilité mécanique des édifices est mal
contraint dans la mesure ou les glissements de flancs résultent en général de
plusieurs causes simultanées. Notre étude se concentre sur une comparaison des
caractéristiques morphologiques et structurales de deux systemes basaltiques, La
Réunion (Océan Indien, France) et Stromboli (Mer Tyrrhénienne, Italie). Nous avons
montré que, bien qu’ayant des volumes et des contextes géodynamiques tres
différents, les systemes sont tous deux caractérisés par une activité intrusive intense
le long de rift zones et ont subi des déstabilisations latérales récurrentes durant leur
évolution. Parmi les facteurs d’instabilité, les exemples de La Réunion et de
Stromboli soulignent I'influence majeure des complexes intrusifs dans la croissance
et le démantelement des volcans, comme le prouvent les études de terrain et la
surveillance des ces volcans actifs. Les modeéles classiques considérent que le
processus d’instabilité latérale en domaine volcanique résulte de la mise en place
d’une ou plusieurs intrusions verticales, entrainant des mouvements de flancs le
long d’une surface de glissement pré-existante. De nouvelles données de terrain
obtenues au Piton des Neiges (La Réunion), ainsi que des données de littérature sur
d’autres édifices, ont permis de mettre en évidence le réle des intrusions sub-
horizontales dans les déstabilisations de flancs et de caractériser la géométrie des
intrusions sub-verticales et sub-horizontales au sein des volcans basaltiques. Cette
étude compare les résultats de la modélisation numérique des champs de
déplacements de surface crées par la mise en place d’intrusions magmatiques a
faible / fort pendage dans les édifices basaltiques, grace a une méthode d’éléments
frontieres mixte (Mixed Boundary Element Method), dans le but de déterminer le

comportement mécanique d’un édifice soumis a des injections magmatiques sous



différents champs de contraintes. Les résultats de cette étude montrent qu’un
champ de contraintes anisotrope favorise le glissement le long des intrusions,
généré par la contrainte cisaillante co-intrusive, a l'origine de déplacements a
I’échelle du flanc de [I'édifice. Ces déplacements de grande ampleur,
préférentiellement liés a des intrusions subhorizontales, peuvent probablement
déclencher des grands glissements latéraux si leur amplitude dépasse le seuil de
stabilité de I’édifice. L'application des résultats théoriques a des exemples réels de
déformation enregistrées sur des volcans basaltiques (dont La Reunion et Stromboli,
au cours de leurs crises éruptives de 2007) révéle que le modele de déstabilisation
associée a des intrusions sub-verticales est un mécanisme pouvant générer des
effondrements de flancs sur des petits édifices a fortes pentes comme Stromboli. De
plus, nos données de terrain et les résultats de modélisation confirment
I'importance des intrusions sub-horizontales dans I’évolution morpho-structurale
des grands édifices basaltiques a faibles pentes comme le Piton de la Fournaise (La
Réunion), I'Etna ou le Kilauea, et plus particulierement dans les instabilités de flancs

pouvant causer des tsunamis dévastateurs.
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General Introduction

Basaltic volcanoes are complex systems whose behaviour and evolution
involve various physical and chemical processes. More than half of the world's
volcanoes are basaltic or include basalt among their products, and about one third of
known eruptions, involving tens of volcanoes per year erupt basaltic magma
(Walker, 1993). The nature (volume, shape...) and geological environment where
basaltic edifices form strongly vary. Their evolution can occur over different time
spans and is usually made of alternating phases of growth and destruction of the
edifices. The recurrence of flank lanslides has been recognised as one of the most
important dismantling processes on basaltic volcanoes, as testified by deposits
related to flank collapses described on the flanks of basaltic systems like Hawaii
(Moore, 1964 ; Moore et al.,, 1989 ; Mitchell et al., 2002), the Canary islands
(Carracedo, 1999 ; Masson et al.,, 2002), La Reunion Island (Lénat et al., 1989 ;
Labazuy, 1996 ; Oehler et al., 2008) or Stromboli Island (Kokelaar and Romagnoli,
1995 ; Romagnoli et al., 2009a and b). The various factors that cause volcano
instability often occur concurrently and so their relative importance is difficult to
evaluate. Lateral instability is thought to result mainly from repeated magmatic
intrusions along rift zones coupled with movements along layers of weak material
within the volcanic edifice. However, the diversity in the geometries of the edifices
and their magmatic systems suggest that the evolution of basaltic volcanoes is
controlled by other factors like the nature and behaviour of the basement, and the
geodynamic context, whose role is poorly-understood.

This thesis focusses on the role of magmatic intrusions in the mechanism of
flank destabilizations on basaltic volcanoes, through a comparative study of the
volcanic edifices of La Reunion (Indian ocean, France) and Stromboli (southern
Tyrrhenian sea, Italy), in order to understand how different basaltic systems can
experiment similar evolution. The first chapter of the study is a review of the general
evolution of basaltic volcanoes, in which :

1- Previous models of evolution of basaltic shield volcanoes and stratovolcanoes



are introduced.

2- We identify the main parameters involved in this evolution, with particular
regard to their influence on flank instability.

The second chapter is dedicated to a comparison of the edifices of La Reunion and
Stromboli, using recent bathymetrical data and DEMs obtained during
oceanographic campaigns (2003-2006 for Stromboli, FOREVER and ERODER missions
for La Reunion). In this part :

1- The nature and volumes of the edifices are compared.

2- The main morphological and structural features of the La Reunion and
Stromboli are described and compared.

3- These features are correlated to the geodynamic contexts and regional
tectonics of the areas of interest.

In the third chapter, we study the role of magmatic intrusions in the deformation of
volcanic edifices through numerical models of surface displacements fields
generated by different geometries of magmatic intrusions, emplaced under various

stress conditions. This approach aims at using surface displacement patterns to:

1- Determine the characteristics of the intrusions.
2- Estimate the stress field conditions within basaltic volcanoes.
3- Determine mechanisms of flank-scale deformation and/or flank

destabilization in relationship with the morphology and structure of basaltic
volcanoes, through applications to real cases (Piton de la Fournaise, Stromboli and

Mount Etna).

Keywords : Basaltic edifice, magmatic intrusions, rift-zones, destabilization, La
Reunion, Stromboli, numerical models.



Chapter 1

Structure and evolution of basaltic volcanoes: a
review.

More than 50 % of the volcanoes worldwide are basaltic or have a basaltic
component in their emissions (Walker, 1993). Several types of basaltic volcanoes occur on
land but the submarine mid-ocean ridges are probably the most extensive basaltic volcanic
system on Earth.

The first chapter of our study starts with a review of the nature and structure of basaltic
volcanoes in relationship with the environment in which they grew. Some general features
on the evolution of basaltic volcanoes are then discussed. The role of the main factors
involved in the evolution of basaltic volcanoes, with particular regards to lateral instability, is

finally summarized.



1.1- Types of basaltic volcanoes

Basaltic volcanoes can be either polygenetic or monogenetic edifices. Walker (1993)

distinguished five main types of basaltic volcanoes (Fig. 1.1):

shield volcanoes,

stratovolcanoes, flood basalts volcanoes, monogenetic volcanoes and central volcanoes.
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Figure 1.1: The five different types of basaltic volcanoes (modified from Walker, 1993).



Basaltic volcanoes can develop on either continental or oceanic lithospheres. In oceanic
setting, most of them are related to a long-lived mantle anomaly (La Reunion Island, Hawaii,
Society Islands...). Volcanoes associated with hot spot magmatism are usually among the
largest. Tenerife (Canary Islands) reaches an elevation of 8.5 km from the seabed to the top
of the edifice. La Reunion edifice currently reaches more than 7 km while Mauna Loa
volcano (Big Island, Hawaii) is the highest relief on the planet with more than 9 km of
maximum elevation. In active geodynamic setting, the size of the edifice ranges from small-
scale volcanoes, like Stromboli volcano in the Aeolian islands which reaches a maximum
elevation of 3.5 km, to large volcanoes like Mount Etna (Sicily).

Shield volcanoes like Mauna Loa are made of piled thin lava flows and characterized
by low sub-aerial slopes (less than 10°). The low-angle shield shape is related to high effusion
rates and to the low viscosity of basaltic lava flows that travel on large distances from the
emission point. Other shield volcanoes, like those of the Galapagos archipelago, also made
of lava flows, show an alternation of concentric steep and gentle slopes that confers an
overall overturned soup plate geometry to the edifice (Rowland and Garbeil, 2000). The
steep slopes are interpreted as due to the superimposition of either pyroclastic cones
(Rowland and Garbeil, 2000) or short lava flows (Naumann and Geist, 2000). It is worth
noting that a well-developed intrusive system defining radial rift-zones develop on Mauna
Loa-like shield volcanoes whereas the "overturned soup plate" volcanoes are generally
associated with scattered concentric and radial intrusions (Chadwick and Dieterich, 1995).
Summit calderas always cut both types of shield volcanoes.

Stratovolcanoes consist of steep edifices whose slopes are made of piled lava flows
and pyroclastic deposits. The upper part of the edifice is characterized by the steepest slope
values of about 35°. Stratovolcanoes are usually located on active plate boundaries, such as
in arc settings. However, due to an alternation of explosive and effusive activity, basaltic
stratovolcanoes like Nyiragongo may also develop in continental setting. Stromboli volcano
and Mount Etna are good examples of basaltic stratovolcanoes, and well illustrate that the
volumes of the edifices can widely range. In a way similar to shield volcanoes,
stratovolcanoes are characterized by an intense intrusive activity, which is organized along
rift zones. Stratovolcanoes located in active geodynamic setting are generally short-lived

volcanoes compared to hot-spot related shield volcanoes.



Flood basalts like the Deccan Trapps (India) or the Columbia plateau (USA) are
generally associated with the ascent of a mantle anomaly below the lithosphere, i.e. the first
step of the hot-spot activity. They consist of voluminous lava flows (several km?) covering
large surfaces. For instance, the Deccan Trapps event that occurred 65 My ago, produced a
volume of lava estimated at 1-2.10° km® and covered an area of 5.10° km? (Richards et al.,
1989; White and McKenzie, 1995) over a period of activity that lasted approximately 1 My.
Shield edifices can be created during flood basalt eruptions.

Basaltic volcanoes can be monogenetic volcanoes whose activity ceased after a single
episode of eruptive activity. They usually occur as volcanic fields made of several small-scale
cones that can be shield volcanoes, like at the Honolulu field (Hawaii). The formation of the
volcanic field can span over several million years.

Central volcanoes like Vesuvius (Italy) present a bimodal composition made of
basaltic and silicic products. Basaltic products are generally related to eccentric basaltic
vents on the lower slopes of central volcanoes while the central part of the edifice is made of
silicic material. Central volcanoes usually spread on large areas, their higher parts having
steeper slopes than the lower parts due to the difference in the nature of the products.

Summit calderas are common on central edifices.

Walker (1993) postulated that the type of basaltic volcano was dependent on 1- the
magma input rate and 2- the frequency at which the magmatic system is replenished. These
two criteria are partly determined by the geodynamic context in which the volcano is
located, that controls the nature of the magma and the geometry of the plumbing system of
an edifice. They will also partly depend on the evolution of the edifice. Nevertheless, the
above examples well indicate that to a diversity of settings can be associated a diversity of
structures and characteristics of basaltic volcanoes. In particular, the size and geometry of

the edifices widely range, whatever the geodynamic context in which they were formed.

1.2- General insights into the evolution of basaltic volcanoes

Our study deals with the comparison between two basaltic island systems: La
Reunion lIsland, a hotspot-related shield made of several basaltic edifices located in the

Indian Ocean, and Stromboli Island, an island-arc volcano belonging to the Aeolian islands



system in the Tyrrhenian sea, southern Italy. As a consequence, this section of the study will

refer to general features on the evolution of basaltic insular shields and stratovolcanoes.

1.2.1- Shield volcanoes related to hot-spot activity (Hawaiian-type volcanoes)

Based on extensive investigations on the volcanoes of Hawaii, Peterson and Moore
(1987) proposed a multi-stage evolution for Hawaiian-type volcanoes, which can be divided

in 4 main steps (Fig. 1.2):

1.2.1.1- Submarine pre-shield stage (stage 1 on Fig. 1.2)

This stage is characterized by rare eruptions of small volume. The submarine edifice
has steep slopes, and the typical 2 or 3-armed rift zones may be already formed (Carracedo,
1996). In the case of Hawaiian volcanoes, this period can last about 200 000 years. The

activity then slowly increases and the volcano enters the second phase of its construction.

1.2.1.2- Shield-building stage (stages 2 and 3 on Fig. 1.2)

Once the summit of the volcano reaches the surface, after an explosive phase due to
the interaction between magma and water that can last several hundred thousands years,
the volcano enters the subaerial stage of its evolution and the shield edifice starts to grow by
accumulation of lava of tholeiitic composition on its slopes. During this stage, the volcano
reaches the climax of its activity, forming 95 % of the total volume of the edifice. During this
stage, basaltic shields can be affected by recurrent gravity destabilizations, partly due to
overloading and oversteepening by accumulation of volcanic material on the slopes of the

edifice.

1.2.1.3- Post-shield stage (stage 4 on Fig. 1.2)

The eruption rate starts decreasing together with the construction rate. The volume
of the volcano barely changes in this period, during which it can be affected by explosive

activity.

1.1.2.4- Erosional stage (stage 5 to 8 on Fig.1.2)

The post-shield stage is followed by an erosional stage that may last several million
years. The volcanic activity ceases progressively. The volcano is incised by deep canyons and

dismantled by major collapses events. This period can alternate with stages of



“rejuvenation” of volcanic activity but commonly erosion, combined with subsidence,
remains strong enough to give place to submergence, so that the island becomes an atoll

and finally a guyot.
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Figure 1.2: Main stages of the evolution of Hawaiian type volcanoes (modified from Peterson
and Moore, 1987). See text for description.

The growth of shield volcanoes is favoured by repeated magmatic intrusions along
rift-zones and lava flow accumulation on their slopes. However, they also experiment
destruction phases, mainly due to caldera and flank collapses that are likely to occur at every
step of the evolution of the shield volcano (Walker, 1993).

The example of Hawaii has to be considered just as a general model of evolution
regarding all types of oceanic basaltic volcanoes. Indeed, other hot spot volcanoes like in La
Reunion, in the Canary archipelago or in the Galapagos archipelago, although having a global

similar evolution, can present specific evolutions related to different effusion rates,



geometry of deep magmatic and intrusive systems or local tectonic environments. Similarly,
the relationships between rift-zones activity, lateral destabilization and erosion processes in
the evolution of basaltic volcanoes are much more complex than evidenced by the model of
Peterson and Moore (1987) as inter-connections exist between these phenomena on short-
term and long-term periods in the life of a shield volcano.

Moreover, in hot spot settings, the activity of the plume combined with the plate
movements generally creates trends of volcanic islands at different stages, like in the Canary

Islands or Hawaii (Fig. 1.3).
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Figure 1.3: Examples of time-related evolution of volcanic edifices in some hotspot settings
(modified from Carracedo, 1999).

Erosional processes are involved all along the evolution of shield volcanoes. Their
importance is however variable considering the step of the evolution as when the magma
supply rate is high and the activity reaches a climax (shield-building stage), the influence of
the erosion in the morphological evolution of the volcanic edifice is strongly reduced.
Conversely, when the activity decreases (post-shield and erosional stages), the effects of
erosion on the edifice are not balanced by the accumulation of new volcanic material on the
slopes, making erosion one of the principal factors of morphological changes of the edifice.

Furthermore, erosional processes have a major role in the evolution of hot spot-related



shield volcanoes as most of them are located in tropical environments characterized by

heavy rain falls (La Reunion island, Hawaii, Canary islands...).

1.2.2- Basaltic stratovolcanoes

Basaltic stratovolcanoes grow by accumulation of lava flows and pyroclastic material
on their flanks. As their slopes are generally higher than the slopes of basaltic shields,
reaching more than 30° in some cases, they are naturally more prone to experiment flank
collapse during their evolution. Sector collapses were indeed identified for several edifices.
At Stromboli volcano, the phases of growth of the subaerial edifice are regularly interrupted
by large flank destabilizations both on the northwestern and southeastern flanks (Tibaldi,
2001; Romagnoli et al., 2009a and 2009b). Satake et al. (2001 and 2007) showed that the
evolution of Oshima-Oshima volcano, a small-scale basaltic volcano located in the Japan Sea,
was affected by a major sector collapse that generated a tsunami in 1741. Sector collapses
characterize the evolution of Mount Etna volcano, a large-scale Sicilian basaltic
stratovolcano (not insular, but located on the eastern coastal tract of Sicily), as testified by
the Valle del Bove scar and by the occurrence of local Pleistocene and Holocene debris
avalanche and debris flow deposits exposed on the eastern flanks of the volcano (Calvari et
al., 2004; Del Negro and Napoli, 2002). Marine geophysical surveys revealed the presence of
submarine landslide deposits on the lower flanks of Mount Etna (Pareschi et al., 2006;
Chiocci et al., in press). The Monowai cone, a small and shallow submarine stratovolcano
part of the Monowai volcanic center in the northern Kermadec arc, experimented two sector
collapses since 1998 (Wright et al., 2008; Chadwick et al., 2008) while being in the early
stages of its construction. Favoured by the steep slopes of the edifices, erosion participates

to the dismantling processes of stratovolcanoes.

The evolution of hotspot related volcanoes (flood basalts included) occurs commonly on a
time-span of several million years. Such long-term evolution is specific to this type of basaltic
volcanoes as basaltic edifices located in active settings will be subducted or become inactive

on shorter time intervals.
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1.3- Gravitational instabilities affecting volcanic edifices

McGuire (1996) defines volcano instabilities as “the minimum level of destabilization
where part or a whole edifice is prone to experiment a failure”. In the following sections, the
occurrence of lateral instability on volcanoes (basaltic ones in particular) and the parameters

involved in the control and trigger of the collapse mechanism will be discussed.

1.3.1 Occurrence of lateral destabilization in volcanic edifices

Before the lateral collapse of Mount Saint-Helens in 1980 (Voight et al., 1981; Lipman
and Mullineaux, 1981), the occurrence of wide scars on volcanic edifices was explained as
due to major erosion processes. The gravitational instabilities of Mount Saint-Helens
provided a new interpretation on the origin of the large U-shaped structures affecting a large
amount of volcanic edifices. Siebert (1984) proposed that the good correlation observed
between the volume of scars and that of deposits on the flanks can be taken as an indicator
that the main process involved in the formation of these features is a massive failure of a
part of the volcanic cone. This is easily verified for recent landslide events while it is more
difficult to establish this correlation for old events, mostly because of the erosion or filling of
the scar and/or the reworking of the deposit. In this case, it is common to find a discrepancy
between the volume of the deposit and the size of the scar.

In oceanic setting, the study of submarine parts of shield volcanoes and surrounding
sea-floor by multi-beam and long-range side scan sonar techniques (Le Bas and Mason,
1996) underlined the major role of large-scale flank failure in the morphological evolution of
volcanic oceanic islands. Flank collapse deposits started to be increasingly identified in most
oceanic volcanoes, both on subaerial and submarine areas, such as in Hawaii (Moore et al.,
1989 and 1994; Mitchell et al., 2002; Morgan et al., 2003; Figure 1.4), Stromboli (Kokelaar
and Romagnoli, 1995; Tibaldi, 2001; Romagnoli et al., 2009a and 2009b), La Reunion Island
(Duffield, 1982; Lénat and Bachélery, 1990; Labazuy, 1996; Oehler, 2005; Oehler et al, 2008,
Fig. 1.4), Canary Islands (Carracedo, 1994; Krastel et al., 2001; Masson et al., 2002; Mitchell
et al., 2002; Hurlimann et al., 2004; Figure 1.4) and Lesser Antilles (Deplus et al., 2001; Le
Friant et al., 2003) where these deposits were studied in terms of landslide processes and

depositional mechanisms. In particular, about 70 huge landslide deposits are reported along
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the submarine flanks of the Hawaiian chain (Moore et al., 1994, figure 1.4), being amongst

the largest in terms of volume (table 1.1).
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Figure 1.4: Major submarine landslide deposits identified offshore (a) Canary Islands
(Masson et al., 2002), (b) Hawaii (Mitchell et al, 2002).

Moreover, the comparison of the volumes of the landslides between basaltic shields
and basaltic stratovolcanoes (Table 1.1) reveals that for edifices of comparable size (large
scale edifices like Etna and Piton de la Fournaise for instance), basaltic shield volcanoes are
affected by more voluminous landslides than basaltic stratovolcanoes. In the submarine part
of the Hawaiian chain, deposits with estimated volumes as high as 3000-5000 km® were
identified, reaching areas located several hundreds of kilometres from their source (Fig. 1.4).
Some major landslides also occurred in the Canary Islands (Fig. 1.4). However, the volume of
the edifice is not the main factor responsible for the occurrence of lateral destabilizations on
basaltic volcanoes as small edifices like Stromboli, Oshima-Oshima or Monowai also
experiment recurrent collapses of their flanks (four major collapses occurred at Stromboli

volcano in the last 13 kyrs, Monowai collapsed twice in the last 13 years...)
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Volcano affected by the collapse | volume (km3) Volcano affected by the collapse volume (km3)
Basaltic shield volcanoes Basaltic stratovolcanoes
Canary Islands Stromboli
El Golfo (El Hierro) 150-180 Paleostromboli 06-1
Las Playas 2 (El Hierro) <50 Vancori 2
Cumbre Nueva (La Palma) 95 Neostromboli
Orotava (Tenerife) 500 Pizzo sopra la Fossa
Hawaiian archipelago Sciara del Fuoco 0.7
Alika 1 (Hawaii) 400 Oshima-Oshima
Alika 2 (Hawaii) 200 1741 collapse 2.5
Wailau (Molokai) 1500 Monowai cone
Nuuanu (Oahu) 3000-5000 1998-2004 collapse 0.09
North Kauai (Kauai) 1400 2004-2007 collapse 0.04
La Reunion Island Mount Etna
Piton de la Fournaise ‘ 500 Valle del Bove 16-21
Fuji 1.8

Table 1.1: Volumes (in km3) of the main lateral collapse events that affected basaltic shield
volcanoes and basaltic stratovolcanoes (from Moore et al., 1989; Holcomb et Searle, 1991 ;
Hayashi and Self, 1992; Moore et al., 1994a; Mcguire, 1996; Clague and Moore, 2002;
Masson et al., 2002; Tibaldi, 2001 ; Satake and Kato, 2001 ; Oehler, 2005, Pareschi et al.,
2006 ; Chadwick et al., 2008 ; Romagnoli et al., 2009b).

These examples clearly indicate that the morphological evolution of all types of basaltic
volcanoes is commonly made of alternating phases of growth and destruction of the edifices.
In particular, an important role is played by lateral gravitational instability phenomena
affecting volcanic edifices of variable sizes. These destabilizations are likely to occur at any
step of the growth of basaltic volcanoes, either on hot spot volcanoes (Hawaii islands,
Canary islands, La Reunion island, Capo Verde) or basaltic volcanoes located in active

tectonic settings (Stromboli volcano, Monowai cone in the Kermadec or Mount Etna).

1.3.2 Controlling and triggering parameters of volcano flank collapse

1.3.2.1- Classification of the parameters

Volcanoes can be affected by repeated major flank collapses during their evolution.
Flank failure occurs when the mechanical stability of an edifice is perturbed by an internal or

external factor or when the edifice becomes unable to support its own load. Basically, a
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sector collapse is a gravity-driven movement of a sector of the volcano, independently from
its size, origin and type.

Several analogue and numerical studies have been carried out in the last years in
order to better constrain the processes of collapse and the involved factors (Borgia, 1994;
Russo et al., 1996; Van Wyk de Vries and Borgia, 1996; Lagmay et al., 2000; Tibaldi, 2001;
Walter and Troll, 2003; Keating and McGuire, 2000; Apuani et al.,, 2005a and b; Acocella,
2005; Oehler et al., 2005; Tibaldi and Lagmay, 2006; Tibaldi et al., 2007).

Keating and Mc Guire (2000) proposed a first classification of the parameters
involved in the control and/or trigger of lateral instability on volcanoes. They recognised
internal parameters, referred to as “endogenetic”, i.e. due to the structure of the volcano
itself. For instance, the geometry of the edifice is a key factor: a volcano has to reach a
critical load or a critical height before being possibly affected by sector collapses, On the
other hand, these authors identified external parameters, referred to as “exogenetic”, i.e.
tectonic or environmental for example (Fig. 1.5 and Table 1.2). A more extensive discussion

of the role of the parameters is carried out in section 1.3.2.2.
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Figure 1.5: Endogenetic (a) and exogenetic (b) sources of failures on volcanic island edifices
according to the classification of Keating and McGuire (2000).

Table 1.2 presents examples of lateral failure reported in different settings and the

corresponding parameter of control/trigger involved in the failure mechanism.
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a- Endogenetic sources of failure
Failure process Mechanism Examples
1. Unstable foundation—  Decoupling along low friction Hawaii
clays layer
2. Unstable foundations Decoupling along low friction Loihi, Savaii
layer, with ball-bearing like
character
3. Dykes Physical displacement of flanks  Koolau Volcano (Oahu, Hawaii)
of volcano
4, Cumulates Physical displacement of flanks  Kilauea (Hawaii), Mt. Etna,
of volcano Klyucherskoi voleano (Kamchatka)
5. Thermal alteration Increase in pore pressure Hawaii
Reduction in strength
6. Edifice pore pressure Liquidation of overpressured Mururoa, Ritter Volcano, Surtsey
sediments Volcano
7. Unbutiressed structure  Creep Hawaiian Islands
8. Buried faults Decoupling along pre-existing Hilina System (Hawaii), Mururoa,
zone of low friction added Niue
overburden
b- Exogenetic sources of failure
Failure process Mechanism Examples
9. Collapse of subaerial deposits Low cohesion material including ball-bearing like Hawaii, Ritter Island (PNG), Surtsey voleano (Ieeland)
horizons, with low-friction surfaces. often dipping
seaward
10. Collapse of submarine deposits  Low cohesion water-saturated material including Savaii (Samoa)
ball-bearing like horizons, with low-friction surfaces
1. Endo-upwelling Excess pore pressure Johnston Island, Mataiva, Niau lagoon (Mururoa), and
Tikehau Atoll (Tuamotu chain)
12. Karst megaporosity Void spaces and rocks of low mechanical strength Johnston Island., Mid-Pacific Mountains. Mururoa Atoll
13. Fractures Low mechanical strength Johnston Island, Chapman Seamount, Mururoa Atoll,
Horizon Guyot
14. Oversteepening Low cohesion Hawaii, Reunion Island, Canary Islands
15, Overloading High pore pressure Hawaii
Low cohesion
16, Sea level change Stress changes—foundation stress changes in magma Hawaii, Pantelleria, Ieeland
chamber crustal loading unloading
17. Marine erosion Changes in pore pressures turbulence physically Hawaii
disrupting sediments and lavas
18. Climate Mass wasting high on voleano turbulence moving low  Hawaii, Kahe Point, Oahu, Hawaii
Weather—hurricanes cohesion rocks
19. Glacial response Crustal loading Pacific
20. Volcanic activity Physical displacement of low cohesion material Hawaii, Mt. St. Augustine, Ritter Volcano
21, Uplift and subsidence Lithospheric flexure Cross Seamount, Mehatia, Niue
22, Tectonic seismicity Physical displacement of low cohesion material Hawaii, Mururoa
23. Anthropogenic Physical displacement of low cohesion material Mururoa

Table 1.2: Examples of volcanic islands affected by endogenetic (a) and exogenetic-related
(b) failures, with the corresponding main processes and mechanisms involved in the collapse
event (from Keating and McGuire, 2000).

Endogenetic sources of failure are usually predominant in period of magmatic activity
like during the shield-building stage of shield basaltic volcanoes for instance, while
exogenetic sources can cause failure at any time of the evolution of the edifice. The nature
of involved parameters seems to be partly time-related but the classification of Keating and
McGuire (2000) does not take into account this information. Moreover, the fact that factors
are endogenetic or exogenetic does not determine their role in the mechanism of lateral
instability on basaltic volcanoes. As a consequence, we propose another classification of the

factors of flank instability, based on time considerations in the evolution of the edifice. We
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propose to distinguish the factors involved in long-term destabilisation processes from the

ones involved in sudden destabilisation processes.

Long-term destabilizations Sudden destabilizations
Basement of the edifice Magmatic intrusions
Oversteepening Seismic activity
Slopes overloading Variation of edifice pore pressure
Low strength layers Low strength layers
Uplift or subsidence Neoformation of fractures
Environmental factors

Table 1.3: Classification of the main factors involved in long-term destabilizations and sudden
destabilizations (see 1.3.2b for description).

The classification presented in table 1.3 is not an exhaustive list of all the factors that
might have a role in the mechanism of flank instability on basaltic volcanoes. Only the most
important factors are introduced, some of them being involved both in long-term and

sudden destabilization processes.

1.3.2.2- Role of the main factors of instability on basaltic volcanoes

In the following, the influence of some of the main factors involved in lateral

instability affecting basaltic volcanoes is detailed (see table 1.2 for examples).

Factors of long-term destabilization processes

Role of the basement of the edifice

The role of the basement of volcanic edifices in the processes of lateral instability has
been extensively studied in the past decades. Spreading of a volcanic edifice due to the
deformation of a weak basement is a major process involved in the stability/unstability of

volcanic flanks. Borgia (1994) showed that spreading occur at several scales, from
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deformation of the substratum of a small scale edifice to the spreading of oceanic floor in
the case of large shield volcanoes. According to Borgia (1994), the weight of the edifice onto
its substratum and the long-term deformation of intrusive complexes are the main features
involved in volcanic spreading. Experimental studies showed that spreading is controlled by
the geometry and type of substratum and requires the presence of a low viscosity layer
within the substratum (Merle and Borgia, 1996; Van Wyk de Vries and Matela, 1998).
Spreading of a volcano is the consequence of the lateral flowing of the weak basement
under the excess load of the edifice. When spreading is radial, inward-dipping structures
(concentric ridges and thrust belts) are created at the bottom of the edifice, preventing
lateral collapse of a volcanic flank (Merle and Borgia, 1996; Van Wyk de Vries and Borgia,
1996). However, when preferential spreading occurs in one direction (because of buttressing
or the topography of the basement for instance), critical conditions of collapse can develop
with the generation of outward dipping structures prone to favour sectorial instability (Van
Wyk de Vries and Francis, 1997; Van Wyk de Vries et al., 2001). Lateral spreading was
recognised at numerous volcanic edifices. Borgia (1994) established the major role of basal
décollement in the basement spreading at Kilauea volcano. At Etna volcano, the
southeastward movements of the flank of the edifice are partly correlated to the presence
of weak sedimentary material within the basement (Borgia et al, 1992). Most oceanic shield
volcanoes result from the development of a hot spot and lie on a seabed covered by weak
oceanic sediments, easily deformable. Spreading of shield volcanoes associated to magmatic
intrusions along rift-zones could generate lateral failures of the volcanoes as illustrated by
the Hilina slump, which could result from the spreading of the southern flank of Kilauea
volcano along pre-volcanism pelagic sediments (Moore et al., 1994; Morgan and McGovern,
2005a and b). On the basis of seismic investigations and numerical modelling of
deformation, Got et al. (2008) showed that the oceanic crust underlying Big Island could
control the growth of the Mauna Loa and Kilauea volcanoes. Indeed, the combined effects
of the load of large Hawaiian shield volcanoes and the presence of weak material at the
interface between the edifices and the oceanic crust are likely to control the morphology of
hawaiian volcanoes and the occurrence of large destabilizations of their flanks.

At stratovolcanoes like Socompa volcano (Van Wyk de Vries et al., 2001), flank
collapses and associated debris avalanches are interpreted as being the result of the

spreading of the edifice along weak levels of ignimbrites. In some cases, like at Stromboli,
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the direction of some collapses could be an effect of the dip of the substrate (continental
slope) in this direction (Tibaldi et al., 2007). At some other edifices, the direction of failure is
controlled by other factors, like the topography of the underlying surface (Siebert, 1984).
The reactivation of faults within the basement of a volcano is another factor that can
contribute to trigger flank instability of the edifice. Collapse structures generally take place
according to the tectonic framework of the region in a direction normal to the main volcanic
and tectonic lineaments of the edifice (diking and fracturing trends, Tibaldi et al., 2007).
Several authors underlined the influence of basements faults on the geometry of flank
collapse (Merle et al.,, 2001; Tibaldi et al. 2005). Analogue models showed that the
reactivation of a vertical fault below an edifice can generate a flank failure in the direction

normal to the fault (Vidal and Merle, 2000; Merle et al., 2001).

Overloading of the flanks and oversteepening of the slopes

During the growth of basaltic edifices, extrusive activity is responsible for the

accumulation of eruptive products (lava flows, fallout deposits...). Generally, volcanic flanks
are in a state of stress at the equilibrium, the loading stresses due to topography and weight
of the edifice being balanced by the stresses due to frictional forces (McGuire, 1996). The
accumulation of material on the upper part a volcanic flank can increase the loading stresses
and perturb this balance, generating local response (usually deformation) in order to re-
establish the balance. If the amount of deformation created by the added load is sufficient
to reach the failure threshold, part or the whole flank can be affected by lateral collapse.
The slopes of Hawaiian type shield volcanoes usually range from few degrees to 12°
(Rowland and Garbeil, 2000). Some shield edifices, such as Piton de la Fournaise (La
Reunion) and Canarian volcanoes, have peculiar slopes locally reaching 20 to 35°, especially
on their submarine slopes. On stratovolcanoes, like Stromboli volcano, it is more common to
find steep slopes reaching more than 35°. If the slopes of the volcano overcome the internal
angle of friction of the material (of about 30°), the flank is likely to be affected by collapse.
From this point of view, basaltic stratovolcanoes clearly have a greater potential for failure
than shield volcanoes with more gentle slopes.

Volcano flanks submitted to lateral failure are commonly the less buttressed flanks of
the edifices. The lack of lateral constraints favour the effects of slopes overloading and

oversteepening on volcanic flanks free to glide, like the eastern flank of Etna facing the sea.
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Neighbour volcanoes interact by buttressing each other flanks, as in the case of Mauna Loa
and Kilauea in Hawaii, although the load added by the growth of the new edifice triggers
spreading of the underlying flank (Morgan, 2006). At Piton de la Fournaise volcano (La
Reunion Island), the unbuttressed eastern flank is unstable while the western flank remains
stable as it is buttressed by the old Piton des Neiges volcano. Conversely, the presence of Les
Alizés volcano on the southeastern flank of Piton des Neiges volcano likely prevented lateral
destabilization of this latter in this direction. At Stromboli volcano, the northern flank is
buttressed by the eroded Strombolicchio system, while the unbuttressed northwestern
(Sciara del Fuoco) and southeastern (Rina Grande) flanks were recurrently affected by
destabilizations (Romagnoli et al., 2009a and 2009b). The distribution of buttressed areas is
thus one of the parameters that controls the location and geometry of areas prone to

experiment lateral instabilities.

Low strength levels

- Hydrothermal alteration: long-term intense fluid circulations associated with hydrothermal
activity within basaltic edifices, gradually weaken the core of the edifices favouring the
alteration of volcanic material (Day, 1996). Famin and Michon (2010) proposed that
hydrothermal alteration participated to a long-term slow mechanism of ductile deformation
of the northeastern flank of Piton des Neiges volcano (La Reunion island).

- Internal buried faults and mechanical heterogeneities: long-term slipping of volcanic flanks
can occur along buried detachment faults of internal mechanical heterogeneities within
basaltic edifices like weak layers of pyroclastic material, hyaloclastites (Oehler et al., 2004) or
volcaniclastic material (Masson et al., 2002). The superimposition of layers having different
mechanical properties can create the heterogeneous conditions that favour preferential
intrusions of magma along these discontinuities and cause flank deformation, enhancing
collapse events if the threshold of mechanical disturbance of the flank is reached. Weak
layers made of fallout deposits can also be low-strength layers acting as sliding planes along
which large flank movements can occur (Oehler et al, 2005).

- Presence of cumulates within the edifice: Clague and Denlinger (1994) proposed that the
ductile deformation affecting hot cumulates within Kilauea volcano would be a source of
pressure on the southern flank of Kilauea, enhancing instability.

Vertical movements of the edifice
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Uplift or subsidence of edifices under their own weight might perturb the stress
equilibrium within the edifice. Subsidence of a volcanic edifice under its own weight is
responsible for the sagging of the volcano, stabilizing the edifice (Van Wyk de Vries and
Matela, 1998). The presence or absence of lithospheric flexure below hot spot shield
volcanoes has an influence on the stability of the edifice. Conversely, a large landslide of
volcanic flank can have isostatic consequences. Smith and Wessel (2000) estimated that the
giant Nuuanu collapse (Hawaii) generated large lithospheric uplift, up to 100 m, in order to

re-establish stress equilibrium.

Environmental causes of failure

Several basaltic oceanic volcanoes are located in areas submitted to tropical climates
(Hawaii, La Reunion, Canary). A high precipitation rate may increase the chemical alteration
of rocks to clays (as found in the breccia deposits associated to landslide events at Piton des
Neiges volcano, La Reunion island, Famin and Michon, 2010), modify the pore pressure by
water circulation trough rocks and the erosion rate (lverson, 2000).

Sea level changes and marine erosion are other two factors involved in the stability of
volcanic slopes: they participate to the construction and destruction of shore platforms
surrounding the edifices and playing a role in the buttressing of volcanic flanks. A decrease
of sea level fall can act on the state of stress of the edifice, the water pore pressure inside it

and the erosion rates possibly enhancing flank instability (Menard, 1983; lverson, 1995).

Factors of sudden destabilization processes

Influence of magmatic intrusions along rift-zones

Magmatic intrusions occur over long time-spans along preferential directions creating
volcanic rift zones. The formation of the rift zones takes place in the early stages of the
growth of the volcanic edifices (McDonald, 1972; Carracedo, 1996). Two types of rift zones
can be distinguished:

- Deep rift zones whose direction is related to basement and crustal structures

(Walker, 1999), where the magma path to the surface is controlled by the regional

tectonic stress field.
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- Intra-edifice rift zones that form at the periphery of collapse structures due to the
weakening and fracturing of the area surrounding the collapse scar (extensional
stress related to lateral movements facilitates magma intrusion to the surface,

Tibaldi, 2004).

Several field studies carried out on Hawaiian islands (Walker, 1986 and 1987; Zbinden
and Sinton, 1988) reveal the importance of magmatic intrusions in the structure of basaltic
volcanoes as they allow the internal growth of a volcano. The relationship between dike
intrusions and collapse on basaltic volcanoes has been broadly studied and there are
numerous evidence that magma injection can trigger volcano collapse by “mechanical
alteration” of its structure due to accumulation of incremental displacements associated to
repeated intrusions along rift zones (lverson, 1995; Elsworth and Voight, 1995).
Displacements triggered by repeated intrusions of magma increase gradually the slopes of
basaltic volcanoes. The intrusion of magma can be facilitated by lateral spreading of a
volcanic edifice, causing extensional stress in the summit region and the formation of
fractures at his surface as occurred at Kilauea and Etna volcanoes (Clague and Denlinger,
1994; Walter et al., 2005). Cryptodome intrusion is another trigger of lateral instability as
testified by the 1980 collapse at Mount Saint-Helens (Lipman and Mullineaux, 1981;
Donnadieu et al., 2001).

Eruptive activity, coupled with volcano-tectonic seismicity during crisis, is a common
trigger of volcanic landslides. Walter et al. (2005) evidenced a clear interaction between
magmatic events and flank failure during the 2002-03 crisis at Etna volcano. Flanks
movements at Kilauea volcano have been correlated to magmatic activity (Delaney et al.,
1993). At Piton de la Fournaise volcano (La Reunion island), the connection between
magmatic activity and flank deformation during the April 2007 eruptive crisis is clear but has
not been explained yet. Based on the example of the neighbour Piton des Neiges volcano,
some authors suggested that the displacements observed on the eastern flank of the edifice
could be generated by a sill intrusion but this hypothesis has not been tested yet (Famin and
Michon, 2010).

Eruptive activity is also responsible for the overloading of the flanks of the edifice by volcanic

material and the oversteepening of the volcano slopes.
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Seismic activity

Seismic events (in subduction zones or in areas where regional crustal faults are
active, for instance) are powerful triggers of volcano flank instability. Several examples were
reported, where tectonic earthquakes triggered landslides, like in Ecuador (Tibaldi et al.,
1995) or in Hawaii (1975 Kalapana event; Owen and Burgmann, 2006) that enhanced an
incremental collapse of the southern flank of Kilauea volcano. It seems reasonable to
assume that volcanic environments are also prone to experiment failure caused by regional
seismic activity. Tectonic earthquake along a basement fault is prone to trigger lateral
instability on basaltic volcanoes

Some studies showed that volcanic seismicity associated to caldera collapse on
basaltic volcanoes could trigger flank instability: Marti et al. (1997) and Hurlimann et al.
(1999) proposed that the seismic activity related to the formation of Las Canadas caldera on

Tenerife island generated the flank destabilizations of Icod and La Orotava.

Low strength levels

- Hydrothermal alteration: hydrothermal alteration is not only involved in long-term
mechanism of failure but also on sudden ones. In deed, together with slow alteration
processes by hydrothermal fluids, rapid changes in temperature and pore fluid pressures can
generate mechanical conditions under which a rapid failure of a volcanic flank can occur
(Day, 1996). Reid et al. (2001) showed that heating from remote magma intrusion at depth
can generate temporarily elevated pore fluid pressures in the edifice, capable of triggering
flank destabilizations.

- Internal buried faults and heterogeneities: similarly to hydrothermal alteration, buried
faults and internal heterogeneities participate to both processes. Failure are generally
instantaneous phenomena that require rapid movements along pre-existing sliding planes to
explain the extension of the deformation associated with flank movements and the large

distances travelled by debris avalanche.

Edifice pore pressure

Magma pressure, creating a change in the pore pressure of the edifice, is an efficient

mechanism of lateral collapse (lverson, 1995; Elsworth and Day, 1999; Apuani et al, 2005).
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Indeed, an increase in pore pressure reduces the frictional resistance along a sliding plane
encouraging the effect of gravity on the unstable area. Another consequence of magma
intrusion within volcanic edifices is the thermal effects resulting from the hot magmatic
fluids responsible for alteration and weakening of the surrounding rocks, increasing their
potential for failure (Elsworth and Day, 1999). The edifice pore pressure can also be modified
under the effect of sea level changes (lverson, 2000). Gressier (2010) showed that pore fluid
pressure within a volcanic edifice plays a major role in determining the conditions and depth

at which sills can be intruded.

The classification we present here is one possibility. Flank deformation and instability
on basaltic volcanoes results of the combined effects of several of these factors, whose
relative importance is difficult to evaluate (Mitchell et al., 2002). It explains in part why the

mechanisms of flank failure on volcanic edifices remain only partially understood.
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Chapter 2

Comparative study of two end-member basaltic
systems: La Reunion Island and Stromboli Island.

Basaltic magmatism is found in all tectonic settings and the related volcanic
edifices can have a wide range of morphologies and structures (see chapter 1), so
that each type of volcano has its own characteristics. Here, the large-scale shield
edifice of La Reunion is compared to the small-scale stratovolcano of Stromboli.

This chapter is divided into several sections: 1- Geological context of the
studied areas, in order to characterize the main geodynamic and tectonic features of
the two systems (part 2.1); 2- Evolution of La Reunion and Stromboli volcanoes (part
2.2); 3- Morpho-structural comparison of the two edifices is then carried out (part
2.3) in order to point out the main similarities and differences that may account in
the understanding of the evolution of each area, and finally, 4- Summary giving a
synthetic comparison of main features of both edifices and of factors involved in
lateral instability for each of them (part 2.4).

This chapter aims at bringing preliminary answers to the following questions:
1- What is the influence of the morphology (nature, volume, slopes, structural
features) and the geodynamic context of the volcanic edifices on the mechanisms
that control their evolution? 2- Which are the main processes (among those
discussed in Chapter 1) involved in the evolution of La Reunion and Stromboli, with
particular regards to flank destabilizations? 3-Do all basaltic volcanoes experiment a

similar evolution, whatever their geometries and environments of formation?
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2.1- Geological settings of the studied areas

This section introduces the main geodynamic and tectonic features of the
areas of La Reunion and Stromboli, together with some insights on the crustal

seismicity occuring in the areas.

2.1.1- Aeolian islands

The Aeolian Islands form a 150-km-long volcanic structure, the Aeolian
Volcanic System (AVS), made of several active (Stromboli, Vulcano), recently active
(Lipari, Panarea, Salina) or extinct (Alicudi, Filicudi) volcanoes (Fig. 2.1). The AVS lies
on a 15-25-km-thick continental crust, between the southern Tyrrhenian Sea back-
arc basin and the Calabrian arc, in a subduction context displaying an unusual
tectonic complexity (Fig. 2.1) and encompassing active volcanism (Etna, Aeolian
islands) and seismic activity (Goes et al., 2004). The Aeolian volcanism is the current
manifestation of volcanic activity started during the Pliocene in the central sector of
the Tyrrhenian Sea (de Astis et al., 2003). Many authors interpreted the existence of
a volcanic arc as related to the active subduction of the lonian lithosphere beneath
the Calabrian Arc (Barberi et al., 1974; Ferrari and Manetti, 1993; Fig. 2.1). However,
according to some others, the subduction process would have stopped about 1 Myrs
ago and volcanism would be the consequence of post-subduction extension (Milano

et al., 1994; Carminati et al., 1998).
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Figure 2.1: Geodynamic settings of the Aeolian Volcanic System located in the
southern Tyrrhenian back-arc basin formed by the subduction of the lonian

microplate below the Calabrian arc (de Astis et al., 2003; Goes et al., 2004).

The regional structural setting of the AVS shows a complex stress field and a strong
fragmentation (figure 2.2a). The Tindari-Letojanni lineament is a regional NNW-SSE
trending lithospheric fault system displaying strike-slip movements (De Astis et al.,
2003). The Aeolian archipelago can be divided into 3 parts: 1- a western part with
extinct volcanism (Alicudi and Filicudi) controlled by the Sisifo-Alicudi fault system
(Fig. 2.2a; Bortoluzzi et al., 2010), striking WNW-ESE (Manetti et al., 1989). 2- a

central part characterized by historically active (Lipari and Vulcano) or recently active
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(Salina) volcanic centers aligned along the Tindari-Letojanni fault system, and 3- an
eastern branch with Panarea (where post-magmatic exhalative activity occurred also
in 2002) and the persistently active Stromboli volcano likely controlled by a NE-SW
oriented regional lineament, made of normal faults (Tibaldi, 2001; DeAstis et al.,

2003).
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Figure 2.2: a- Sketch of the three main structural lineaments affecting the Aeolian
Volcanic System; b- Distribution of crustal seismicity in the southern Tyrrhenian Sea
for the period 1981-1996. The depth of the hypocenters of the earthquakes, main
tectonic lineaments and the nature of the movements are indicated (modified from
the USGS International Earthquake Information Center and De Astis et al., 2003,
respectively).
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The intense shallow crustal seismicity of the southeastern Tyrrhenian Sea proves
that most faults are still active today (Jenny et al., 2006). Two different domains are
identified from the distribution of the seismicity (Anderson and Jackson, 1987;
DeAstis et al., 2003; Fig. 2.2b). The eastern domain is limited in the south and the
east by the Calabrian arc and in the west by the Tindari-Letojanni fault. This area
shows a low level of shallow crustal seismicity compared to the rest of the AVS
(Falsaperla et al., 1999), probably due to the uprising of the isotherms located
below, causing a mechanical strength weakening at crustal depth and preventing the
storage of large stress in the crust (De Astis et al.,, 2003). In this sector, the
earthquake focal mechanisms of the intermediate to deep events indicate an
extensional regime which agrees with the development of normal faults in the crust
(Fig. 2.2b). The focal mechanisms of low-magnitude tectonic earthquakes (Falsaperla
et al., 1999) show in fact that both Panarea and Stromboli are affected by NW-SE
extension, with major regional normal faults oriented NE-SW (de Astis et al., 2003;
Fig. 2.2a). This extension is related to the rapidly extending Marsili oceanic basin at
the north of the AVS and the southeastward migration of the Calabrian arc (DeAstis
et al., 2003; Goes et al., 2004; Jenny et al., 2006). According to Gvirtzman and Nur
(1999 and 2001) and Faccenna et al (2011), the whole area is likely affected by
regional uplift, due to the rebound of the upper plate in the subduction zone causing
mantle upwelling.

The western-central sector shows a shallow level of seismic activity, located in the
upper 20 km of the crust. The earthquakes are mostly gathered along the Sisifo-
Alicudi and Tindari-Letojanni fault systems, with prevalent reverse movements in the
western sector and strike-slip movements in the central part. The western sector is
not affected by intermediate and deep seismicity (Fig. 2.2b).

The Tindari-Letojanni fault system thus clearly separates two completely different
tectonic domains, with distinct volcanic and seismogenic characteristics (Falsaperla
et al., 1999): the eastern sector, characterised by active volcanism and intermediate
and deep seismicity, can continue its expansion towards the SSE, while the western
sector, with an extinct to recent volcanism, remains “blocked” (Falsaperla et al.,

1999).
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The complexity of the geodynamic and tectonic framework, the diversity of
seismic activity and the magmatic characteristics described above make the Aeolian
Volcanic System a complex subduction-related volcanic arc (De Astis et al., 2003).
The different structural organization of various sectors of the archipelago have a
major influence on the magmatic plumbing systems and is reflected by the different

growth and evolution of the Aeolian volcanoes.

2.1.2- La Reunion Island

La Reunion is a 5 My-old shield volcano located east of Madagascar, in the
eastern part of the Mascarene Basin, Indian Ocean (Gillot et al., 1994; Fig. 2.3b). Its
formation could be the most recent manifestation of a hotspot activity initiated
about 67 million years ago with the eruption of the Deccan Trapps (Courtillot et al.,

1986; Duncan et al., 1989, Fig. 2.3a).
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Figure 2.3: Geodynamic settings of La Reunion Island hotspot volcanic system (a,
from Mahoney et al., 2002) inside the Mascarene basin (b).
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La Reunion rises on a Paleocene oceanic crust, surrounded by an oceanic paleoridge
oriented NW-SE in the south, and two transform faults at the NW and SE (the
Mahanoro-Wilshaw and Mauritius faults, respectively, Fig. 2.4 and 2.5) and few

isolated seamounts are present W-SW of the island.
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Figure 2.4: Main tectonic structures (transform faults) around La Reunion Island
(from Schlich et al., 1990) and associated paleomagnetic patterns. MWFS =
Mahanoro-Wilshaw fault system; MFS = Mauritius fault system.

In the vicinity of La Reunion, the transform faults form linear relieves oriented N 30-
40°, parallel to the main structures of the Mascarene basin (Schlich et al., 1990;
Oehler, 2005, Fig. 2.5). These faults systems are the natural boundaries of the
volcanic system of La Reunion (Lénat et al., 2009; Fig. 2.4). The second main
orientation is represented by the magnetic anomalies of the oceanic crust which
trend in the N120-130° direction (Fig. 2.4). Secondary several minor faults are
oriented N 55-60° and N 70-80°(Schlich et al., 1990; Fretzdorff et al., 1998; Lénat et
al., 2001).
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Figure 2.5: Bathymetry of the edifice of La Reunion and the surrounding oceanic floor
(coordinates in UTM WGS 84). Data from the FOREVER and ERODER oceanographic
campaigns.

Although a few earthquakes are recorded below the flanks of La Reunion and in the
surrounding area (until about 100 km away from the island but they cannot be
precisely located with the current seismic network of the Piton de la Fournaise
volcano observatory), the level of crustal tectonic activity is considered very low in
the vicinity of the island, meaning that the normal faults formed during oceanic
accretion below the island and the main transform faults surrounding La Reunion are

now probably inactive.
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Data from seismic reflection revealed some interesting information about the
crustal structure of La Reunion volcanic system: unlike Hawaii, Tenerife and Capo
Verde, La Reunion island is not affected by crustal flexure due to the weight of the
edifice (de Voogd et al., 1999; Gallart et al., 1999; Fig. 2.6). Michon et al. (2007a)
proposed that the absence of flexure at La Reunion would be the consequence of
the combined effects of 1- a thermal lithosperic erosion favoured by the small
amount of displacement of the island relative to the hotspot (Charvis et al., 1999)
and 2- magmatic underplating as testified by geophysical data (Charvis et al., 1999;
Gallart et al., 1999; Fig. 2.6). Driad (1997) identified a layer of high seismic velocities
that could correspond to magmatic under-plating below the edifice (Fig. 2.6). The
existence of a low velocity zone evidences that the island lies on a sedimentary cover

at the transition between the crust and the volcanic edifice.
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Figure 2.6: Seismic reflexion data showing the absence of crustal flexure below the
edifice of La Reunion (Gallart et al, 1999).

2.1.3- Summary of main geologic characteristics of the studied volcanic
systems

The settings of the two areas underline that La Reunion and Stromboli are
end-member basaltic islands, located in very different geodynamic contexts
(tectonically active or not). The major crustal structures controlled the growth of

both volcanic edifices (Tibaldi et al., 2007; Michon et al., 2007a). They still play a role
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in the evolution of Stromboli volcano but no longer have direct influence at La

Reunion.
Stromboli La Reunion
Geodynamic context subduction-related volcanism hotspot volcanism
Nature of crust 15 to 25 km-thick continental crust few km-thick oceanic crust
Regional .tectonlc NW-SE extension inactive Mascarene basin
setting
N 30-40° and N 120-130° tal
Main fault trends NE-SW fault system an crusta
faults
N 55-60° and N 70-80° tal
Secondary faults NW-SE second-order structures an crusta
structures
normal faults below the island +
Nature of faults mostly normal NE-striking faults

transform zones in the vicinity

mostly intermediate and deep

. very low crustal seismicit
earthquakes along main fault system y ¥

Crustal seismicity

Age 110 kyrs (subaerial parts) 5 Myrs

Table 2.1: Summary of the main tectonic and geologic characteristics of Stromboli
and La Reunion.

2.2- Evolution of Stromboli and La Reunion volcanoes (Piton
des Neiges/Piton de la Fournaise).

This section aims at summarizing and comparing the main evolution stages of
the volcanic systems of La Reunion and Stromboli, and tries to determine what is the
influence of the geological framework and morpho-structural setting of these
volcanic edifices on their evolution. Do similar structures and morphology lead to

similar evolution? Do different geodynamics imply different evolution?

2.2.1- Evolution of Stromboli volcanic system

Together with the eroded Strombolicchio eruptive centre and some minor
(eccentric) submerged vents, the composite volcano of Stromboli forms an 18 km
long, a roughly NE-trending volcanic structure (Fig. 2.7). The lava neck of

Strombolicchio is the remnant of a mostly eroded volcano, with an age of 204+25 ka
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(Gillot and Keller, 1993) and a calc-alkaline basaltic-andesite composition. Rocks
cropping out in the subaerial part of Stromboli have ages between 100 ka and the
present days (Gillot and Keller, 1993) and were emplaced by effusive and explosive
activity. Nowadays the volcano is in a persistent (Strombolian) explosive activity,
with less frequent paroxysmal explosions and lava effusions (Rosi et al., 2000).
Stromboli lies on a 15-to-25-km thick continental crust (De Astis, 2003) of the
Sicilian-Calabrian slope, that forms the basement of the edifice (Boccaletti et al.,

1984).

Aerial photography

Sciara del
Fuoco

Stromboli

Figure 2.7 : a- Aerial view of the Island of Stromboli and the Strombolicchio neck ; b-
Digital Elevation Model of the volcanic system of Stromboli (Stromboli +
Strombolicchio).

A succession of collapse events has been reconstructed in the subaerial evolution of
Stromboli (Tab. 2.2). The older (< 85 kyrs) history of the volcano is characterised by
the occurrence of mainly vertical caldera collapses (Pasquare et al., 1993; Tibaldi et
al.,, 1994) whereas in the recent stages recurrent lateral collapses affected the
northwestern flank of the island. Here, in particular, 4 major co-axial collapses were
identifed for the last 13 kyrs, on the basis of field studies (Tibaldi, 2001, Fig. 2.8); the
related deposits have been identified offshore (Romagnoli et al., 2009b; Fig. 2.9).
The last lateral collapse formed the Sciara del Fuoco depression about 5000 years

ago (Pasquareé et al., 1993; Kokelaar and Romagnoli, 1995; Tibaldi, 2001). Tibaldi et
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al. (1994) estimated the collapse recurrence periods at 21 ky in the oldest stage and

4 ka in the youngest stage.
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Table 2.2: Synthetic table summarising the volcanological evolution of Stromboli and

related petrochemical characteristics. The succession of collapse events is also

indicated (from Gillot and Keller, 1993; Pasquaré et al., 1993; Tibaldi et al., 1994;

Tibaldi 2001 and 2003; Romagnoli et al., 2009a; see appendix 2 for the geological

map of the island).
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Figure 2.8: Morpho-structural evolution of Stromboli volcano in the last 13 ka, with the 4

major lateral collapses with affected its northwestern flank and created the Sciara del Fuoco

feature (SdF). Numbers and colors of different events correspond to that of table 2.2.
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Recently, the existence of major collapse scars in the Rina Grande area, on the
eastern flank of the island, has been claimed from geophysical techniques and submarine
data (Finizola et al., 2002 and 2003; Romagnoli et al., 2009a). The recognition of debris
avalanche deposits on the eastern submarine flank of the island (Romagnoli et al., 2009a)
suggested that repeated lateral collapses might have affected also this flank of the island
(Fig. 2.9) and pointed out a structurally-controlled, bilateral flank instability of the volcanic
edifice. The shifting of the main sliding direction from the eastern flank (where only
shallower and smaller-scale landslides occurred in subsequent times) to the northwestern

one, was accompanied by the migration of the eruptive activity on the island.
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Figure 2.9: Submarine deposits associated to mass-wasting event affecting the northwestern
and southeastern flanks of Stromboli volcano (from Romagnoli, in press, modified).

2.2.2- Evolution of La Reunion

La Reunion develops on a complex oceanic plate (Lénat et al., in press), whose
structures play a major role in the volcano-tectonic evolution of the edifice (Michon et al.,
2007a). It is a complex volcanic edifice made of 3 coalescent volcanic systems (see appendix
1 for the geological map). The subaerial part of the edifice is made of the Piton des Neiges
and Piton de la Fournaise volcanoes, under which lies the hypovolcanic complex of Les Alizés

volcano, nowadays totally dismantled (Fig. 2.10).
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active cone of Piton de la
Summit of Piton des Fournaise volcano (2632 m)
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(3071 m)
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Figure 2.10: The subaerial part of La Reunion volcanic edifice, with the three volcanic
systems : the dormant Piton des Neiges volcano, the active Piton de la Fournaise volcano and
the dismantled Les Alizés volcano.

The hypocomplexes of Piton des Neiges and Les Alizés are clearly identifiable on the Bouger
anomaly map of La Reunion (Fig. 2.11), while no internal body seems to be associated with

Piton de la Fournaise volcano.
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Piton des Fournaise Les Alizés

7670 |

7660 ¢

Piton de!ah_ §
¢+ Fournaise="

latitude (km, utm WG584)

320000 330000 340000 350000 360000 370000 380000

TE40

longitude (km, utm WGS84)

Figure 2.11: Map of gravity Bouger anomalies (a) and corresponding cross-section (b) (From
Levieux, 2004; Malengreau et al., 1999).
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The main growth and evolutionary stages of these three volcanoes are hereafter

summarized:

Piton des Neiges volcano

The early formations of Piton des Neiges volcano were dated at 2.1 Ma (McDougall,
1971) and the last eruptive products at 12 ky (Deniel et al., 1992). Based on the lithologies
and stratigraphical units, 4 phases are distinguished in its evolution (Upton and Wadsworth,

1965 and 1972; Billard and Vincent, 1974, Fig. 2.12):

Phase | (pre 2.1 Myrs): submarine construction of the lava shield by superimposotion

of picritic lava flows

- Phase Il (2.1 - 0.43 Myrs) : intense growth of the volcano which emerges (Chevallier,
1979).

- Phase Il (0.35 — 0.23 Myrs) : the activity restarts after a period of quiescence of 0.08
Myrs. Emissions of differenciated basalts represent 10 % of the volume of the massif
(Gillot and Nativel, 1982).

- Phase IV (0.23 — 0.012 Myrs) : this is the last stage of the evolution of the volcano,

made of several explosive phases whose products represent a low volume of the

current edifice.
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Figure 2.12: Synthetical geological map and geological history of Piton des Neiges and Piton
de la Fournaise volcano (Kluska, 1997 and Welsch, 2010, see also appendix 1).
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Piton des Neiges was affected by 3 major phases of destruction made of recurrent sectorial
destabilizations of the northwestern, southern and northeastern flanks of the edifice, giving
birth to the cirque of Mafate (> 1 Myrs), Cilaos (1 - 0.45 Myrs) and Salazie (0.6 — 0.43 Myrs)
respectively (Kluska, 1997; Oehler, 2005; Fig. 2.10). Some debris-avalanche deposits were
correlated to these events, both inland (Bret et al., 2003) and offshore, on the submarine

flanks of the island (Oehler et al., 2008; see section 2.3.2.2).

Les Alizés volcano

The existence of Les Alizés volcano was recently discovered, thanks to magnetic and
gravimetrical measurements and a drilling campaign carried out in 1986 in the Grand-Brulé
(Rancon et al., 1989), which evidenced the presence of a dense magmatic body (made of
gabbro and dunites) below the eastern flank of Piton de la Fournaise volcano. Recent datings
at 3.3 Myrs by Smietana et al. (2010, appendix 6) on a submarine sample show that Les
Alizés volcano emitted the oldest products identified on La Reunion. Its activity was partly
contemporaneous with the activity of Piton des Neiges volcano until 0.5 Myrs, when the
activity ceased because of the construction of Piton de la Fournaise west of Les Alizés
volcano (Fig. 2.10). Products of its dismantling are found on the submarine slope of Piton de

la Fournaise (Fig. 2.13).

Piton de la Fournaise volcano

The massif of Piton de la Fournaise lies on the eastern part of La Reunion Island (Fig.
2.10 and 2.13). It has been active since 530 ky ago (Gillot et al., 1990) and the construction
of the edifice occurred in two stages, called the «old shield building phase » and the

« recent shield building phase » (Fig. 2.14).
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Figure 2.13: DEM and main features of the subaerial part of Piton de la Fournaise volcano (La
Reunion).
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Figure 2.14: Synthetic geological history of Piton de la Fournaise volcano, with the main
collapse events affecting the edifice.
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The volcano experimented at least 4 main stages of collapse (Gillot et al., 1994; Merle et al.,
2010, Figs. 2.14 and 2.15), which were responsible for the shifting of the eruptive center

towards the east.
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Figure 2.15: a- DEM of the southeastern part of La Reunion Island showing the 4 main
collapse scars that crosscut the Piton de la Fournaise volcano; b- Simplified cross-section of
the 4 collapse structures: RR = Riviere des Remparts, ML = Morne Langevin, PS = Plaine des
Sables, EF = Enclos Fouqué (Merle et al., 2010).

The essential (96 %) of the current volcanic activity takes place within the Enclos
Fouqué « caldera » (Villeneuve and Bachelery, 2006, Fig. 2.16), whose origin is still a matter
of debate (Michon and Saint-Ange, 2008). The eruptions of Piton de la Fournaise volcano are
summital (as they occur within or at the periphery of summit craters Bory and Dolomieu,

Fig. 2.13), lateral (if they occur on the flanks of the edifice) or distal (Peltier et al., 2007).
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Figure 2.16: Post-1981 eruptions at Piton de la Fournaise volcano and associated lava flows
(Servadio et al., 2008, appendix 8)

Together with lateral collapse, Piton de la Fournaise volcano is also affected by summit
caldera collapses, like the one of April 2007; the study of this summit caldera collapse at
Piton de la Fournaise is integrated to this study through an article to which the author of this

thesis cooperated (Michon et al., 2009b, appendix 9).

2.3- Morpho-structural comparison

Differences in the geodynamics and tectonic activity of the studied areas commonly
imply differences on the morphology and structure of the related volcanic edifices (Russo et
al., 1996; Van Wyk de Vries et al., 1996; Merle et al., 2006; Michon et al., 2007a; Oehler et

al.,, 2007) and on their evolution. In this section, a comparison of main morphological and
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structural characteristics is made, in order to point out differences and similarities between
La Reunion and Stromboli volcanoes. Before this, some indications are given on the nature

and size of both volcanic edifices, enhancing the different scale of the two systems.

2.3.1- Nature and volumes of the volcanic edifices

As indicated in the previous section, both Stromboli and La Reunion are made of
several coalesced eruptive centers (Fig. 2.7 and 2.10). The construction of both edifices is the

result of interactions between the different volcanoes over time.

Stromboli Island is a polygenetic stratovolcano (the subaerial part is younger than
110 ky), rising up to 3 km above the seabed, with a maximum altitude of 924 m at the
summit. The volcano is bounded by the Stromboli Canyon to the east and to the north. To
the SW, a saddle connects Stromboli with nearby Panarea volcano. The submarine extension
of the volcanic edifice can be described as symmetrical pattern with respect to a NE-SW axis.
The most prominent feature of the NE flank is Strombolicchio Canyon, a major, flat-
bottomed, N65°E oriented erosional feature (Fig. 2.17). Calculations made from the 10 m
DEM of Stromboli, assuming that the basis of the edifice is located at a depth of -2200 m,
give an approximate volume of the whole edifice of 334.8 km>. Bosman et al. (2009)
proposed that the subaerial portion of Stromboli edifice represented 2 % of the whole
edifice. We re-estimated this volume at 1.13 % of the volume of the whole edifice. The
volcanic edifice of La Reunion, is a flattened cone with a diameter of about 200 km and a
height around 7000 m (Fig. 2.17b). Calculations on the new DEM of La Reunion edifice
(obtained from oceanographic campaigns FOREVER and ERODER) give a total volume of
about 51500 km®. The subaerial part of the island estimated to 3% by de Voogd (1999) has
been reappraised to 4.2% from the new bathymetry.
Nevertheless, the two edifices are absolutely not comparable in terms of volume.
Calculations made on the basis of the DEMs of the two areas show that Stromboli represents
approximately 0.7 % of the volume of La Reunion. This fact has to be taken into account

when comparing the two systems.
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Figure 2.17: DEM of La Reunion (b) and Stromboli islands (a): both volcanic edifices are made
of several coalesced eruptive centers. Data of the submarine and subaerial parts of Stromboli
island from Bosman et al., 2009; Topography and bathymetry data of La Reunion island from
the Institut Géographique National and from the FOREVER and ERODER missions; DEM of

Stromboli from University of Roma and University of Bologna.

45



2.3.2- Morphological and structural features

The morphology of volcanic flanks is permanently modelled by volcanic
constructional processes, landslides, erosional and sedimentary processes or tectonic
movements. In volcanic edifices like La Reunion island (Lénat and Labazuy, 1990; Labazuy,
1996; Oehler 2005; Oehler et al., 2004 and 2007), Hawaii (Lonsdale, 1989) and most oceanic
volcanoes, the growth of submarine portions is driven by the rate of intrusion within
riftzones (see part 2.3.3) and the provision of sediments by lateral collapses. This latter
phenomenon can affect the submarine flanks of a volcano contributing to its morphological
evolution, as erosion processes do by creating canyons, gullies, etc.... The comparison of the
submarine flanks of Hawaiian and Canary islands carried out by Mitchell et al. (2002)
revealed that although both systems present similar characteristics, some major differences
occur. These authors showed that the flanks of these islands are covered with debris
avalanche deposits, associated with volcanic features and structures related to vertical
movements of the islands. However, a detailled analysis reveals major differences in the
nature of the deposits, the geometry of the volcanic features and the amplitude of vertical
movements. Mitchell et al. (2002) suggested that these differences could be partly related to
the age of the systems, their different geometries (slopes) and the different magma supply
rate between Canary and Hawaiian islands, emphasizing the role of a range of factors on the

morphology of basaltic edifices.

2.3.2.1- Morphology of the flanks of Stromboli and La Reunion edifices

Topographic profiles have been drawn across La Reunion and Stromboli (Fig. 2.18).
Apart from the obvious discrepancy in the size of the edifice, the profiles also show that the
slopes differ from an edifice to the other (Fig. 2.18, 2.19 and 2.20). La Reunion and
Stromboli edifices are elliptical in shape. Slope profiles, as shown by Fig. 2.18 are not
symmetrical. The NE-SW profile of La Reunion (red line on Fig. 2.18) is a section of the area
located at the transition between the lower slopes of Piton des Neiges and Piton de la
Fournaise volcanoes. Due to its position, this area is less affected by constructional and
destructional processes that affect the other parts of the edifice, as the volcanic flanks
themselves, and is gentler. The NW-SE profile of La Reunion (blue line on Fig. 2.18) is a

central transverse section of the two edifices of Piton des Neiges and Piton de la Fournaise,
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through areas submitted to volcanic construction and destruction by landslides and
erosional processes. On the submarine part, the slopes of the submarine SE and NE flanks
have very similar geometries, with a steep slope close to sea level that tends to decrease
slowly with depth. On the contrary, the submarine NW and SW flanks exhibit different
morphologies. The SW submarine flank has steeper slopes than the NW flank of La Reunion
edifice. Similarly, the two profiles of Stromboli island show some similarities but also some
major differences. The NW-SE profile exhibit general steeper slopes than the SW-NE profile,
and no major slope break occur on the flanks of the edifice along a NW-SE oriented section.
This orientation corresponds to the direction of main flank collapse events affecting
Stromboli. On the contrary, the SW-NE section shows a slight slope break on the
southwestern flank and an important slope break on the northeastern flank, not affected by

collapse events.
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Figure 2.18: Topographic profiles across the edifices of La Reunion (NW-SE and NE-SW
sections) and Stromboli (NW-SE section). No vertical exaggeration on the upper profiles and
x3 vertical exaggeration on the lower profiles.

47



At Stromboli, the “buttressed” flanks are represented by the NE and SW flanks where earlier
volcanic products (presently cutted by insular shelves down to about -120/-150 m) are
present, particularly on the NE flank, due to the presence of Strombolicchio vent (Romagnoli
et al., 2009a; Casalbore et al., 2010, Fig. 2.19a). These flanks show high gradients of their
upper slopes (> 30°) and are marked by slope breaks. On the contrary, the unbuttressed NW
and SE flanks show a continuous concave upwards profile, with a gradual (quasi exponential)
lowering in the slope (Fig. 2.19a). Their remarkably-similar overall geometry is due to the

similar structural, volcanic and depositional setting (Romagnoli et al., 2009a).
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Figure 2.19: Topographic-bathymetric sections of submarine flanks of Stromboli (from
Romagnoli et al., 2009a) and Piton de la Fournaise. Figures a and b are at the same scale.
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At Piton de la Fournaise volcano, apart from the steep subaerial slopes, the unstable
submarine flank (corresponding to the Enclos Grand Brulé structure) shows a gentler slope
than the stable flanks (Fig. 2.19), probably due to the accumulation of mass wasting deposits
(Oehler, 2005). However, the eastern profile shows that the unstable flank morphology is
not as simple as in the case of Stromboli, as its shape does not follow a simple concave curve
(dotted line in Fig. 2.19b), probably due to the occurrence of constructional processes. The
stable flanks, corresponding to the submarine extension of the rift zones (see section 2.3.3),
show very similar slope patterns as they likely experimented comparable growth rate and

erosional processes.

The comparison of the profile of Stromboli Island (black line on Fig. 2.18) and the NW-SE
profile of La Reunion indicate that the NW and SE flanks of Stromboli are steeper (both the
subaerial and submarine parts) than the NW and SE flanks of La Reunion, even though the
subaerial SE flanks have close morphologies. Stromboli volcano is marked by very steep
slopes, reaching more than 35° on the major part of the island, both on subaerial and
sumarine portions of the edifice. These are common slope values for a stratovolcano. On the
contrary, La Reunion Island exhibits, on the whole, less steep slopes of about 10 to 15° (more
typical of a basaltic shield volcano) with locally steeper slopes reaching around 25° (Fig.
2.20). On the submarine portion of La Reunion edifice, few structures, located close to the
coast at the N and SW of Piton des Neiges volcano and at the NE and SE of Piton de la
Fournaise volcano, show steeper slopes than the rest of the submarine edifice where slopes
range between 5 and 15°. In both cases, extremely steeper slopes (> 45°) are reached in the
areas where the volcanic edifices are cut by main collapse structures or erosive features.
Lower slopes in shallow water sectors are due the presence of coastal shelves around the
islands, reflecting the long-term competition between constructive and destructive

processes during the growth and evolution of insular volcanoes (Menard, 1983).
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of La Reunion and Stromboli.
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2.3.2.2- Collapse scars and related deposits

In this section, peculiar features such as collapse scars and the characteristics of
related deposits are described for both Stromboli and La Reunion. Stromboli and La Reunion
are deeply marked by several collapse scars affecting the flanks of the edifices: the Sciara del
Fuoco (northwestward) and Rina Grande (southeastward) scars for Stromboli and the Enclos-

Grand-Brule collapse structure at Piton de la Fournaise volcano (Fig. 2.21).
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Figure 2.21: main collapse structures identified on the subaerial part of Stromboli and La
Reunion. EGBS = Enclos Grand Brule Structure.

Although these structures look similar from a geometrical point of view, at La Reunion and
Stromboli, they actually have a totally different origin. If it is clear that the Sciara del Fuoco
and Rina Grande scars correspond to the upper limits of lateral flank collapses that occurred

along the northwestern and southeastern flanks of Stromboli volcano, the origin of the
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Enclos-Grand Brulé Structure at Piton de la Fournaise is still controversial. Several successive
models have been proposed in order to explain the formation of this U-shaped structure at

Piton de la fournaise volcano (Fig. 2.22).
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Figure 2.22 : Schematic views and cross sections of the successive models proposed for the
formation of the Enclos-Grand Brulé Structure. See text for description (a from Bachelery,
1981 ; b from Labazuy, 1996 and Oehler et al., 2004 ; ¢ from Merle and Lénat, 2003 ; d from
Michon and Saint-Ange, 2008).
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As shown by Figure 2.22, the formation of the Enclos-Grand Brulé structure (EGBS) is still a
matter of debate. Some authors interpreted the Enclos depression as the result of repeated
caldera collapses. In this case, the Grandes Pentes would be the head of a lateral landslide
(Bachelery, 1981, Fig. 2.22a). Another interpretation is that the entire EGBS results from a
giant landslide that was also partly responsible for the debris avalanche deposits on the
submarine flanks (Duffield et al., 1982; Gillot et al., 1994; Labazuy, 1996) (Fig. 2.22b). Merle
and Lénat (2003) propose a third interpretation: the formation of the EGBS would be the
combination of lateral movements of the Grand Brulé along a basal decollement plane (at
the interface between the hypocomplex of Les Alizés volcano and the base of Piton de la
Fournaise volcano) that triggered a vertical collapse of the upper part of the EGBS by

spreading of the hydrothermal system (Fig. 2.22c).

Michon and Saint-Ange (2008) proposed a different model of formation of the EGBS (Fig.
2.22d). The continuity of the geological and morphological structures between the Enclos
and the Grand Brulé escarpments suggests that this structure was not caused by one or
several landslides as it is usually proposed (models a and b on Fig. 2.22) but is due to a
mainly vertical collapse. The authors proposed that the collapse of the Grand Brulé, the
lower half of the EGBS, was due to the downward drag related to the dense intrusive
complex of the Alizés volcano, which is located 1 km below the Grand Brulé. In their model,
the collapse of the Enclos is interpreted as the consequence of the deformation of the
hydrothermal system of the pre-Enclos volcano (in this sense, this last model is close to the

model c).

At Piton des Neiges volcano, the formation of the 3 sub-circular depressions
(«Cirques») of Mafate, Cilaos and Salazie is probably also related to large lateral collapse
episodes (Fig. 2.23). Oehler (2005) on the basis of structural features and age constraints
proposed that these depressions correspond to the remnants of headwalls of major lateral
destabilizations that affected Piton des Neiges volcano. These scars were possibly
reactivated later by caldera collapse events, gravitational spreading or subsidence of the
hypovolcanic complex of Piton des Neiges volcano. They were also strongly affected by

erosion that degraded their original geometry.
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Figure 2.23: Relationship between headwalls of major flank destabilizations, walls of the
« cirques » of Piton des Neiges volcano, La Reunion Island (modified from Oehler, 2005).

Collapse scars were identified both on the subaerial and submarine parts of Stromboli
edifice (Fig. 2.24), while the submarine continuation of the Enclos-Grand Brulé Structure is

not really clear on bathymetrical data (Lénat et al., 1989).

Figure 2.24: Submarine continuation of
lateral collapse scars at Stromboli (a-
SdF = Sciara del Fuoco, b- Rina Grande,
Romagnoli et al., 2009 a and 2009b).
White dotted lines show the lateral
limits of the deposits associated with
lateral collapse towards Northwest at
Stromboli.
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Debris-avalanche deposits are associated to lateral collapses. The lower submarine
flanks of volcanic edifices are commonly covered by a volcaniclastic apron, the architecture
of which is controlled by a number of factors. In particular, the common occurrence of flank
instability along volcanic slopes gives rise to different types of mass-wasting deposits (from
debris-avalanche deposits to volcaniclastic turbidites) on the nearby seabed, greatly
contributing to the growth offshore of an insular volcaniclastic apron. The surface of the
volcaniclastic apron surrounding Stromboli volcano, for instance, is covered by debris and
volcaniclastic sediments for about 90% of its extension (Casalbore et al., 2010, Fig. 2.25).
Both at Stromboli and La Reunion, widespread mass-wasting deposits have been recognized
using geophysical techniques (Romagnoli et al., 2009a and 2009b; Oehler et al., 2008 ; Fig.
2.25).
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Figure 2.25: Main features of the northern submarine portion of Stromboli volcano, with the
débris avalanche deposits associated to the recurrent collapses of the northwestern flank of
the edifice (Romagnoli et al., 2009a).

At La Reunion, the volcaniclastic deposits form four main submarine bulges (Fig. 2.26a),
whose geometry is described in table 2.3. These sedimentary bodies are mostly made of
superimposed debris avalanche deposits presenting hummocky morphologies with variable

amount of blocks of various size (Fig. 2.26b).
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Figure 2.26: (a) The four main submarine bulges surrounding La Reunion Island (from Oehler,
2005) and (b) the corresponding débris avalanche deposits units identified by Oehler (2005).
The limits of the bulges are just an indication to facilitate the understanding, they do not
precisely refer to the limits defined by Oehler, 2005.
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Eastern Northern Western Southern
submarine bulge submarine bulge submarine bluge submarine bulge
North/ Northwestern/ Southwestern/
. Eastern slopes of
location PdE volcano northeastern flanks | western flanks of southern flanks of
of PdN volcano PdN volcano PdN volcano
longitudinal
extension 60 70 60 55-70
(km)
max depth -4000 -4000 -4000 -4000
(m)
covered area 4000 4000 4300 3600
(km2)

Table 2.3: Geometrical characteristics of the four submarine bulges surrounding La Reunion
Island (from Oehler, 2005).

The formation of these bulges would be the result of accumulation of volcaniclastic deposits

associated to recurrent and multi-scale lateral destabilizations of the flanks of three volcanic

edifices (Piton des Neiges, Les Alizés and Piton de la Fournaise) of La Reunion (Labazuy,

1996; Oehler et al., 2008; Fig. 2.27 and table 2.3).
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Figure 2.27: Recurrent phases of lateral instability affecting the volcanoes of La Reunion
(modified from Oehler et al., 2004). PdN = Piton des Neiges volcano ; LA = Les Alizés volcano ;
PdF = Piton de la Fournaise volcano; NSB = northern submarine bulge ; SSB = southern
submarine bulge ; ESB = eastern submarine bulge ; WSB = western submarine bulge.
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2.3.3- Rift zones and other volcanic features

If a temporarily steady stress system dominates a volcanic edifice, dikes may group to form
swarms and rift zones. These are principally vertical structures formed by hundreds or
thousands of parallel-striking magma paths (Walker, 1999). In hotspot settings, the volcanic
activity resulting from the ascent of a mantle plume is frequently radially distributed around
a volcanic center and concentrated along volcanic rift zones, preferential path for magmatic
intrusions (Walker, 1999). As documented for Hawaiian volcanoes (McDonald and Abbott,
1970), the orientation of the rift zones can be superimposed to main crustal orientations
suggesting their control on the growth and volcano-tectonic evolution of basaltic shield
volcanoes. On stratovolcanoes, some authors showed that the formation and structure of
rift zones is partially controlled by regional structures and by topographical effects due to
the morphology of the edifice, where intrusions are guided by gravitational stresses in steep
edifices (Murray, 1988; McGuire and Pullen, 1989; Walker, 1999; Tibaldi, 2003). Annen et al.
(2001) showed that intrusions along rift zones could contribute to more than 30% of the

growth of basaltic volcanoes.

The edifices of La Reunion and Stromboli, as other basaltic volcanoes, exhibit well-developed
rift zones, along which the large majority of magmatic intrusions are injected (Villeneuve and
Bachelery, 2006; Tibaldi et al., 2009). The existence of such active rift zones on the islands
testifies, in fact, the intense intrusive activity that occurred within the edifices (both
subjected to almost uninterrupted eruptive activity in the last centuries/thousand years). It
is usually hard to discriminate whether the different orientation and geometries of structural
features like rift zones are related to large-scale processes (regional stress field or crustal
structures) or to local effects due to the intra-edifice stress field. Only the combination of
several scales of observation may allow this distinction. Indeed, structures induced by local
effects (such as the intra-edifice deformation or the landslide-induced stress field) or those
due to magmatic overpressure are restricted to the edifice, whereas large-scale deformation
may influence the development of multi-scale structures. Below, the distinction is made

between the rift zones controlled by external processes or internal ones.
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2.3.3.1- Rift zones controlled by external processes

Stromboli volcano is elongated in the NE-SW direction and shows a quasi-bilateral
symmetry with respect to this axis. It is considered as the main magma-feeding zone of the
island (oriented N 41°), along which dikes and eruptive centers are aligned (Fig. 2.28). The
N41° intrusion zone at Stromboli is considered as structurally-controlled by regional
tectonics (Tibaldi, 1996), as its orientation coincides with that of the main crustal fault
affecting the northeastern sector of the Aeolian archipelago (Fig. 2.28). The submarine
extension of the main N41° rift zone at Stromboli volcano is evidenced by the main
alignment Stromboli-Strombolicchio (including the nearby Panarea island, Fig. 2.28). Apart
from this, adventive cones and parasitic vents in the southern flank of Stromboli follow a

radial pattern (Fig. 2.31).
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Figure 2.28: Orientations of the main crustally-controlled rift-zone at Stromboli volcano.

The edifice of La Reunion island is elongated in a N120-130° direction. Data for La Reunion
show the recurrence of several structural trends (i.e., N30—40°, N70-80°, and N120-130°;
Figure 2.29 and 2.30) from the crustal scale to the small-scale (magmatic system). The N30—
40° and N120-130° trends correspond to (1) preferential directions of magmatic intrusion at
both Piton de la Fournaise (recent intrusive activity) and Piton des Neiges, (2) the elongation
of dense intrusive complexes in Piton des Neiges and between Piton de la Fournaise and

Piton des Neiges (Malengreau et al., 1999), (3) two of the main fault trends of Piton des
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Neiges (Chevallier, 1979), and (4) the regional orientations of the transform zone and
spreading center (see 2.1.2). Even though N70° oriented faults are observed in Piton des
Neiges (Chevallier, 1979), the N70-80° structural direction is mainly restricted to Piton de la
Fournaise and between Piton de la Fournaise and the Mauritius transform zone. The

orientation N 55-60° (Fig. 2.29) refers to the orientation of the volcanic ridges shown in Fig.

2.5.
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Figure 2.29: a- Distribution of the main structures affecting the area of La Reunion Island at
different scales; b- Summary of the main trends affecting Piton de la Fournaise volcano, Piton
des Neiges volcano, the island and the surrounding crust (Michon et al., 2007a).
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Michon et al. (2007a) interpreted the parallelism of these trends between the local
(magmatic system) scale, the island scale, and the lithospheric scale as resulting from a
structural control played by the oceanic crust in the past and present construction of La

Reunion volcanic edifice.

a- Piton des Neiges volcano b- Piton de la Fournaise volcano
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Figure 2.30: Orientations of the rift-zones at (a) Piton des Neiges volcano (the RZ N120, RZ
N45 and N35 Etang-Salé RZ are rift-zones tectonically controlled by crustal structures (Fig.
2.28)) and (b) Piton de la Fournaise volcano (N25-30 and N120 rift-zones are controlled by
crustal structures). From Chevallier, 1979; Michon et al., 2007a and 2009a.

Fig. 2.30 shows that Piton des Neiges volcano presents 3 main rift zones controlled by
tectonic crustal lineaments: a N120 rift-zone on the NW and SE flanks of the edifice, a N45
rift-zone on the NE flank of the edifice and a N35 rift-zone on the SW flank of the edifice.
Figs. 2.29 and 2.30 show that the NE rift zone and SE rift zone of Piton de la Fournaise
volcano are oriented in a direction parallel to the N70-80 regional trend for the NE rift zone
and to large scale faults for the SE rift zone (black lines on Fig. 2.29). Recent activity at Piton
de la Fournaise volcano is concentrated along two main rift-zones oriented N 25-30° and N

120° (Michon et al., 2007a; Fig. 2.30b).

The submarine extensions of the rift zones at La Reunion form high-volume massive bodies,

easily recognisable on bathymetric maps as morphological highs or ridges (Fig. 2.31). They
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were described in detail by Oehler (2005). The submarine NE rift zone can be divided into
two portions: 1- a upper portion until 800 m of depth made dismantled littoral formations
and fragmented lava flows, 2- a lower portion from -800 m to -2200 m, with steeper slopes,
that could correspond to anterior formations of Piton de la Fournaise volcano or remnants of
the dismantled les Alizés volcano (Gailler et al., 2009; Smietana et al., in prep). The
submarine SE rift zone is made of a massive part close to the coast, likely made of massive
lava flows, that becomes less compact away from the island, where volcaniclastic
sedimentary facies are predominant. The structure of the submarine part of La Montagne
rift zone is similar to the structure of the submarine NE rift zone of Piton de la Fournaise
volcano. It has steep slopes and is probably made of piled lava flows. The presence of
erosional features testifies of its age and dismantling. McDougall (1971) estimated that the
lava pile is approximately 1000 m thick and is cut by a dense network of dikes. The Etang-
Salé submarine ridge, oriented N35°, is the continuation of a lineament of volcanic cones
onland (Fig. 2.31), interpreted as an old rift-zone of Piton des Neiges volcano (Chevallier,
1979). Its elongated shape is similar to the submarine rift zones formed at Kilauea volcano

(Hawaii).
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Figure 2.31: Submarine extension of the rift-zones and related volcanic structures on the

submarine flanks of La Reunion (a and b) and Stromboli (c) islands.
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2.3.3.2- Rift zones related to internal processes

Apart from major tectonically-controlled rift-zones, basaltic volcanoes show a
secondary type of rift-zones, whose formation is an effect of a local stress field related to
collapse areas, fractured zones... (Walter and Troll, 2003; Walter et al., 2005). The volcano
load and stress distribution are two important factors that control the formation of rift zones
(Fiske and Jackson, 1972). Volcano spreading along weak failure plane is commonly
considered to control diking and structural evolution of many large volcanoes (Borgia et al.,
2000). Acocella and Tibaldi (2005) studied experimentally the consequences of a flank
collapse on dike propagation within volcanoes, based on the example of Stromboli. Their
models showed that dikes propagating close to the collapse scar or in an unstable edifice
become subparallel to the walls of the collapse because of the local stress reorientation due
to the unbuttressing of the flank. The experiments carried out by Walter and Troll (2003)
indicated that in presence of an outward slipping flank along a basal décollement, intrusions
tend to group to form tangential rifts along the unstable sector of the volcano (Fig. 2.32b

and c), forming preferential areas of growth of the edifice. Second order rift zones are

formed in a direction perpendicular to the collapse.
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Figure 2.32: Geometry and direction of the rift zones on stable shield volcano (a) or under
different conditions of flank instability (b, ¢ and d). Intrusions gather tangentially to the
collapse structures (b and c) when only a sector of the volcano is unstable. If the whole
edifice is unstable, the orientation of intrusion within the edifice remains random (Walter and

Troll, 2003).
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At Stromboli volcano, the sidewalls of the Sciara del Fuoco collapse scar are also a
preferential path for dike intrusions (Fig. 2.33) that developed in the last 13 kyrs. This
geometry, in fact, has been attributed to the series of lateral collapses which affected this
zone of the cone, and which locally influenced the orientation of the stresses due to the
gravity force (i.e. distribution of rock masses) interacting with the stresses due to regional
tectonics and a stationary magma level (Corazzato et al., 2008). In this view, it is considered
that creeping of the northwestern volcano flank can favour the emplacement of NE-striking
dikes in the summit crater zone (Tibaldi, 1996; Tibaldi, 2001; Tibaldi et al., 2003; Corazzato et
al., 2008). A third, less developed N-trending intrusion zone corresponding to an intrusive
activity that occurred onland between 85 and 55 kyrs, affects the south of the island, mostly
recognizable in the offshore (Bosman et al., 2009; Fig. 2.31). Similarly to the Sciara del Fuoco
rift-zone, based on the model proposed by Walter and Troll (2003), we propose that the N
trending rift-zone could be associated to a stress reorientation caused by the southeastern
unstable flank of Stromboli volcano (Rina Grande collapse). The submarine continuation of

the N-trending secondary rift zone is clearly visible (NO° in Fig. 2.31c).
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Figure 2.33: Rift-zones related to local stress field effects at Stromboli island. The formation
of Sciara del Fuoco rift-zone is related to recurrent collapses of the NW flank of Stromboli
while the N-trending rift-zone is associated with the 85-55 kyrs period of onland activity of
the volcano.

At Piton des Neiges, the N160 rift-zone identified in La Montagne massif is not correlated to

any gravimetric or magnetic anomaly, suggesting no structural control on its formation,
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possibly due to a shallower position in the edifice (Michon et al., 2007a) and related to an
independent geological process. The N10 rift zone described by Chevallier (1979) was not
described by the next studies carried out in the Piton des Neiges volcano (Maillot, 1999;

Chaput et al., 2010).

The study of rift zones orientations and structures within the edifices of La Reunion
and Stromboli reveals that the evolution of these islands is controlled by the combined
effects of 1- a regional stress field related to the geodynamic environment crustal structures
of each area and 2- local stress fields related to the magmatic activity and morphological

evolution of each edifice.

2.3.3.3- Geometry of the magmatic intrusions

Together with the direction of intrusion at depth defining the orientations of the rift-
zones, the geometry of the magmatic intrusions provide useful data in the understanding of
the nature of the stress field within the studied volcanic edifices at the time of the intrusion.
On exctinct volcanoes, erosion gives access to the core of the edifice and brings to the
surface a large amount of magmatic intrusions, while on active volcanoes erosion does not

allow an access to the internal structures of the edifice.

Stromboli volcano (Fig. 2.34a)

Stromboli's evolution in the last 100 ka has been characterized by the persistent N 10-55° E
intrusion direction, reflecting the influence on the magma feeding paths of a state of stress
of Stromboli edifice, characterized by a NW-SE extension. After 13 ka ago, sheets mainly
intruded along the sector collapse scarps in an amphitheatre geometry and along both sides
of Sciara del Fuoco. Several authors studied the geometry (and petrology) of magmatic
intrusions at Stromboli. From this data, Corazzato et al. (2008) and Tibaldi et al. (2009)
characterized the sheet complex of Stromboli. They also studied the relationship between
the structure of the sheet complex and the evolution of the edifice over time. Magmatic
intrusions measured at Stromboli are mainly subvertical to vertical with dips ranging from 70

to 90° for 78 % of the intrusions. The thickness of the intrusions ranges between 0 and 5 m,
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but a majority of intrusions (66 %) have a thickness lower than 2 m. Corazzato et al. (2008)

observed that the steepest sheets (more than 45°) show a wider range of thickness.

Piton de la Fournaise volcano (Fig. 2.34b)

Letourneur et al. (2008) studied the dips of intrusions at Piton de la Fournaise volcano,
measuring injections in the Bellecombe scarp (western wall of the Enclos caldera) and the
Plaine des Osmondes (northern wall of the Enclos caldera). Their measurements reveal that
91 % of the intrusions are subvertical to vertical (dip ranging between 70 and 90°).

Moreover, the majority of the intrusions are about 1 m thick (Letourneur et al., 2008).

Piton des Neiges volcano (Cirque of Cilaos, Fig. 2.34c)

Extensive field studies carried out by Marie Chaput et al. (2010, appendix 4; Catry et al.,
submitted, appendix 3; see also chapter 3) in the eroded Piton des Neiges volcano, where
the intrusive complex outstandingly outcrops, reveal a wide range of dip for sheet intrusions.
Unlike at Stromboli and Piton de la Fournaise where intrusions are quasi exclusively
subvertical to vertical, all dips of intrusions are represented within Piton des Neiges volcano.
41 % of the intrusions are subhorizontal with dips lower than 30° while 17 % are subvertical
with dip ranging from 70 to 90°. A major difference occur here between the active volcanoes
of Stromboli and Piton de la Fournaise, and the extinct eroded Piton des Neiges volcano.
However, in terms of thickness, 99 % of the intrusions have a thickness lower than 2 m,

similarly to Stromboli and Piton de la Fournaise volcano.
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b- Piton de la Fournaise volcano
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Figure 2.34: Histograms of the dip and thickness of the intrusions measured at (a) Stromboli
volcano (from Corrazzato et al., 2008), (b) Piton de la Fournaise volcano (from Letourneur et
al., 2008) and (c) Piton des Neiges volcano, Cirque of Cilaos (data from Marie Chaput et al.,
2010).

The comparison of sheet complexes for these three edifices shows that deep intrusions
(Piton des Neiges) generally have smaller dips than superficial intrusions (Stromboli and
Piton de la Fournaise). The orientation and geometry (dip and thickness) of magmatic
intrusions strongly depend on the driving internal magmatic pressure and the local stress
pattern (Anderson, 1938 ; Walker, 1999; Gudmundsson 2005 and 2006). Therefore,
variations in the depth of emplacement and geometry of magmatic intrusions within basaltic
volcanoes imply variations of the local stress field under which intrusions are injected within
a volcano. The relationship between nature of the stress field within volcanoes and

geometry of magmatic intrusion will be broadly studied in chapter 3.
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2.4- Summary

It has been showed that La Reunion and Stromboli are located in very different
geodynamic contexts (sections 2.1.1 and 2.1.3): La Reunion is a 5 Myr-old hotspot-related
basaltic shield located in the inactive Mascarene basin (Indian ocean) while Stromboli is a
late-Quaternary subduction-related stratovolcano located in an active context of regional
extension (southern Tyrrhenian sea). Apart from this major discrepancy of context, another
major difference is the volume of the edifices. We calculated from recent DEMs that the
volume of Stromboli edifice is less than 1 % of the volume of La Reunion edifice (section
2.3.1; Table 2.4). Finally, the study of subaerial and submarine flanks of the edifices shows
that their morphologies are very different from an edifice to another, with variations of
slope gradient, higher at Stromboli than at La Reunion (section 2.3.2; Fig. 2.17 to 2.19). At
the same time, La Reunion and Stromboli present the same overall evolution, characterized
by phases of growth through both effusive and intense intrusive activity along well-
developed rift zones (section 2.3.3) and phases of destruction by recurrent major lateral

destabilizations (section 2.2 ; Table 2.4).

Stromboli La Reunion

Nature of the edifice basaltic stratovolcano basaltic shield volcano

size of the edifice

18 x 10 200 x 240
(km)
height from base to about 3000 about 7000
top (m)
volume of the edifice 350 51500

(km3)

Flank morphology

typical stratovolcano steep flanks
reaching 35°

typical shield volcano with mean slope of
10-15 °, reaching 25°

Rift-zones

well-developed: main N41 rift zone
controlled by regional tectonics + 2nd
order rift zones

well-developed: N30-40 and N120-130
rift-zones controlled by regional tectonics
at PdN and PdF + 2nd order rift-zones

collapse scars

Sciara del Fuoco + Rina Grande

EGBS at PdF and limits of the cirques at
PdN

Mass-wasting
deposits

cover 90 % of surrounding area, 2 main
fans

all around the island formaing 4 bulges

occurrence of lateral
instability

recurrent on the NW and SE flanks

recurrent at PdN and PdF

Table 2.4: Summary of the main morphological and structural features of the volcanic
edifices of Stromboli and La Reunion. PdN = Piton des Neiges ; PdF = Piton de la Fournaise.
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Table 2.5 quantifies the role of some key factors in flank destabilization of La Reunion and
Stromboli that we discussed in the chapter 2, in reference to the parameters introduced in

chapter 1. Some of these factors will be discussed with more detail in the next chapters.

factors of !ong.-term Stromboli La Reunion
destabilizations
Basement v v
Oversteepening v
Slopes overloading v
Low strength layers v v
Vertical movements v v
Environmental factors v v
factors of sudden destabilizations Stromboli La Reunion
magmatic intrusions v v
variation of edifice pore pressure v v
neoformation of fractures v v
volcanic seismicity v v
tectonic seismicity v
Low strength layers v v

Table 2.5: Main factors involved in long-term and sudden lateral destabilizations affecting
the edifices of Stromboli and La Reunion (see chapter 1).

The occurrence of previous instabilities and the intrusive activity along rift-zones seem to be
major parameters involved in the phenomenon of lateral instability both at Stromboli and la
Reunion islands. Some other parameters like the morphology of the edifice (i.e. slope
gradients for Stromboli) and the geodynamic context seems instead to have a secondary

influence on the mechanism of collapse, as the two areas experimented a similar evolution
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in very different environments, involving the same parameters but with different relative

importance according to the area.
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Chapter 3

Role of magmatic intrusions in the evolution of
basaltic volcanoes: field data and numerical
approach.

The contents of this chapter of the thesis partly refers to the submitted article
introduced in appendix 3: Catry, T., V. Cayol, L. Michon, M. Chaput, V. Famin and C.
Romagnoli, Cointrusive shear stress triggers flank collapse on basaltic volcanoes,

Journal of Volcanological and Geothermal Research, submitted (November 2010).

Magmatic intrusions along volcanic rift zones are an important mechanism
involved in the evolution of volcanoes. It allows their internal growth by repeated
injections in preferential areas, forming the core of the edifices, as it has been
observed within eroded volcanoes (Walker, 1986 and 1987; Annen et al., 2001).
Some volcanoes, like Stromboli Island, release large amounts of gas while emitting
small volumes of magma, suggesting that the major part of the magma remains
stored within the edifice (Allard et al., 1994; Allard, 1997; Aiuppa, 2008). Dieterich
(1988) studied the formation of Hawaiian rift zones and indicated that rift intrusion
and lateral spreading could be major contributions to volcano growth. The extrusion
of magma also contributes to the surface growth of the volcano by accumulation of
lava-flows on its flanks (Annen et al., 2001). Intrusions along rift zones not only
participate to the construction of a volcano but they can also induce destruction

processes, triggering flank deformation that may lead to lateral destabilization.
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3.1- Previous studies

The relationship between magmatic injections and flank stability has been
broadly studied since the catastrophic event of May 1980 at Mount Saint-Helens
(Voight et al., 1981). As soon as 1964, Moore recognized the importance of large
flank failures on oceanic shield volcanoes like Hawaii. Failure on gently sloping
basaltic volcanoes is mechanically problematic as failure on slopes of 10 to 15°
generally occur on weak, altered materials (Denlinger and Iverson, 1990). It thus
seems reasonable to assume that additional forces are required on volcano flanks to

generate lateral failure.

Vertical injections of magma, called dikes, provide the excess pressure able to
trigger the mechanism of flank failure and large-scale lateral instability on oceanic
shield volcanoes. The calculations of Iverson (1995) show that realistic magma
injection forces are unlikely to trigger large sectorial flank movements unless
frictional resistance to sliding is very low. Moreover, this model requires an
unrealistic amount of intrusions of reasonable dimensions to account for the
observed surface deformation of volcanoes. Other authors (Elsworth and Voight,
1995; Elsworth and Day, 1999) emphasized the clear potential of vertical intrusion of
magma for the development of voluminous flank failures of active volcanoes (Canary
Islands and Capo Verde for instance). Results show the mechanical influence of
excess pore pressure induced around the intrusion by combined effects of
mechanical and thermal strains, likely to trigger large flank collapses on oceanic
volcanoes at different timescales. However, their models require the pre-existence
of a basal shear plane dipping outward (i.e. detachment) or landward (i.e.
décollement) along which the unstable flank may slide, pushed by recurrent vertical
injections of magma into the rift zones (Swanson et al., 1976; Dieterich, 1988, Fig.
3.1). Borgia et al. (1996, 2000) showed that at many volcanoes lateral spreading of
the edifice can be facilitated by basal décollements. Theses models not only imply
mechanical problems but also arise the question of the nature and structure of the

pre-existing basal sliding plane, as they are usually to deep to be directly observed.
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sea level

- Dike submitted
to overpressure

Volcano flank

sea level

Planar
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volcano flank

Figure 3.1 : (a) Model of the geometrical relationship between vertical intrusions of
dikes and flank collapse on oceanic shield volcanoes, (b) Existence of a failure surface
below the unstable volcanic flank (from Dieterich, 1988 ; Iverson, 1995 ; Elsworth and
Voight, 1995 ; Elsworth and Day, 1999).

The extent of regional deformation at Etna and Kilauea, for instance, is larger than
can be explained by shallow dikes injected from a shallow reservoir, suggesting the
existence of deep-seated flank instability (Borgia, 1994; Denlinger and Okubo, 1995;
Borgia et al., 2000; Tibaldi and Groppelli, 2002; Acocella et al, 2003; Morgan et al.,
2003; Neri et al.,, 2005). A basal subhorizontal decollement plane has been
reconstructed beneath the east flank of Etna volcano at a depth of about 5 km below
sea level. This surface has been inferred from different sets of data such as field
evidence, the distribution of seismicity and surface deformation, and the
deformation pattern observed during east flank movement (Borgia et al., 2000;
Acocella et al., 2003; Neri et al., 2004; Lundgren et al., 2004), suggesting a thrust-
type fault plane with a slight (5-10°) westward dip (Fig. 3.2a). An additional
detachment plane may be located at shallower depths (2-3 km bsl), with a slight

eastward dip (Tibaldi and Groppelli, 2002; Bonforte and Puglisi, 2003; Lundgren et
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al.,, 2003). At Kilauea volcano, permanent movements of the Hilina slump favour
seaward displacement of the southern flank, which is accommodated by slip along a
basal decollement horizon modelled near the base of the volcano (Owen et al., 2000;
Fig. 3.2b), probably facilitated by sediments on the oceanic plate (lverson, 1995) or

viscous dunite beneath the edifice (Clague and Denlinger, 1994).

Etna volcano

W (3330 m) dike complex

depth (km)

Longitude (%)

N Hilina fault system Hilina slump S
East Rift-zone Y
0 1 d Sea level
: \M =)
£ 2| Kilauea South \]W ™
=y flank 7
= . &
%C’L 6 —_— Ocean floor
8 basal decollement plane
0 10 20 30 40 50
distance (km)

Figure 3.2: Internal structure of the mobile flanks at Etna and Kilauea volcanoes.
Movements occur along deep basal subhorizontal décollement planes (from Borgia et
al., 1992; Moore et al., 1994; Rust and Neri, 1996; Morgan et al., 2003; Neri et al.,

2005; Lipman et al., 2006). Black horizontal arrows indicate magma-related slip
movements.

Morgan et al. (2003) provided some insights on the structure of the sliding plane, on
the basis of seismic reflection profiles showing the main structural features of the
Hilina slump affecting the mobile southern flank of Hawaii (Denlinger and Okubo,

1995; Okubo, 2004, Fig. 3.3). However, a natural example of the structure, exhibiting
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the relationship between intrusions and failure surface, is still missing to successfully

understand the mechanisms of failure triggering.
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Figure 3.3: Reconstructed cross sections of the Hilina slump affecting the southern
flank of Hawaii, with failure surface at the base of the slump (Morgan et al., 2003).

An alternative end-member model has been recently proposed, in which the
injection of subhorizontal intrusions (i.e. sills) along planes of weakness activates
flank sliding by the sole action of gravity (Famin and Michon, 2010). These authors
report the unique association of a pile of sheared subhorizontal intrusions at the
contact between a debris avalanche deposit and a frozen magmatic chamber, in the
inner Piton des Neiges volcano (Cirque of Salazie, La Reunion island, Fig. 3.4). The
intrusions injected in a detachment fault that concentrated both ductile and brittle
deformation, and were responsible for a combined mechanism of failure along the
detachment: slow slip movements triggered by hydrothermal alteration due to hot
fluids from intruding sills and rapid co-intrusive slip of the volcano flank triggered by

sill injections themselves.
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Piton des Neiges
volcano

Cirque of
Salazie

Figure 3.4: Injection of a pile of sheared sills within a detachment at the contact with
an overlying debris avalanche deposit in the riviere du Mat, Cirque of Salazie, Piton
des Neiges volcano (La Reunion Island, from Famin and Michon, 2010).

Although recent field data from Piton des Neiges volcano tend to prove the role of
subhorizontal intrusions in the mechanism of flank collapse on oceanic shield
volcanoes, the mechanical ability of such low-dipping intrusions to destabilise a
volcanic edifice remains to be tested. However, it is clear from previous studies that
there is a close relationship between magmatism and flank instability in the

evolution of basaltic volcanoes.

In this section of the study, we investigate how planar intrusions can induce or
enhance flank collapse in a volcano, depending on their geometry. To do so, we first
provide a review of the most commonly observed intrusion geometries in basaltic
volcanic edifices undergoing recurrent collapses. In volcanic nomenclature, sheet
intrusions are commonly divided into dikes and sills, according to their geometric
relationship with the host rocks. Dikes are high-angle sheet-like intrusions at
crosscutting the host rock bedding while sills are low-angle intrusions subparallel to
the host rock layering. However, the distinction between the two types of intrusions
is commonly unclear in the literature: the inclination of the intrusion is often the
only criteria taken into account in defining its nature. In order to avoid confusions, as

our study deals with the influence of intrusions geometry in the deformation fields
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of basaltic volcanoes, we prefer to refer to dikes as subvertical (or high-angle)

intrusions and to sills as subhorizontal (or low-angle) intrusions.

3.2 Geometries of magmatic intrusions within basaltic
volcanoes

In basaltic setting, magma is injected in the edifice as sheet intrusions rooted
in @ magma reservoir. Field analyses carried out on active and extinct basaltic
volcanoes in Hawaii, American Samoa, Fogo, Tenerife, Stromboli and La Réunion
have revealed that steeply-dipping intrusions (Fig. 3.5c) are dominant in the upper
part of the edifices (< 1 km depth; Walker, 1986; Zbinden and Sinton, 1988; Walker
and Eyre, 1995; Day et al., 1999; Marinoni and Gudmundsson, 2000; Tibaldi, 2003;
Letourneur et al., 2008). These intrusions are concentrated along preferential

pathways (i.e. rift zones).

A strikingly different geometry has been described for the intrusive complex injected
in the lowermost units of the volcanic edifice of La Gomera (Canary archipelago),
where most of the sheet intrusions present outward shallow dips ranging 0° to 30°
(Cendrero, 1970; Ancochea et al.,, 2008). These intrusions are related to the
development of a shield volcano that underwent successive flank collapses
(Ancochea et al., 2006); then the volcano was cut by sub-vertical dikes related to the
younger edifice (Ancochea et al. 2006). Abundant shallow dipping intrusions also
developed in the submarine sequence of La Palma (Canary archipelago), above the
plutonic complex (Staudigel and Schmincke, 1984; Fernandez et al., 2002). In a way
similar to La Gomera, shallow-dipping intrusions are cut by subvertical dikes related
to the younger edifice (Staudigel and Schminke, 1984). In the southern part of Piton
des Neiges volcano, the deeply incised extinct volcano of La Reunion (section 2.2.2),
about 45 % of sheet intrusions have a dip lower than 30° (Fig. 3.5d and 2.34c) and on
the northern flank of Piton des Neiges, the majority of sheet intrusions also dip
outward at low angle (< 30°, Fig. 3.6). These intrusions, which display radial outward
dip directions, are either scattered in the lava pile or concentrated in narrow

deformation zones.
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Figure 3.5: a and c- Histogram representing the opening and dip of 1208 and more
than 3200 sheet intrusions from previous studies of shallow intrusions (depth < 1km)
measured in poorly eroded basaltic volcanoes; b and d- Histogram representing the
opening and dip of 459 deep sheet intrusions (depth > 1 km) from the highly eroded
Piton des Neiges volcano (measurements were made in the Cirque of Cilaos, La
Reunion Island, Chaput et al., 2010). Datasets (a and c) are based on field studies by:
Walker, 1986; Zbinden and Sinton, 1988, Walker and Eyre, 1995; Day et al., 1999;
Marinoni and Gudmundsson, 2000; Tibaldi, 2003; Letourneur et al., 2008.

Figure 3.5 a and b show that in basaltic volcanoes the majority (60 % at poorly-
eroded volcanoes and 90 % on highly eroded volcanoes) of sheet intrusions are less
than 1 m thick. This data gives an interesting insight on the relevance of the
modelled opening of intrusions (see section 3.3) and on how to define overpressure

within the fracture.
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Figure 3.6: Rose diagram showing the dip directions of subhorizontal intrusions in the
Cirque of Cilaos (Piton des Neiges volcano, data from Chaput et al., 2010).

Thus, besides subvertical intrusions, subhorizontal magma injections may occur in
basaltic volcanoes. The difference in the structural level cut by each intrusion
geometry, i.e. in subsurface for subvertical intrusions and at depth for subhorizontal
ones, suggests that magma is mostly injected subhorizontally at depth and
subvertically in the upper part of the edifice. In the following sections, we aim at
understanding with a numerical Boundary Element Method the role of subvertical or

subhorizontal magma injections in the volcano stability.

3.3- Numerical modelling of sheet intrusions: methodology
Theoretical studies indicate that magma should intrude perpendicular to the
least principal stress (Anderson, 1938). If magma intrudes in a preexisting fracture or
fault (Currie and Ferguson, 1970; Gudmundsson, 1983), or is guided by a rheological
contrast (Kavanagh et al., 2006; Menand, 2009; Maccaferri et al., 2010), it might be
emplaced in a direction oblique to the minimum principal stress. As a result, both
normal and shear displacements may occur. Furthermore, Watanabe et al. (2002)
showed that intrusions are not always emplaced perpendicular to 03 due to the
competition existing between the external stress and the internal pressure of

magma within the fracture. Because of this effect, it might take time for an intrusion
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to re-orientate according to the local stress field. Thus, we developed numerical
models with different stress conditions, in which we test the influence of shear on a

volcanic edifice during intrusions of planar fractures of various geometries.

3.3.1 Model description

In order to study the response of a volcano to such fractures, we use a Mixed
Boundary Elements numerical Method (MBEM; Cayol and Cornet, 1997) for linear
elastic, homogeneous and isotropic media. The MBEM is a fully three-dimensional
method which considers realistic topographies as well as any number and geometry
of sources, such as magma reservoir, intrusions or faults. This method is based on
the combination of two boundary element methods: the Direct method (Rizzo, 1967)
and the Displacements Discontinuities method (DD, Crouch, 1976). The MBEM was
developed by Cayol and Cornet (1997) from the pre-existing COMPUTE3D code
(Curran et al., 1994) only based on the Direct method. The Direct method is well
adapted to massive structures (reservoirs) while the DD method is more efficient for
discontinuities like fractures. The combination of the two methods was made
integrating the boundary conditions of the DD method to the equations of the Direct
method (Cayol and Cornet, 1997). The MBEM method permits to discretize a 3D
space by its surfaces (topography and surfaces submitted to stress like the
intrusions), decreasing the calculation time. The precision and applicability of the
MBEM for modelling volcanic deformation processes have already been tested and
applied in several studies (Cayol and Cornet, 1997; Beauducel and Cornet, 1999;
Cayol et al., 2000; Dieterich et al., 2000; Froger et al., 2004; Fukushima et al., 2005
and 2010).

In the model, boundary conditions are not displacements but stresses, the stress at
the surface is considered null. In this work, perturbations (driving stresses) of the
initial state of stress are calculated and applied to the fractures in order to
investigate the resulting displacement field. Our model is static, as we are interested
in the final deformation produced by the intrusion. The topography and the

fractures (sheet intrusions) are meshed by triangular elements. Mesh density
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increases in areas where deformation gradients are expected to be the largest and

decreases farther (Fig. 3.7a).
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Figure 3.7: Geometry and mesh of the topography in vertical (a) and lateral (b) views.
The mesh is denser in the summit part, above the area where fractures (in green) are
located.

Slopes of basaltic volcanoes usually range from few degrees to 12° (Rowland and
Garbeil, 2000) although some volcanic edifices, such as Piton de la Fournaise and
Stromboli, have unusual slopes locally reaching 20 to 35°. An axial-symmetrical cone-
shaped topography with 20° slopes is thus used (Fig. 3.7b). This assumption seems
reasonable as the slope of the edifice has little influence on displacements if it is not
steeper than 20° (Cayol and Cornet, 1998). The role of a steeper slope will be

discussed in section 3.4.

3.3.2 Fractures geometry

Since the geometry of subhorizontal fractures is poorly-constrained by field

data, we assumed both kind of fractures (subvertical and subhorizontal) are planar

82



and have a simple quadrangular shape (Fukushima, 2005; Fig.3.8a), with 3 km-long
sides. Here, the size of the intrusions is such that both subhorizontal and subvertical
fractures have the same area. Following field studies, we assume that subvertical

fractures have dips ranging from 60 to 90° and that subhorizontal ones have dips

ranging from 0 to 30° (Fig. 3.8b).
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Figure 3.8: a- Geometries of subVertical (subV) and subHorizontal (subH) fractures
considered in the model and b- the range of assumed dips and definition if the

opening and slip of the fractures. These representations are not at scale. Both type of
fractures have the same area in the model.
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The fractures are assumed to be emplaced from a reservoir located at 2.5-3 km
below the summit of the edifice, corresponding to the level of neutral buoyancy in
basaltic edifices (Tilling and Dvorak, 1993). Neutral buoyancy is the level where
magma density equals the density of the surrounding rocks. This is broadly the depth
of the top of summit reservoir determined at Kilauea, Mauna Loa, Krafla
(Tryggvason, 1984) and Piton de la Fournaise (Peltier et al., 2007 and 2008;
Nercessian et al., 1996; Battaglia et al., 2005). In our models, the top of the
subhorizontal fractures and the bottom of the subvertical ones are located at z = 0,

beneath the axis of symmetry of the topography.

The opening and slip calculated for every types of fractures are displacement
discontinuities, as defined by Fig. 3.8b. The slip is the difference between
displacements occurring along the fracture, on each side of the fracture, while the
opening is the difference between normal displacements on each side of the

fracture.

3.3.3 Principal stresses in the edifice

Initial principal stresses in the elastic medium are assumed to be parallel to
the geographic axis at the location of the intrusions. The x axis is oriented in the
East-West direction and the y axis in the North-South direction. Indeed, maximum
principal stress directions resulting from gravity-loaded models were shown to be
subvertical except for the shallowest part of the edifice where they become parallel

to the ground surface (Cayol and Cornet, 1998; Letourneur et al., 2008). These
principal stresses will be refered to as oy and oy for the vertical and horizontal

principal stresses, respectively.
We define the stress ratio k as
k=on/ 0, (1)

In this study, displacements associated to injections in edifices loaded by two

different initial state of stress are compared: (i) the initial stress is assumed to be
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isotropic with terms equal to the weight of rocks such that the ratio k is 1; (ii) the
initial stress is assumed to be anisotropic, such that the maximum principal stress is

vertical and the ratio k is <1.

A crude estimate of the crust stress ratio k is given by considering a half-space
deforming uniaxially under its own weight (no horizontal extension). For this special

case, the stress ratio is determined to be (Jaeger and Cook, 1979):

k=—=——=1/3 for v=0.25 (2)
(1-v)

This loading neglects both pore fluids and the fact that the state of stress in a edifice
results from the successive episodes of tectonic loading and faulting. In volcanic
islands as well as on continental crust, stress changes created by fluids movement,
whether magmatic (Dieterich et al., 2000), acqueous or gasous (Roeloffs, 1996;
Segall et al., 1994) or resulting from fault motions (Stein et al., 1992; Segall et al.,
2006), may trigger seismicity. In situ stress measurements in deep wells and
boreholes worldwide (Townsend and Zoback, 2000) show that the Coulomb failure
theory, using friction coefficients, u, in the range of 0.6-1, gives predictions that are
consistent with the measurements. These studies also indicate that pore pressures
are close to hydrostatic. Assuming the crust is in a state of failure equilibrium, we

can compute the stress ratio k of a fluid saturated crust as:

AL+ -
Op _NIHH —H 5P B (3)

where, p, and p, are the density of water and the bulk density of volcanic rock,
respectively. Taking p,= 2700 kg/m> and considering friction coefficients
corresponding to extreme values of laboratory experiments, we get ratios of oy, / oy

ranging from oy, / 0, = 0.5 for u=1to o,/ o, =0.9 for u=0.6.

Here, we have chosen to investigate the displacements induced by stress anisotropy

such that: 06<k<1 (4)
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3.3.4 Applied traction perturbation

Along the fracture surface, the stress perturbations tensor corresponding to

the intrusion of magma in the elastic rock matrix is defined as :

P (2)-ko,(2) 0 0
Ao(z) = 0 P (z)-ko,(2) 0 (5)
0 0 P, (2)-0,(2)

where P (z), the magma pressure is created by the magma density, p,, in the
inclined fracture with its top at z,, and an constant overpressure AP,, inherited from

the magmatic source:
P, (2) = p,8(zy - 2) + AF, (6)

We assume that, in the edifice, the maximum principal stress o, is lithostatic. It is

given by
0,(2) = ,8(zg,; —2) (7)

Here, z_ . is the elevation of the surface above each fracture element.

surf

Figure 3.9 presents a description of the model parameters, in the cases of subvertical

and subhorizontal fractures.

a- Model parameters in the case of a subvertical intrusion

z (km)

Oﬂ\ T
SubV
intrusior

Zsurf

Lp\/i
Moy

T sea level — x(km)
%0 10

To
o,
&
faphy

86



b- Model parameters in the case of a subhorizontal intrusion
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Figure 3.9: Main parameters involved in the calculation of the displacements
associated to a subvertical (a) or subhorizontal (b) fracture. o is the dip of the
fracture (cf Fig. 3.8b), 1 is the vector normal to the fracture and z ., is the elevation
of the surface above each element of the fracture. SubV = Subvertical, SubH =
Subhorizontal.

Normal stress change, Ao,(z), and shear stress change, Az(z), resolved on the

fracture, dipping at an angle «, can be computed from equation (5) and are given as:
Ao, (z)=P,(z)-0,(z)(ksina® + cosa®) (8)
and
At(z)=0,(k-1)cosasina (9)

Practically, in our boundary element code we apply tractions vectors, T, to each

triangular element of the fractures corresponding to:
T=Ao()n, (10)

where Ao(z) is given by (5) and n =(sina,0,cosa)” is the unit normal vector to the

fracture.

In the calculations, we the take the same bulk density of rocks as used for defining
ranges of stress ration p = 2700 kg/m?>. The picritic magma density is taken as 0,,=
3200 kg.m>. We also compute the value of AP, so that the mean value of the
normal stress change Ao, (z) corresponds to normal stress change generally
inferred for intrusions. From the inversion of GPS and InSAR displacements

associated to recent eruptions of Piton de la Fournaise volcano (Peltier et al, 2007,

87



2008; Fukushima et al., 2010), values of overpressure were determined to range
from 0.3 to 6 MPa. At Stromboli volcano, using ground-based InSAR displacements
and forward numerical modelling, Casagli et al. (2009) estimated overpressures of 0
to 1 MPa for the pre-effusive displacements of the 2007 eruption. At Sierra Negra
volcano (Galapagos Island), a sill overpressure of 4.5 MPa was estimated at a depth
of 2 km from the inversion of InSAR data. In our models, we assume a mean value of

normal stress change of Ao, (z)=1 MPa.

3.3.5 Normalization of the results

Pollard et al. (1983) studied analytically the surface displacements in volcanic
rift zones associated with the emplacement of a magma-filled crack in a
homogeneous and elastic medium using a Boundary Element Method. In 2D, they
showed that the walls of the crack undergo displacements depending on the normal
stress applied to the crack, its length and the elastic parameters of the medium in
which the fracture intrudes, i.e. the Young’s modulus E and the Poisson’s ratio v. In
this study, we extend these normalizations to our 3D case with shear and normal
stresses applied to the fractures and take into account the surface and the total
stress applied to the fracture. We normalize the opening and slips of the modelled
fractures, the internal and surface displacements due to the fractures under
different states of stress (normal, shear or mixed) dividing the modelled values by a

parameter dnorm defined as:

J[Ac, (D] +[AT(D)]?
E

dnorm= S 2(1-v?)

dnorm is a function of the total stress variation \/[Aon (2)]? +[A7(2)]?, the surface of

the fracture S and the elastic parameters (E, v) of the medium where intrusions are

emplaced. Normalized values of displacements are expressed in m™.

When modelling results are not normalized, calculated values of displacements
along the fracture (opening and slip) and of the edifice (internal and surface

displacements) are specific to one geometry of fracture, submitted to a specific
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stress field and emplaced within a specific medium characterised by its elastic
parameters, and can not be compared to results obtained in other conditions. The
purpose of normalization of the displacements is to generalise our study to fractures
having variable geometries, emplaced under various stress conditions (different
values of normal and shear stresses) within medium characterized by different

elastic parameters. Trough the study of normalized results, we aim at:

1- facilitating the comparison of surface displacement fields generated under

various conditions,

2- giving simple keys to the determination of the nature of the fractures

(subhorizontal or subvertical),
3- estimating the value of the fracture dip,
4- estimating the depth of the fracture,

5- giving insights on the nature of the initial state of stress within the edifice, from

the study of the recorded surface displacements of volcanic edifices.

3.4- Numerical modelling of sheet intrusions: Results

In order to understand the role of the loading conditions and of the fracture
dip in the edifice deformation, we compare internal and surface displacements fields

induced by:

1- intrusions submitted to purely normal stress changes (pressure changes) as

induced by subvertical or subhorizontal intrusions perpendicular to 03,
2- purely shear stress changes as induced along faults and

3- normal stress changes combined with shear stress changes as created on

intrusions emplaced at an angle from o3,

for (i) a subvertical plane with a 80° dip (o0 = 80°), as described in the upper parts of

basaltic volcanoes (Fig. 3.5c), and (ii) a subhorizontal plane with a 10° dip (o = 10°),
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as in the deeper parts of volcanoes (Fig. 3.5d). Then, modelling results for several dip
angles of fractures are presented, and finally we compare the maximum opening and
slip at the fracture surface and the internal and surface displacements of the edifice
as a function of the dip a and stress anisotropy k, in order to extract criterion of
determination of the nature (dip and depth) of the fractures and the stress field
within the edifice. In the section 3.5, all modeled displacements are normalized by

dnorm and expressed in m™.

3.4.1- Edifice displacements associated with subhorizontal or
subvertical fractures.

We model the amplitudes and directions of internal and surface
displacements caused by the subhorizontal and subvertical fractures within the
edifice. Surface displacements can either be vertical displacements (uplift
movements being counted positively) or horizontal movements (outward
movements being counted positively). In order to compare surface displacements
patterns between subvertical and subhorizontal fractures, and to propose keys of
determination of the fracture geometry from surface displacements, we define
surface displacement ratios, using maximum amplitudes of displacements of
“blocks” in motion: the hangingwall and footwall of subvertical fractures (Fig.

3.10al) and the head and toe of subhorizontal fractures (Fig. 3.10b1).
For a subvertical fracture, we define :

- the maximum horizontal displacement of the fracture hangingwall as Mb (Fig.

3.10a2)

- the maximum horizontal displacement of the fracture footwall as Ma (Fig. 3.10a2)

Mb
and the surface horizontal displacement ratio is defined as: |R(X) = Ma

- the maximum vertical displacement of the fracture hangingwall as Mb’ (Fig. 3.10a3)

- the maximum vertical displacement of the fracture footwall as Ma’ (Fig. 3.10a3)
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Mb'
and the surface vertical displacement ratio is defined as: |R(Z) =—

Ma'

Moreover, we study the variations of the ratios of maximum horizontal by vertical

displacements, defined as:

Mb

ROXI D) =

for the fracture hangingwall

Ma
R(X/Z),,=——| forthe facture footwall
fW Mal

On the other hand, For a subvertical fracture, we define :
- the maximum horizontal displacement of the fracture toe as Md (Fig. 3.10b2)

- the maximum horizontal displacement of the fracture head as Mc (Fig. 3.10b2)

Md
and the surface horizontal displacement ratio is defined as: |R(X) = —

Mc

- the maximum vertical displacement of the fracture toe as Md’ (Fig. 3.10b3)

- the maximum vertical displacement of the fracture head as Mc’ (Fig. 3.10b3)

) . . . Md'
and the surface vertical displacement ratio is defined as: |R(Z) = M
C
i Md Mc
We also define |R(X/Z),y =——| for the fracture head and |R(X/Z) =——] for
Md Mc
the fracture toe.
a- Subvertical intrusion b- Subhorizontal intrusion
1) Lateral view
3
— Topo
E |fracture
3 fracture a2
— hangingwall ~ | head fracture
:E fracture 0 T toe
N footwall
0 5 0 5 0 2 H 6 g 10
x (km) x (km)
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2) R(X) = ratio of maximum horizontal displacements
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Figure 3.10: Nomenclature of the surface displacement ratios used in the
comparative study of displacement fields caused by subvertical (a) and (b)
subhorizontal fractures. 1- Definition of the hangingwall and footwall of a subvertical
fracture, and of the head and toe of a subhorizontal fracture. 2- Definition of the
horizontal displacement ratios R(X) for both types of intrusions and 3- Definition of
the vertical displacement ratios R(Z) for both types of intrusions.

3.4.1.1- Subvertical fracture (0. = 80°)

Figure 3.11 presents the normalized opening and slip affecting a subvertical
fracture under various stress modes: a- normal stress only, b- shear stress only and
c- a mixed mode of stress where normal and shear stresses occur. When submitted
to normal stress only (assumed to be constant and equal to 1 MPa, Fig. 3.11a), a 80°

subvertical intrusion with 1 MPa internal overpressure is opened in a direction
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normal to the fracture, with a maximum opening at the center of the intrusion. Slip
along the fracture is negligible as no shear stress occurs at the surface of the
intrusion. If only shear stress occurs at the surface of the fault, this latter is affected
by small values of opening while the slip along the fault reaches high values spread
on a large part of the surface of the fault, with a maximum at the center (Fig. 3.11b).
Finally, under a stress mode combining normal and shear stresses, the intrusion is
affected by opening and slip. Maximum values are located at the center of the
fracture. However, the maximum amplitude of slip under a mixed mode of stress is
smaller than the maximum slip under shear stress only. Similarly, the maximum
opening in a mixed mode is smaller than the maximum opening under normal stress

only (Fig. 3.11c).

SUBVERTICAL INTRUSION o = 80°
a- Stress mode : normal stress only

Opening Slip
4 Topo 4 Topo
3 3 (1/m)
E:2 2
1 1
0 0 i
-2 2 -2 2
y (km)
b- Stress mode : shear stress only
Opening Slip [ 12
4 Topo 4 Topa
3 3t
E> 2
1 1
oL

2 -1 0 1 2 -2
y (km) y (km)

c- Stress mode : normal + shear stress

Opening slip
4 Topo 4r Topa

%x10e-4

z (km)

Figure 3.11: Normalized opening and slip (in m™) of a 80° subvertical fracture
submitted to a- normal stress only, b- shear stress only or c- normal + shear stresses.
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Models show two contrasting displacement patterns for normal, shear and mixed
stress fields (Fig. 3.12). When the intrusion is submitted to normal stress only (i.e.
the fracture is emplaced perpendicular to sigma 3 or the state of stress is isotropic),
internal displacements are maximum at the center of the intrusion, where the
opening is maximum. Internal displacements in the upper part of the edifice are
upward and outward in the hanging wall and upward and inward in the footwall (Fig.
3.12a). Surface displacements of the fracture footwall show an upward movement,
with a slight subsidence close to the intrusion while the hangingwall undergoes high
amplitude upward displacements. In the horizontal plane, the hangingwall and
footwall present opposite displacements. The former moves outward while the
footwall moves inward (Fig. 3.12a). When studying surface vertical ratios, one can

expect to get a positive ratio, while surface horizontal ratios will be negative (Table

SUBVERTICAL INTRUSION o = 80°
Internal displacements Vertical displacements | Horizontal displacements
>
[
S
2 (1/m) (1/m)
W | = a3
“ | E E
= 2, 3
— Lo >
=]
£
5
[ * 2
' 10 -10 8 6 -4 2 0 2 4 6 8 10
o
x (km})
= 1
=
(5]
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B~ é (1]
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@
=
i
. -1
0
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S 2
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[
S
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=]
=
S

Figure 3.12: Internal and surface displacements associated with a subvertical plane
(a = 80°) submitted either to a- normal stress only, b- shear stress only (k = 0.6), c-
normal + shear stress (k = 0.6).
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In the case of an anisotropic stress (i.e. shear stress only or combined normal and
shear stresses), internal displacements maximum at the center of the intrusion but
stronger than in the previous case (Fig. 3.12b and c). Internal displacements of the
hanging wall are oriented inward and downward while the footwall is affected by
inward and upward displacements. Vertically, the footwall undergoes an upward
movement while the hangingwall undergoes a subsidence. Horizontally, both walls
of the subvertical fracture undergo inward displacements (Fig. 3.12b and c). Surface
vertical ratios are expected to be negative, while surface horizontal ratios will be
positive. In the case of a subvertical fracture, maximum displacements are located in

the summit area of the edifice.

3.4.1.2- Subhorizontal fracture (o = 10°)

Figure 3.13 presents the normalized opening and slip affecting a
subhorizontal intrusion under various stress modes: a- normal stress only, b- shear
stress only and c- a mixed mode of stress where normal and shear stresses occur.
With normal stress only and shear stress only, results for a subhorizontal fractures
are very similar to those obtained for a subvertical injection, although the maximum
amplitudes of opening and slip are smaller than the ones obtained for a 80° dipping
fracture. With a mixed mode of stress, similarly to the subvertical intrusion, the
opening of the intrusion is small but amplitudes of opening in the center of the
intrusion are higher for a subhorizontal intrusion, while the slip along the intrusion

has a similar pattern but smaller amplitudes.
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SUBHORIZONTAL INTRUSION a = 10°

a- Stress mode : normal stress only

Opening Slip
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b- Stress mode : shear stress only
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c- Stress mode : normal + shear stress

Opening Slip

x10e-4

Figure 3.13: Normalized opening and slip (in m™) of a 10° subhorizontal intrusion
submitted to a-normal stress only, b-shear stress only or c-normal + shear stresses.

In a way similar to subvertical fractures, the displacement fields related to
subhorizontal fractures show striking differences (Fig. 3.14). When the intrusion is
submitted to purely normal stresses (emplaced perpendicular to sigma 3 or in an
isotropic stress field), internal displacements are sub-vertical, maximum on top of
the intrusion and diverge from the fracture center. Thus they are oriented inward at
the head of the intrusion and outward at the toe of the intrusion. Vertical
displacements are symmetrical, exclusively oriented upward and reach a maximum
on top of the intrusion, below the summit of the edifice. The head and the toe of the

intrusion undergo opposite horizontal displacements, oriented inward for the head
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and outward for the toe (Fig. 3.14a); we can expect to find positive vertical surface
ratios and negative horizontal surface ratios. When the fracture is emplaced in an
anisotropic stress field and at an angle from sigma 3 (shear stress only or mixed
mode), internal displacements at the head, the center and the toe of the fracture are
oriented outward, with maximum amplitudes at the center of the fracture. Vertical
displacements are opposite: subsidence of the fracture head and uplift of the
fracture toe; a negative vertical surface ratio is expected. Horizontal movements
both are oriented outward at the head and toe; a positive horizontal surface ratio is
expected. Internal and surface displacements affect the summit area and the flank of

the edifice (Fig. 3.14b and c).
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Figure 3.14: Internal and surface displacements associated with a subhorizontal
plane (e = 10°) submitted either to a- normal stress only, or b- shear stress only (k =
0.6), or c- normal + shear stress (k = 0.6).

On the basis of the definitions of fig. 3.10 and the relative movements of high-angle

and low-angle fractures compartments showed in fig. 3.12 and 3.14, the expected
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amplitudes and signs of the ratios for both types of intrusions under various stress

fields are summarised in Table 3.1.

80° subvertical intrusion 10° subhorizontal
Natur?. olm;stress Ratio intrusion
ie
sign amplitude sign amplitude
R(X) negative ~-1 negative -1.5to-1
R(2) positive >1 positive 1
normal stress only

R(X/Z)_hw or toe positive ~1 positive >1

R(X/Z)_fw or hd negative <-1 negative -1to0
R(X) positive ~1 positive ~1
R(2) negative ~-1 negative ~-1

shear stress only*

R(X/Z)_hw or toe positive ~1 positive >1

R(X/Z)_fw or hd negative <-1 negative ~-1
R(X) positive >1 positive >1
R(2) negative <-1 negative <-1

normal + shear
stresses - .
R(X/Z)_hw or toe positive Oto1l positive ~1
R(X/Z)_fw or hd negative <-1 negative ~-1

Table 3.1: Signs and amplitudes of the displacements ratios for subvertical and
subhotizontal fractures injected in an isotropic or an anisotropic stress field. R(X) =
maximum horizontal displacements ratio, R(Z) = maximum vertical displacements
ratio, R(X/Z)_hw or hd = maximum horizontal by vertical displacement ratio of the
fracture hangingwall or head and R(X/Z)_fw or toe = maximum horizontal by vertical
displacement ratio of the fracture footwall or toe. * signs and amplitudes of R(X) and
R(Z) are opposite if the intrusion is shallow, has a low dip or k is high.

3.4.2- Role of the fractures dips

The average openings and slips of a fracture are not only function of the
normal and shear stresses at its surface but also depend on the dip of the fracture
and the stress anisotropy. Here we analyze the relationships with dip, while that

with anisotropy will be developed in section 3.5.3. When the stress mode involves
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only normal stress, dips range from 0 to 30° for subhorizontal intrusions and from 60
to 90° for subvertical ones. However, if shear stress is involved (alone or combined
to normal stress, 3.5.2.2 and 3.5.2.3), the specific cases of strictly horizontal (dip =
0°) and strictly vertical (dip = 90°). Indeed, being parallel to the principal stress
orientations, these fractures are not submitted to shear stress and have the same

behaviour as in an isotropic stress field (3.5.2.1)

3.4.2.1- Normal stress only

In the case of intrusions submitted to normal stress only (i.e. isotropic stress
field) k is equal to 1. Thus, only movements of opening normal to the fracture
surface occur. The normal stress applied to the fracture being assumed constant, the
normalized average openings are almost constant, small variations are only due to

the position of the fracture with respect to the topography.

x10° Mormalized average opening{m‘l)
2 T T T T T T
SubH SubV
1_ -
D L L 1 1 L L
0 10 20 30 40 50 60 70 80 90
dip (degrees)

Figure 3.15: Variation of the normalized average openings (in m™) of the fractures as
a function of their dip, with normal stress only. SubH = Subhorizontal intrusions; SubV
= Subvertical intrusions.

In the case of subhorizontal intrusions, R(X) decreases when the dip increases as the
maximum horizontal displacement associated with the toe of the intrusion
decreases, while R(X) increases with the dip of subvertical intrusions until a value of -
1 for a 90°-dipping intrusion, the displacement pattern being symmetrical on both

sides of the fracture. R(Z) is almost constant for subhorizontal intrusions as the
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surface vertical displacements are only made of one lobe with normal stress only
(Fig. 3.14a). For subvertical intrusions, low dips correspond to low R(Z) due to strong
asymmetry between the displacements of the hangingwall and the footwall of the
intrusion (Fig. 3.12a). For dips close to 90°, the asymmetry decreses and R(Z)
increases. R(Z) = 1 for dip = 90° as displacements are perfectly symmetrical, with the
same amplitudes of opposite signs, the hangingwall being uplifted and the footwall
subsided. R(X/Z)nw,toe have very similar evolution: they are always positive, increase
with the dip of the intrusions, the R(X/Z)n being superior to R(X/Z)ie. R(X/Z)t0e is
inferior to 0.7 while R(X/Z)nw is superior to 0.7. R(X/Z)nq increases with the dips of the
intrusions but are always negative, ranging between -1 and 0 for subhorizontal
intrusions. For subvertical intrusions, R(X/Z)sy strongly varies with positive values for

a dip between 60 and 75° and negative values for a dip between 75 and 90°.
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Figure 3.16: Influence of the dip of the intrusions on the surface displacements ratios
when the intrusions are submitted to normal stress only: a- Variation of R(X); b-
variation of the R(Z); c- variation of the R(X/Z) of the hangingwall (subvertical case)
or the toe (subhorizontal case) of the fracture; d- variation of the R(X/Z) of the
footwall (subvertical case) or the head (subhorizontal case) of the fracture. SubH =
SubHorizontal intrusions; SubV = SubVertical intrusions.

The R(X/Z)nwte Seems to be able to give interesting information in order to
discriminate subvertical intrusions from subhorizontal ones, when emplaced with

normal stress only. For other ratios, a given value can correspond to both subvertical
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and subhorizontal intrusions, making impossible the distinction of the geometry of

the intrusions in normal stress only

3.4.2.2- Mixed stress mode

In the mixed stress mode, the proportion of shear stress depends on the dip
of the fracture/intrusion. It increases from 5 to 30° for subhorizontal intrusions and
decreases when the intrusion tends to vertical (Fig. 3.17a). Although the applied
normal stress is constant, the average opening for both types of intrusions varies
with the dip angle (Fig. 3.17b). It is inversely proportional to the shear stresses. The
larger the shear stress, the smaller the opening of the fracture. The dips of the
intrusions have a small influence on the evolution of the average slip along the
intrusions (Fig. 3.17c). The amplitudes of average slip is three times larger than the
slip amplitudes for dips <= 10° and dips >= 80°, but become an order of magnitude

larger than the average opening for dips > 10° and < 80°.

a- Shear stress variation b- Normalized average ¢- Normalized average
(MPa) x107>  opening (m-1) aogd slip(m)
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Figure 3.17: a- Variation of the shear stress (in Mpa) applied to fractures as a
function of their dip; b- variation of the normalized average openings (in m™) of the
fractures as a function of their dip; c- variation of the normalized average slips (in m"
1) along the fractures as a function of their dip. SubH = Subhorizontal intrusions; SubV
= Subvertical intrusions. Stress mode = Normal + Shear stresses.
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The study of surface displacements ratios shows a strong asymmetry of the surface
horizontal displacements ratio R(X) between low-angle and high-angle fractures (Fig.
3.18a). R(X) decreases when the dip increases for both types of fractures, except for
a 60°-dipping intrusion. However, the amplitudes of the ratios are not random as
they are always superior to 0.8 for subhorizontal intrusions and always inferior to 0.8
for subvertical ones. When the intrusions are submitted to a mixed stress mode, R(X)
are positive for all dips because the hangingwall/toe and footwall/head of the
fractures undergo displacements oriented in the same direction (i.e. of same signs of
the displacements). These general trends confirm the specific results obtained for
the cases discussed in section 3.5.1 (Figs. 3.12 and 3.14). R(Z) has the same evolution
for subhorizontal and subvertical intrusions: it increases with o (Fig. 3.18b). R(Z) is
negative for all dips as the two sides of the fractures are affected by displacements
in opposite directions (i.e. opposite signs). The variation is stronger in the case of
subvertical intrusion due to the proximity with the topography. For what regards the
surface horizontal/vertical displacements ratios R(X/Z), Fig. 3.18c indicates that
R(X/Z)nw and R(X/Z):0e Of the intrusions have a similar evolution whatever the type of
intrusion and are always positive because both sides of the intrusions move towards
the same direction. However, for subhorizontal intrusions, this ratio is superior to
0.6 while it is inferior to 0.6 in the case of subvertical intrusions. On the contrary,
R(X/Z)sw and R(X/Z)ng have a similar evolution but are always negative because both
sides of the intrusions move towards opposite directions (Fig. 3.18d), confirming

again the results of Figs. 3.12 and 3.14.
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Figure 3.18: Influence of the dip of the intrusions on the surface displacements ratios
when the intrusions are submitted to normal and shear stresses: a- Variation of R(X);
b- variation of the R(Z); c- variation of the R(X/Z) of the hangingwall (subvertical
case) or the toe (subhorizontal case) of the fracture; d- variation of the R(X/Z) of the
footwall (subvertical case) or the head (subhorizontal case) of the fracture. SubH =
SubHorizontal intrusions; SubV = SubVertical intrusions.

It appears from the analysis presented in Fig. 3.18 that RX (a) and R(X/Z)nw,toe (C)
seem to be useful in order to discriminate subvertical from subhorizontal intrusions.

The other ratios do not bring more information at this point.

3.4.2.3- Shear stress only

In the case of faults submitted to shear stress only, the internal overpressure
of the faults is equal to 0 and k = 0.6. Thus, only movements of slip along the
fractures occur. The shear stress variations for both types of fractures are very
similar to those obtained with the mixed stress mode (section 3.5.2.2; Fig. 3.17a and
3.19a). Because of the normalization, the average slip along the faults is almost
constant for both types of faults. The slight variation of slip for subvertical faults is

related to the proximity of the topography (Fig. 3.19b).
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a- Shear stress variation b- Normalized average
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Figure 3.19: a- Variation of the shear stress (in MPa) applied to fractures as a
function of their dip; b- variation of the normalized average slips (in m™) along the
fractures as a function of their dip. SubH = Subhorizontal faults; SubV = Subvertical
faults. Stress mode = Shear stress only.

The similarities between both stress modes (shear stress only and combined normal
+ shear stresses) are also visible on the evolutions of the surface displacement ratios
(Fig. 3.20). However, some differences are remarkable: R(X) shows that the
asymmetry between subvertical and subhorizontal faults is much less marked in the
mode shear only than in the mixed mode (Fig. 3.20a). Moreover, R(X) for
subhorizontal faults are superior to 1 while they are inferior to 1 for subvertical
faults (Fig. 3.20a). Fig. 3.20c shows that the R(X/Z)hw,toe is always positive, superior to
0.8 for subhorizontal faults and inferior to 0.8 for subvertical faults. The evolution of

other ratios is very similar to those of the mixed mode of stress.
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Figure 3.20: Influence of the dip of the faults on the surface displacements ratios
when fault are submitted to shear stress only: a- Variation of the R(X); b- variation of
the R(Z); c- variation of the R(X/Z) of the hangingwall (subvertical case) or the toe
(subhorizontal case) of the fracture; d- variation of the R(X/Z) of the footwall
(subvertical case) or the head (subhorizontal case) of the fracture. SubH =
Subhorizontal faults; SubV = Subvertical faults.

Figs. 3.18 and 3.20 show that fractures submitted to normal and shear stresses and
faults only affected by shear stress generate similar patterns of surface
displacements and thus have the same contribution on the evolution of the
geometry of the edifice. The comparison between the results obtained in the mixed
mode of stress (fractures submitted to normal and shear stresses) and those
obtained in a mode of shear stress only show that the R(X) and R(X/Z) (hangingwall
and toe) can bring valuable information in order to distinguish subvertical from
subhorizontal faults on the basis of surface recorded displacements. However, the
study of the role of fault dips on the internal and surface displacements doesn’t give
strong insights that could help distinguish a mixed mode of stress from a shear only
mode of stress due to the strong similarities in the evolution of the ratios in both

stress modes.

105



3.4.3- Role of stress anisotropy

Here we investigate the influence of stress anisotropy on the average
opening, average slip and surface displacement ratios for k ranging from 0.5 to 0.95.
(k = 1 corresponding to an isotropic stress field is excluded).This influence has been
tested for fixed dip values of 80° and 10° for subvertical and subhorizontal fractures

respectively.

3.4.3.1- Mixed stress mode

By definition, for increasing values of k, the absolute values of shear stresses

decrease (Fig. 3.21a).
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Figure 3.21: a- Variation of the shear stress (in MPa) applied to fractures as a
function of the stress ratio k; b- variation of the normalized average openings (in m™)
of the fractures as a function of the stress ratio k; c- variation of the normalized
average slips (in m™) along the fractures as a function of the stress ratio k. Stress
mode = Normal + Shear stresses.

The openings and slips have very similar values and evolutions for 10° and 80°
fractures. The average openings for both types of intrusions increase while the stress

anisotropy decreases. Indeed, when k reaches values close to 1, the stress field gets
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closer and closer from an isotropic stress field where the intrusions are submitted to
opening only (Fig. 3.21b). The average slips follow the same evolution as the shear
stress and decrease when k increases (Fig. 3.21c). When k increases (from 0.5 to 1),
R(X) for a subvertical intrusion decreases while it increases for a subhorizontal
intrusion. The higher k, the stronger the contrast between R(X) for 10° and 80°
intrusions. The ratio is superior to 1 for subhorizontal intrusions and inferior to 1 for
subvertical intrusions (Fig. 3.22a). For k > 0.92, R(X) for a subvertical intrusion
becomes negative as the hangingwall and the footwall of the fracture start to move
in opposite directions (see Fig. 3.12 for details). k = 0.92 is the threshold from which
the behaviour changes. R(Z) are very similar for both types of intrusions, except for k
> 0.9, where the ratio reaches values much more negative for a subhorizontal
intrusion (Fig. 3.22b). R(X/Z) for a subhorizontal intrusion are always larger than
those for a subvertical intrusion (Fig. 3.22c), except for k > 0.92 for the footwall/head

of the fracture (Fig. 3.22d).
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Figure 3.22: Influence of the stress anisotropy on the surface displacements ratios
when intrusion are submitted to normal and shear stresses: a- Variation of the R(X);
b- variation of the R(Z); c- variation of the R(X/Z) of the hangingwall (subvertical
case) or the toe (subhorizontal case) of the fracture; d- variation of the R(X/Z) of the
footwall (subvertical case) or the head (subhorizontal case) of the fracture.

107



The analysis of the influence of the stress anisotropy in a mixed mode of stress
reveals once again that R(X) (Fig. 3.22a) and R(X/Z) (Fig. 3.22c) are the most valuable
parameters that will allow us to discriminate subhorizontal from subvertical

intrusions.

3.4.3.2- Shear stress only

Equation (9) indicates that the variation of the shear stress is a linear function
of the stress ratio k (Fig.3.23a). The slip along the fault and the surface
displacements are proportional to the total stress applied at the surface of the
fracture. Here, the fracture is only submitted to shear stress so the displacements
are normalized by the shear stress. Thus, the slips along the faults are not influenced

by the value stress ratio k (Fig. 3.23b).
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Figure 3.23: a- Variation of the shear stress (in MPa) applied to fractures as a
function of the stress ratio k; b- variation of the normalized average slips (in m™) of
the fractures as a function of the stress ratio k. Stress mode = shear stress only.
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Similarly, the ratios of surface displacements are not dependent on the value of
stress ratio k. It is worth noting that ratios for subhorizontal faults always are higher
than for subvertical faults. However, although constant ratios are typical of a shear
stress only mode, they will not allow an estimation of the value of the stress ratio k.
In a shear stress only mode, surface displacements ratios only depend on the fault

dip (Fig. 3.20).
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Figure 3.24: Influence of the stress anisotropy on the surface displacements ratios
when fault are submitted to shear stresse only: a- Variation of the R(X); b- variation
of the R(Z); c- variation of the R(X/Z) of the hangingwall (subvertical case) or the toe
(subhorizontal case) of the fracture; d- variation of the R(X/Z) of the footwall
(subvertical case) or the head (subhorizontal case) of the fracture.

3.4.4- Parameters controlling the evolution of displacement ratios with
normal stress only and shear stress only

In the following, we test the influence of the topography, the height (length)
of the subvertical (subhorizontal) fractures and their depth of emplacement on the

displacement ratios generated in a normal only and shear only stress mode.
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3.4.4.1- Role of topography

Results presented in this section, compare surface displacements ratios
obtained for fractures emplaced below a 20° (black lines, reference case, Fig. 3.26
and 3.27) and 30° (red lines, Fig. 3.26 and 3.27) cone-shaped axi-symmetrical
topography (Fig 3.25).

a8}

-25 -20 -15 -10 -5 0 5 10 15 20 25
X (km)

Figure 3.25: Geometry of the 20° (a) and 30° (b) cone-shaped axi-symmetrical
topographies used in the model.

Normal stress only

Fig. 3.26 shows that the variations of the ratios are similar with only slight
variations of the ranges when the topography is a 30° axi-symmetrical cone. Only
R(X) for a dip = 30° is strongly modified below a 30°- sloped topography, being highly
positive, while it is strongly negative for a 20°-sloped topography (Fig. 3.26a). Except
for this value, it is reasonable to conclude that the nature of the topography has no
major influence on the surface displacement ratios caused by intrusions emplaced in

a normal stress field.
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Figure 3.26: Role of the topography on the displacement ratios associated with
subvertical and subhorizontal intrusions submitted to normal stress only within the
edifice. Black lines represent results obtained for the reference case of a 20°-sloped
topography (see Fig. 3.20) and red lines were correspond to a 30°-sloped topography.

30°-sloped topography ‘

Shear stress only

It is shown that the topography has no major influence on none of the
surface displacement ratios with shear stress only: some small variations occur in the
trends but the ranges of variations are similar between the reference case and
results obtained for a 30°-sloped topography (Fig. 3.27). However, although the
changes due to topography are minor, subhorizontal faults are more sensitive to the
topography than subvertical ones, especially for horizontal displacements ratio R(X)
(Fig. 3.27a). This is explained by the position of the faults within the edifice:
subvertical faults are emplaced below the summit and are only affected by the top
of the topography, which has a similar shape in every case (Fig. 3.25). Subhorizontal
faults instead, are emplaced below the edifice flank which geometry is modified
when the topography changes (Fig. 3.25). Moreover, with a 30°-sloped topography,
displacements caused by a subvertical fault are more prone to affect the flank of the

edifice than with a 20°-sloped topography.
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Figure 3.27: Role of the topography on the displacement ratios associated with
subvertical and subhorizontal faults submitted to shear stress only within the edifice.
Black lines represent results obtained for the reference case of a 20°-sloped
topography (see Fig. 3.20) and red lines were correspond to a 30°-sloped topography.

3.4.4.2- Role of intrusion geometry

In this section, the influence of the height of high-angle and the length low-

angle fractures (Fig. 3.28) on the surface displacement ratios is investigated.
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Figure 3.28: Definition of the height of subvertical fractures (a) and the length of
subhorizontal fractures (b).
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Normal stress only

It is clear from Fig. 3.29 that the geometry of both types of intrusions has no

major influence on the surface ratios under normal stress only, which are almost the

same as in the reference case (black lines).
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Figure 3.29: Role of the intrusion height/length on the surface displacement ratios
under normal stress only. Black lines correspond to 3km-long subvertical and
subhorizontal intrusions, blue lines correspond to 1.5 km-high subvertical intrusion
and green lines to a 6 km-long subhorizontal intrusion.

Shear stress only

Reference height and length of the faults are assumed to be 3 km, as used in
the reference case presented in Fig. 3.20. Here, we compare the reference results
with results obtained for a 1.5 km-high subvertical fracture and a 6 km-long

subhorizontal fracture (Fig. 3.30).

When the length of subvertical faults is the half of the height used in the reference
case (1.5 km instead of 3 km), the evolution of the surface displacements ratios as a

function of the dip of the high-angle fault remain similar to the reference case (blue
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and black lines on Fig. 3.30). For what regards subhorizontal faults, if the length of
the fracture is doubled (6 km instead of 3 km) the evolution of ratios presented in
Fig. 3.30 (green and black lines) is also similar to the reference case. Thus, the
height/length of the faults has no major effect on the ratios of displacements under

shear stress only.
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Figure 3.30: Role of the fault height/length on the surface displacement ratios under
shear stress only. Black lines correspond to 3km-long subvertical and subhorizontal
faults, blue lines correspond to 1.5 km-high subvertical fault and green lines to a 6
km-long subhorizontal fault.

3.4.4.3- Role of intrusion depth
Normal stress only

Under normal stress only, R(X) and R(X/Z)hwtoe remain similar for various

depth to the ratios obtained for the reference case with intrusions emplaced at z
0. For subhorizontal intrusions, R(Z) and R(X/Z)nq are not influence by the variations

of the depth of intrusion. For subvertical intrusions, R(Z) and R(X/Z)s, are strongly
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influenced by the intrusion depth for a dip of 70°. Amplitudes are the same but signs
are opposite (with R(Z) = -5 for z = 0 and +5 for z = -3000, and R(X/Z);w=2 forz=0
and -2 for z = -3000 m) while for dips of 60, 80 and 90°, no major modifications
occur. However, the range of variation of R(Z) and R(X/Z)s, remain similar for all
depths. It seems reasonable to conclude that the depth of emplacement has no

major influence on the surface displacement ratios under normal stress only.
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Figure 3.31: Role of the intrusion depth on the displacement ratios associated with
subvertical and subhorizontal intrusions submitted to normal stress only within the
edifice. Black lines correspond to fractures intruded at z = 0 m, red lines to subvertical
intrusions emplaced at z = -3000 m and blue lines to subhorizontal intrusions
emplaced at z = + 3000 m.

Shear stress only

Figure 3.32 evidences that the evolution trends of the ratios according to the
dip of the faults, both for low-angle and high-angle faults, are not affected by a
modification of their emplacement depth (in this case emplaced at z=-3000 m for
subvertical faults and z =+3000m for subhorizontal ones, instead of z=0). The
variations of the ratios are in the same range as the reference case, proving that

when the faults are submitted to shear stress only, the surface displacement ratios
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do not depend on the depth at which fractures are emplaced. R(X/Z)e for a 30°-
dipping shallow subhorizontal fault (Fig. 3.32c) is higher than the reference case,
likely because of the decreasing influence of topography when dip increases for low-

angle faults, creating smaller vertical displacements at the toe of the fault.
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Figure 3.32: Role of the fault depth on the displacement ratios associated with
subvertical and subhorizontal faults submitted to shear stress only within the edifice.
Black lines correspond to fractures intruded at z = 0 m, red lines to subvertical faults
emplaced at z = -3000 m and blue lines to subhorizontal faults emplaced at z = +
3000 m.

We showed that for normal stress only and shear stress only, surface
displacement ratios are not dependent on the nature of the topography, the
geometry of the fracture or the depth at which fracturess are emplaced, for both

types of fractures.
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3.4.5- Joint influence of the intrusion dips and stress anisotropy on the
displacement ratios

In this section, the results are only discussed for the stress mode involving
normal and shear stresses, where dips and k have an influence on the ratios of
surface displacements. Indeed, we showed previously that when fractures are only

submitted to shear stress, the ratios are independent from the stress ratio k.

3.4.5.1- Subvertical intrusions

Reference case

Figure 3.33 shows the evolution of the surface displacements ratios as a
function of the dip of the fracture and the stress anisotropy in a case considered as a
reference for 3 km-high subvertical intrusions emplaced at z = 0 below a 20°-sloped

axi-symmetrical topography (Fig. 3.25a).

For a given value of R(X), the value of the intrusion dip widely evolves from 60 to 85°.
Positive values of R(X) can be obtained from a wide range of combinations of k and
dip. By contrast, negative values of R(X) are only met for k values larger than 0.9. In
such a case, negative values of R(X) can give a good estimation the edifice stress
ratio (Fig. 3.33a). Figure 3.30b reveals that R(Z) is mainly sensitive to the dip of the
intrusion. This evolution is especially true for k<0.9, i.e. when R(X) is positive. Then
using R(Z) enables the determination of the intrusion dip with an accuracy of around
5°. For instance, a R(Z) of - 1.5 corresponds to a dip ranging from 70 to 80°, and a
R(Z) of - 4 corresponds to a dip between 60 and 65° (Fig. 3.33b). R(X/Z) do not bring
more constraints on the intrusion dip or the value of the stress ratio (Fig. 3.33c and

d).
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Subvertical intrusions | Reference case
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Figure 3.33: a- Influence of the intrusion dip and the stress ratio on a- the variation of
the R(X); b- the variation of the R(Z); ¢ and d- the variation of the R(X/Z) for
subvertical intrusions. This case is the reference case: intrusions are 3 km high,
quadrangular in shape, and emplaced at z = 0 below a 20° cone-shaped topography.

Role of the topography

The same ratios are studied in exactly the same conditions of intrusion geometries
and depth. However, in the present case, the topography is made by a 30°-sloped
axi-symmetrical cone (Fig. 3.25b). Figures 3.34a and b show that the conclusions
drawn for the 20°-sloped axi-symmetrical cone on the evolution of R(X) and R(Z)
remain. R(X/Z) show a stronger dependence on the nature of the topography, but
this influence does not make the estimation of dips and k more accurate than the

estimation from R(X) and R(Z) (Figs. 3.34c and d).
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Subvertical intrusions | Role of topography
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Figure 3.34: Role of the topography on a- the variation of R(X) with dip and k; b- the
variation of R(Z) with dip and k; ¢ and d- the variation of R(X/Z) with dip and k, for
subvertical intrusions emplaced at z = 0 below a 30° cone-shaped topography.

Role of the intrusion height

Results for the horizontal and vertical surface displacement ratios obtained for
subvertical intrusion of 1.5 km high instead of 3 km high (the shape of the intrusions
remaining quadrangular) are presented in Figs. 3.35a and b. R(X) and R(Z) are not
influenced by the height of subvertical intrusions. The comparison of the ratios
R(X/Z) with the reference case (Figs. 3.33c and d) indicates that the intrusions height

has no major effect on R(X/Z), especially on R(X/Z), (Figs. 3.35c and d).
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Subvertical intrusions | Role intrusion height
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Figure 3.35: Role of the intrusion height on a- the variation of R(X) with dip and k; b-
the variation of R(Z) with dip and k; ¢ and d- the variation of R(X/Z) with dip and k, for
subvertical intrusions. Here, subvertical intrusions are 1.5 km high, intruded at z = 0
below a 20°-sloped topography.

Role of the intrusion depth

We assume that subvertical intrusions are injected at z = - 3000 m and compare the
behaviour of surface displacements ratios (Fig. 3.36) with respect to the reference
case (Fig. 3.33) for z = 0. Similarly to previous parameters, R(Z) is not influenced by
the depth at which subvertical intrusions are emplaced (Fig. 3.36b). However, the
intrusion depth has an effect on the other surface displacement ratios. A given value
of R(X) and R(X/Z),w corresponds to wide range of stress ratio and dip (Figs. 3.36b
and c) while R(X/Z)x, gives a good constraints on the intrusion dip. For example, for a

R(X/Z)s = - 1.5, the dip angle can be estimated between 65 and 70° (Fig. 3.36d).
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Subvertical intrusions | Role intrusion depth
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Figure 3.36: Role of the intrusion depth on a- the variation of R(X) with dip and k; b-
the variation of R(Z) with dip and k; ¢ and d- the variation of R(X/Z) with dip and k, for
subvertical intrusions. Here, subvertical intrusions are intruded at at a depth of -
3000 m below a 20°-sloped topography.

In order to try to estimate the depth of the intrusions from the surface
displacements, we analyse the evolution of the maximum surface displacements
gradient, corresponding to the point where the slope of the displacement curve (Fig.
3.10) along the profiles AB, CD, A’B’, C'D’ is maximum, with depth. Although this
study doesn’t indicate a precise intrusion depth, it is possible to distinguish a shallow
intrusion from a deep intrusion as superficial fractures have smaller values of
displacement gradient than deep intrusions. Moreover, shallow intrusions show
large variations of the gradient with the dip and k while no variations are observed

for deep intrusions (Fig. 3.37a and b).
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Figure 3.37: Maximum external displacement gradient associated with subvertical
intrusions injected at z=0 (a) and at a depth of - 3000 m (b).

3.4.5.2- Subhorizontal intrusions

Reference case

Figure 3.38 shows the evolution of the surface displacements ratios as a
function of the dip of the fracture and the stress anisotropy in a case considered as a
reference for 3 km-long subhorizontal intrusions emplaced at z = 0 below a 20°-

sloped axi-symmetrical topography.

Significant differences are observed between subvertical and subhorizontal
intrusions: while R(X) could be positive or negative for subvertical intrusions,
subhorizontal intrusions only generate positive R(X) (Fig. 3.38a). Moreover, Figs.
3.33a and 3.38a confirm the result deduced from Fig. 8a showing that R(X) is larger
than 0.8 for subhorizontal intrusions and lower than 0.8 for subvertical intrusions.
Here, a given R(X) corresponds to a wide range of stress ratios and intrusion dips,
except for the ratios highest values which allow an estimation of k (Fig. 3.38a).
Identical observations can be made for the R(Z), with similar amplitudes of the ratios
for both subvertical and subhorizontal intrusions. Conversely to the analysis of ratios

associated with subvertical intrusions, R(X) and R(Z) are not the most valuable
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parameters to quantify the dip and stress ratio in the case of subhorizontal
intrusions. Indeed, the R(X/Z) (Figs. 3.38c and d) allow to estimate the intrusion dip
in an interval of 10°. For instance, a R(X/Z)e of 1.5 and a R(X/Z),q of - 0.5 correspond
to displacements generated by a low-angle intrusion whose dip is comprised
between 20 and 30°. The fact that R(X/Z)w. is larger than 0.6 for subhorizontal
intrusions and lower than 0.6 for subvertical intrusions is confirmed by Figs. 3.33c
and 3.38c. R(X) and R(X/Z) are much larger for subhorizontal intrusions than for
subvertical ones. It remains however difficult to estimate precisely the stress ratio k

from surface displacements ratios created by subhorizontal intrusions.
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Figure 3.38: a- Influence of the intrusion dip and the stress ratio on a- the variation of
the R(X); b- the variation of the R(Z); ¢ and d- the variation of the R(X/Z) for
subhorizontal intrusions. This case is the reference case: intrusions are 3 km long,
quadrangular in shape, and emplaced at z = 0 below a 20° cone-shaped topography.
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Role of the topography

The only ratios affected when the fracture is intruded below a 30° cone-shaped are
R(X/Z). R(X/Z):0e reaches higher positive values and R(X/Z),s reaches more negative
values (Figs. 3.39c and d). Yet, a change in the topography does not improve the

accuracy of the dip and stress ratios estimations.

Subhorizontal intrusions | Role of topography
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Figure 3.39: Role of the topography on a- the variation of R(X) with dip and k; b- the
variation of R(Z) with dip and k; ¢ and d- the variation of R(X/Z) with dip and k, for
subhorizontal intrusions emplaced at z = 0 below a 30° cone-shaped topography.

Role of the intrusion length

For a 6 km long shallow-dipping fracture, the comparison with the reference case
(Fig. 3.38) reveals that the length of the fracture is not a determining parameter in
the nature of the surface displacements associated with subhorizontal intrusions as

none of the ratios is influenced by a modification of the of its length (Fig. 3.40).
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Subhorizontal intrusions | Role intrusion length

a- R(X)
E 2 /
(=]
=
e -
i
20 20
dip (degrees) dip (degrees)
c- R(X/Z) toe d- R{X/Z) head
0.9 g
x b
[o] /
F=
e
a
e
0.5
10 10 20
dip (degrees) dip (degrees)

Figure 3.40: Role of the intrusion length on a- the variation of R(X) with dip and k; b-
the variation of R(Z) with dip and k; ¢ and d- the variation of R(X/Z) with dip and k, for
subhorizontal intrusions. Here, fractures are 6 km long, intruded at z = 0 below a 20°
cone-shaped topography.

Role of the intrusion depth

In order to test the role of the intrusion depth of low-angle fractures on the
displacements ratios, we compare the ratios of the reference case (z = 0) with ratios
obtained for a fracture intruded within the edifice at z = + 3000 m. Some values of
the ratios are hidden because when a subhorizontal intrusion is emplaced at shallow
depth, surface displacements can be made of a single “block”, with a single
component on the displacements (the behaviour in this case is similar to the
behaviour of a subhorizontal intrusion in normal stress only) making difficult the
estimation of the ratios for some values of dip. If we consider the evolution of the
ratios on the dip ranges where the study is possible, the variations are close from
those of the reference case with ratios having the same order of magnitudes

magnitudes. Values of R(X) are however slightly higher, values of R(Z) slightly lower,
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while values of R(X/Z) remain very similar (Fig. 3.41). The depth of subhorizontal
intrusions has no major influence on the surface displacement ratios associated with
these intrusions, at least for dips superior to 10°. For dips comprised between 5 and
10°, surface displacement patterns are not comparable with the reference case, no

conclusions can be made about this specific case.
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Figure 3.41: Role of the intrusion depth on a- the variation of R(X) with dip and k; b-
the variation of R(Z) with dip and k; c and d- the variation of R(X/Z) with dip and k, for
subhorizontal intrusions. Here, fractures are 3 km long, intruded at z = + 3000 m
below a 20°-sloped topography.

Similarly to high-angle intrusions, the analyis of the maximum gradients (which are
not represented as their patterns are similar to those for high-angle intrusions)
permits to discriminate shallow subhorizontal intrusions from deep ones as they

generate high values and wide variations of displacement gradients (Fig. 37a and b).
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3.4.6- Detectability of low-angle intrusions within volcanic edifices: the
example of Piton de la Fournaise volcano.

The study of the deformation fields associated to subhorizontal intrusions
within basaltic volcanoes requires that the displacements generated by the intrusion
is large enough to be recorded by the monitoring systems of the edifices, in order to
compare modelling results with real (recorded) deformation. In this section, the
detectability of subvertical intrusions is not studied as it is a recurrent, quite well
constrained phenomenon at Piton de la Fournaise volcano. As subhorizontal
injections are common within Piton des Neiges volcano at a depth larger than 1 km
(section 3.2), it is reasonable to assume that low-angle intrusions also occur within
the currently active volcano of La Reunion island, Piton de la Fournaise volcano
(section 2.2.2), but they are not directly observed because the edifice is poorly
eroded. As a consequence, we approach the question of the detectability of
subhorizontal intrusions at Piton de la Fournaise whose summit and upper flanks are
covered by a dense network of differential GPS. This network is able to record
minimum vertical displacements of 1 cm and minimum horizontal displacements of 3
cm (Andrea Di Muro, pers. com.). The lower slopes of the edifice like the Grandes
Pentes-Grand Brulé area on the eastern flank, are not covered by the GPS network
but the deformation affecting this zone can by followed using InSAR data. InSAR can
detect displacements of 1 cm in ground-satellite direction (ranging from 45° to 23°

from the vertical), except in the Grandes-Pentes where precision is lower.

To remain consistent with geometries and parameters adopted in the model,
we will investigate the detectability of a low-angle horizontal intrusion (dip = 10°),
guadrangular in shape, with a length of 3 km, submitted to a mean overpressure of 1
MPa and injected below the realistic topography of Piton de la Fournaise volcano
(Fig. 3.42). The depth of the intrusion will range between the level of the sea,
considered as 0 m of depth (which is the assumed depth of the shallow magmatic
chamber the volcano, Peltier et al., 2007 and 2008; Nercessian et al., 1996; Battaglia

et al., 2005), and 1500 m above sea level (about 1100 m below the summit of Piton
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de la Fournaise). The detectability of subhorizontal fractures at Piton de la Fournaise

is investigated for an edifice loaded by:

1- normal stress only

2- shear stress only (k = 0.6)

3- a mixed mode of stress where normal and shears stresses are combined (k = 0.6).
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Figure 3.42: a- Real topography of Piton de la Fournaise volcano meshed by
triangular elements, in lateral view; b- vertical view of the mesh of Piton de la
Fournaise volcano with the geometry of the low-angle intrusion injected below the
eastern flank of the edifice below the Grandes Pentes-Grand Brulé.

3.4.6.1- Detectability under normal stress only

At Piton de la Fournaise volcano, a 10°- dipping subhorizontal intrusion
submitted to 1 MPa mean overpressure is affected by a maximum opening ranging
between 1 m when intruded at z = 0 (sea level) and 2.5 m when intruded at an
elevation of 1500 m (Fig. 3.43a). Figure 3.43b indicates that this opening is

associated with a maximum vertical displacement at the edifice surface comprised

128



between 48 cm and 2.1 m.
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Figure 3.43: a- Influence of depth (m) on the maximum opening (cm) of subhorizontal
intrusions emplaced under normal stress only within Piton de la Fournaise volcano; b-
influence of depth (m) on the maximum vertical displacement (cm) due to horizontal
intrusions at the surface of the edifice.

As the vertical limit of detection for vertical displacement by differential GPS
measurements at Piton de la Fournaise volcano is 1 cm, a 1MPa overpressured low-
angle intrusion should be instrumentally detected when injected within the edifice
loaded by a normal stress field. Moreover, it has been estimated the minimum
overpressure within the intrusion required to create 1 cm of vertical displacement at
the surface of the volcano: it ranges from 0.005 to 0.027 MPa depending on the
depth of the intrusion (Fig. 3.44b), which are plausible overpressure values for
magmatic intrusions within basaltic volcanoes (see previous section). These
overpressure values correspond to minimum required openings comprised between

1.3 and 2.7 cm, depending on the depth of intrusion (Fig. 3.44a).
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Figure 3.44: minimum openings (a) / overpressures (b) of subhorizontal intrusions
required to generate 1cm of vertical displacement at the surface of the volcano for
different depth of intrusion, under normal stress only.
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3.4.6.2- Detectability under shear stress only

Under shear stress only, the maximum opening of the fault ranges between
10 cm at z = 0 and 40 cm at z = 1500 m (Fig. 3.45a). This amount of opening of the
fracture is responsible for maximum vertical displacements of approximately 48 cm

whatever the depth at which the fault is emplaced (Fig. 3.45b).
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Figure 3.45: a- Influence of depth (m) on the maximum opening (cm) of subhorizontal
faults emplaced under shear stress only within Piton de la Fournaise volcano; b-
influence of depth (m) on the maximum vertical displacement (cm) due to horizontal
faults at the surface of the edifice.

Under such a stress field, a vertical displacement of 1 cm at the surface of the edifice
requires minimum overpressures of about 0.025 MPa at all depth (Fig. 3.46b),

corresponding to minimum openings of 0.3 cm (z = 0) to 0.8 cm (z = 1500 m, Fig.

3.46a).
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Figure 3.46: minimum openings (a) / overpressures (b) of subhorizontal faults
required to generate 1cm of vertical displacement at the surface of the volcano for
different depth of fault, under shear stress only.
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3.4.6.3- Detectability under mixed stress
When the stress field combines normal and shear stresses, maximum
openings of a 10° subhorizontal intrusion range from 1m to more than 2.5 m (Fig.

3.47a) while the maximum vertical displacements range from 60 cm to more than 2

m (Fig. 3.47b).
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Figure 3.47: a- Influence of depth (m) on the maximum opening (cm) of subhorizontal
intrusions emplaced under mixed stress within Piton de la Fournaise volcano; b-
influence of depth (m) on the maximum vertical displacement (cm) due to horizontal
intrusions at the surface of the edifice.

In this case, minimum openings comprised between 1.2 and 1.6 cm (Fig. 3.48a),
corresponding to minimum overpressures of 0.005 to 0.018 MPa, are necessary to

generate 1 cm of vertical displacement at the surface of the edifice (Fig. 3.48b).
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Figure 3.48: minimum openings (a) / overpressures (b) of subhorizontal intrusions
required to generate 1cm of vertical displacement at the surface of the volcano for
different depth of intrusion, under mixed stress.

For all stress fields, the minimum openings of a 10° subhorizontal intrusion

required to create a detectable amount of vertical surface displacements range
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between 0.3 and 3 cm, corresponding to minimum overpressures between 0.005
and 0.03 MPa. Previous studies carried out at Piton de la Fournaise (Fukushima,
2005; Fukushima et al., 2005; Peltier et al., 2007) showed that these values of
overpressure are consistent with overpressures estimated from field displacements

associated with regular subvertical intrusions within the volcano.

3.4.6.4- Influence of the fracture dips on their detectability
In this section, we study the influence of the fracture dips on the minimum
openings and overpressures required to create 1 cm of vertical displacement at the

surface of Piton de la Fournaise volcano.

Minimum openings

In normal stress only, when the intrusion dip increases, the minimum
opening of the subhorizontal intrusion required to generate detectable vertical
displacement increases. At z = 0, it ranges between 2,2 cm for dip = 0° and 3.8 cm for
dip = 30°. At z = 1500 m, it ranges between 1 cm for dip = 0° and 1.7 cm for dip = 30°
(Fig. 3.49a). Conversely, in shear stress only, the necessary minimum openings
decrease when the fault dip increases, ranging from 0,03 cm for dip = 30° to 0.3 cm
for dip = 10° at z = 0 and from 0.3 to 0.75 cm at z = 1500 m, respectively (Fig. 3.49b).
Finally, in a mixed mode, the minimum openings globally increase when the dip
increases, but values for a given dip are almost constant, ranging between 1.3 and 2

cm at all depth (Fig. 3.49c¢).
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b- Shear stress only
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Figure 3.49: Influence of the subhorizontal fractures dips on the minimum values of
openings required to create 1 cm of vertical surface displacement at Piton de la
Fournaise volcano, for fractures emplaced in (a) a normal stress field, (b) a shear
stress field and (c) a mixed stress field.

Minimum overpressures

The influence of the intrusion dips on the minimum overpressure is similar to
that on the minimum openings, for all stress fields (Fig. 3.50). In normal stress only,
minimum overpressures increase when the dip increases, from 0.02 MPa to 0.041
MPa at z = 0 and 0.002 to 0.02 at z = 1500 m (Fig. 3.50a). In shear stress only,
minimum overpressure are almost constant for dip = 10° (0.022 MPa) and dip = 20°
(0.025 MPa), while it slightly increases with depth for dip = 30°, from 0.027 atz=0to
0.034 at z = 1500 m (Fig. 3.50b). In a mixed mode of stress, minimum overpressures
increase with the intrusion dips but for a given dip, they decrease when the
emplacement elevation increases, ranging globally between 0.005 and 0.024 MPa

(Fig. 3.50c).
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Figure 3.50: Influence of the subhorizontal fracture dips on the minimum values of
internal overpressure required to create 1 cm of vertical surface displacement at
Piton de la Fournaise volcano, for fractures emplaced in (a) a normal stress field, (b) a

shear stress field and (c) a mixed stress field.

3.4.6.5- Influence of the stress anisotropy on the intrusion detectability
Here, the influence of the stress anisotropy on the minimum openings and
overpressures required to create 1 cm of vertical displacement at the surface of

Piton de la Fournaise volcano is investigated, in the case of shear stress only and

mixed stress for a 10° subhorizontal fracture.
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In shear stress only, the minimum opening is not affected by the stress anisotropy.
For all stress ratios k, 0.3 cm of minimum opening is necessary to create 1 cm of
vertical displacement. The minimum overpressures are constant for stress ratios
between 0.5 and 0.77 (equal to 0.03 MPa) but increase 0.77 and 0.95 to reach 0.2
MPa. In a mixed stress, the minimum openings increase when the stress ratio
increases (the anisotropy decreases, Fig. 3.51a), which is consistent with the fact
that in normal stress only, minimum openings are higher than in a mixed mode (Fig.
3.44a and 3.48a). Minimum overpressures are constant, equal to 0.03 for a mixed

stress for every values of k.

Thus, the stress anisotropy has no influence on the minimum openings of
subhorizontal fractures emplaced in shear stress only and on the minimum

overpressures of subhorizontal fractures emplaced in a mixed stress.
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Figure 3.51: Influence of the stress anisotropy on the minimum values of opening (a)
and internal overpressure (b) required to create 1 cm of vertical surface displacement
at Piton de la Fournaise volcano, for fractures emplaced in a shear only stress field
and a mixed stress field (dotted lines).

Assuming that subhorizontal intrusions is a plausible intrusive mechanism at

135



Piton de la Fournaise volcano, this study of detectability shows that the deformation
fields associated to subhorizontal injections should be detected and recorded by the
monitoring systems of the Volcanic Observatory (OVPF). Although the network of
differential GPS is poorly developed on the lower slopes of Piton de la Fournaise
volcano (in the Grandes Pentes area, Fig. 3.39a), the monitoring of the deformation
can be carried out using remote sensing techniques like radar interferometry.
However, this characterization of the detectability of subhorizontal intrusions only
applies if we assume that Piton de la Fournaise volcano is a homogeneous and
isotropic edifice whose behaviour is elastic. Moreover, the amplitude of surface
displacements also depends on the surface of the sill. There is a minimum surface
under which subhorizontal intrusions are not detected by GPS measurements but
can be detected by InNSAR measurements. The combination of GPS and InSAR is then
a valuable method to determine the detectability of subhorizontal intrusions at Piton

de la Fournaise volcano.
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Chapter 4

Discussion

Most of the surface deformation of volcanic edifices reflects stress changes
induced by magmatic processes occurring within the volcano, such as the growth of
the magma chamber under internal pressure (Lundgren et al., 2003; Bonaccorso et
al., 2005) and the injection of magmatic intrusions (Pollard et al., 1983; Sigmundsson
et al., 1999; Fukushima et al., 2005). The intensity and the spatial distribution of the
deformation depend partly on the depth and the shape of the source of pressure
(Pollard et al., 1983) and partly on the rocks mechanical properties (Gudmundsson,
2003, 2006). This chapter discusses the theoretical results obtained from our
modelling approach, in order to: 1- evidence the geometrical characteristics of
magmatic intrusions within basaltic volcanoes (shield volcanoes and stratovolcanoes,
the specific case La Reunion and Stromboli are taken as examples in section 4.1.2)
combining field data (see also section 3.2) and modelling results; 2- define some
criteria of identification of the nature of magmatic intrusions using surface
displacements (section 4.1.3); 3- bring some insights on the nature of the stress field
within basaltic volcanoes (section 4.2) and give some keys to characterize the stress
field within a volcano based on the surface displacement pattern associated with
intrusive activity, 4- study the role of shear stress and slip along the intrusions in the
mechanism of lateral movements of volcanic flanks (section 4.2.3). Then, theoretical
results will be applied to real cases of flank deformation (section 4.3). Finally, we will
propose some further implications our study brings about modelling volcano

deformation.
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4.1- Geometry of magmatic intrusions within basaltic
volcanoes

4.1.1- Occurrence of subhorizontal intrusions

A large variety of geometries of sheet intrusions has been documented
through field observations (see section 3.2). In particular, field data collected in the
inner structure of Piton des Neiges volcano (La Reunion Island) and studies on other
deeply eroded basaltic volcanoes like La Palma and La Gomera in the Canary islands
(Ancochea et al., 2008) show that an important part of magmatic intrusions is made
of subhorizontal intrusions, especially in the deepest parts of the edifices. This fact
points out a discrepancy that may occur studying young, poorly-eroded, or old,
highly-eroded, basaltic volcanoes: when erosion gives access to the core of the
edifice, measured deep intrusions (depth > 1 km) are mostly subhorizontal, while
subvertical ones mostly occur at shallower levels (depth < 1 km). The transition
between high-angle/low-angle intrusions seem to be dependent on the depth of
magma injection within the edifice: the deeper the injection, the more frequent the
subhorizontal geometry. However, the distribution of some intrusions cannot be
simply explained by lateral propagation of magma at the Level of Neutral Buoyancy
(Lister and Kerr, 1991).

The geometry of low-angle intrusions is commonly explained by
topographical effects (Lister and Kerr, 1991; Rivalta et al., 2005; Kavanagh et al.,
2006). Indeed, topographical effects related to the steep slopes of stratovolcanoes
partly prevent the formation of low-angle intrusions at shallow levels as the effects
of the vertical stress (load of the edifice) are dominant, favouring high-angle
intrusions within the edifices. Deeper, arrested dikes can propagate laterally
following heterogeneities and form horizontal magmatic bodies (Gudmundsson and
Brenner, 2005).

A local rotation of the stress field due to the presence of mechanical
heterogeneities is more likely at the origin of the observed intrusions geometries
(Valentine and Krogh, 2006; Burchardt, 2008). Some authors (e.g., Gudmundsson,
2003) showed the importance of internal heterogeneities of a volcanic massif in the

determination of the deformation at the surface and the geometry of its source, as
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the presence of heterogeneities influences the stress distribution within the volcano.
In our model, we assumed that, due to the presence of heterogeneities, subvertical
and subhorizontal intrusions are not systematically emplaced perpendicular to o3,
but the fractures can be intruded with an angle o. from o3.

The presence of heterogeneities in a volcano can result from exogenous
growth processes, which tend to accumulate stiff (with high Young's modulus) lava
flows and soft (with low Young's modulus) pyroclastic and sedimentary layers (Lister
and Kerr, 1991; Rivalta et al., 2005; Kavanagh et al., 2006). The contact between two
lava flows or between lava and pyroclastic deposits is a mechanical interface through
which magmatic intrusions can be emplaced. According to some field studies, in fact,
low-angle intrusions preferentially intrude weak layers (Taisne and Jaupart, 2009.
Endogenous processes, such as magmatic injections or the occurrence of active or
ancient magma chambers, also create stiff heterogeneities (Gudmundsson, 2006;
Famin and Michon, 2010) that may partly control the magma paths. Such
heterogeneities may modify the state of stress in their surroundings during periods
of unrest.

Besides heterogeneities, Gressier et al. (2010) showed that, in sedimentary
basins, the depth of the transition subvertical/subhorizontal intrusions may be
controlled by the pore fluid overpressure. Due to their low permeability rocks in
sedimentary basins often contain fluids in overpressure. This condition encourages
the formation of hydraulic fractures and the propagation of magmatic horizontal
injections. The deep outcrops at Piton des Neiges volcano are mainly made of basic
breccias, formed during the shield building stage of the edifice (Chevallier and Vatin-
Perignon, 1982; Maillot, 1999). These breccias are highly altered by hydrothermal
processes. The alteration tends to lower the permeability of the breccia, allowing the
increase of the pore fluid pressure within the formation. The overpressure can also
be favoured by the fact that, generally, breccia levels are stratigraphically located
between levels of massive, several meters-thick lava flows, sealing the breccia. Thus
breccia levels commonly found within basaltic volcanoes are likely to be in pore fluid
overpressure conditions that, associated with heterogeneities (Gressier et al., 2010),
can favour the formation of subhorizontal intrusions in the deepest part of the

edifices. Moreover, in an anisotropic media (Kavanagh et al, 2006; Gressier et al,
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2010 and this study), an excess in pore pressure (compared to hydrostatic value) is
sufficient to enhance the formation of subhorizontal intrusions.

Although mechanical heterogeneities can occur both on shield volcanoes and
stratovolcanoes, our field data from Piton des Neiges (Chaput et al., 2010) and
previous data from La Gomera and La Palma (Cendrero, 1970; Ancochea et al., 2006

and 2008) evidenced subhorizontal within shield volcanoes only.

4.1.2- Cause of low-angle magmatic intrusions at La Reunion and

Stromboli
The presence of low-angle intrusions is probably a common feature of many

active volcanoes but very few examples were observed, mostly due to the low
erosion of volcanic edifices. More field or geophysical works are needed to
characterize more systematically magmatic intrusions within basaltic volcanoes and,
particularly, to demonstrate if subhorizontal intrusions are more common than
previously recognized. The presence or absence of low-angle magmatic intrusions at
La Reunion and Stromboli, the two basaltic island systems subject of this study, is

here shortly discussed according to recent interpretations.

4.1.2.1- Piton des Neiges volcano (La Reunion)

The existence of shallow-dipping intrusions in the inner structure of Piton des
Neiges volcano has been shown by several studies (Chevallier, 1979; Maillot, 1999;
Letourneur, 2008; Chaput et al.,, 2010; see chapter 2). They showed that
subhorizontal intrusions generally occur as piles within the edifice, while individual
intrusions are scarcer (Fig. 4.1). Sill clusters are composed of several parallel sills
intruded at a geological contact characterized by a sharp lithological contrast, in this
case where a low-rigidity layer (breccia) overlies a comparatively stiff layer (lava
flows). The dip of the sills is that of the contact, which is usually gently sloping.
Differently from what was inferred by Kavanagh et al. (2006) where subhorizontal
intrusions may form at the interface between an upper rigid strata and a lower
weaker strata, the structures we observe at Piton des Neiges indicate the opposite,

as breccia levels are generally on top of the subhorizontal intrusions (Fig. 4.1a1).
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al- Cirque of Salazie

a2- Cirque of Salazie

Figure 4.1: Piles of subhorizontal intrusions within Piton des Neiges volcano, in the
Cirques of Salazie (a1l and a2) and Cilaos (b), pictures from Laurent Michon and Marie
Chaput. See man for scale in Fig. al.

However, the load of overlying lava flows may have sealed the breccia deposits,
increasing their rigidity. According to the model proposed by Menand et al. (2008),
we propose that the piles of subhorizontal intrusions occurring at Piton des Neiges
volcano are formed by the emplacement of a first intrusion along a mechanical
discontinuity (between upper breccia and lower lava flow), which provides
favourable rigidity contrast for the emplacement of subsequent low-angle intrusions.
Letourneur (2008) distinguished another group of subhorizontal intrusions within
Piton des Neiges, whose emplacement is related to an increase of the gravitational
stress field. With the increase of distance from the eruptive centre, in fact, these
intrusions rotate and become sub-parallel to the near-surface stress field,
unfavourable to dike injection. Maximum principal stress directions resulting from
gravity-loaded models were shown to be parallel to the ground surface for the

shallowest part of the edifice (Cayol and Cornet, 1998; Letourneur et al., 2008).
4.1.2.2- Piton de la Fournaise volcano (La Reunion)

As the volcano is young, active and poorly eroded, direct observations of the

geometry of deep intrusions of the magmatic system of Piton de la Fournaise are not
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possible.

The most recent model of formation of the Enclos-Grand Brulé Structure
proposed by Michon and Saint-Ange (2008) suggests the existence of a discontinuity
located below the Grand Brulé (Fig. 2.22), as did the model proposed by Merle and
Lénat (2003). The drilling campaign carried out in the Grand Brdlé in 1986 (Rangon et
al,, 1989) did not permit the recognition of a possible “gliding horizon”, as
hypothesized by Merle and Lénat (2003) but a mechanical discontinuity was
identified at a depth of 1000 m, at the interface between a dense, deeply-rooted
body that was interpreted as the frozen reservoir of Les Alizés Volcano (Malengreau
et al., 1999; Lénat et al., 2001, see section 2.3.2.2), and landslide-related deposits
associated to recent lavas flows (Merle and Lénat, 2003). Rangon (1989) indicated
that this depth corresponds to the presence of a laccolith of gabbro and intrusions of
thin gabbro and picrite layers. The interface between the cumulative body and the
overlying deposits, at 1000 m of depth beneath the Grand Brilé, could have the
rigidity contrast to allow the formation of intrusions. According to Menand (2008)
and Kavanagh et al. (2006) the injection of a subhorizontal magmatic intrusion and
its solidification may create conditions of rigidity favourable for the emplacement of
subsequent low-angle intrusions and may account for the formation and growth of a
laccolith by their vertical accumulation.

Despite the fact that the extension of this mechanical discontinuity is not
constrained in the upper part of the edifice, especially in the Grandes Pentes area
(Fig.2.22c), subhorizontal intrusions could be emplaced along this discontinuity also

at shallower depth below the eastern flank of Piton de la Fournaise volcano.

4.1.2.3- Stromboli volcano

At Stromboli, active and poorly eroded volcano, recent field studies carried
out by Corazzato et al. (2008) and Tibaldi et al. (2009) showed that low-angle
intrusions are scarce in the upper part of the edifice. We propose that the three
factors responsible here for the preferential emplacement of high-angle intrusions
are: 1- the topography of the edifice, where the occurrence of steep slopes reinforce

the effects of the vertical stress, favouring the formation of subvertical intrusions; 2-
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the presence of a very superficial reservoir at an elevation of 500 m (see Fig.4.9) and
3- the relatively small scale of the edifice, the distance from the injection point being
to short to enable a reorientation of the intrusions from subvertical to subhorizontal
(see 4.1.1). However, as the core of the edifice is not accessible, no data are
available on the nature of deep magmatic intrusions at Stromboli volcano, but
because of the strong heterogeneity of the edifice, it is likely that deep subhorizontal
intrusions, not directy observable, occur at Stromboli, similarly to Piton de Ia

Fournaise volcano.

4.1.3- Identification of the geometry of magmatic intrusions from
surface displacements

Our modelling results (Chapter 3) bring some indications to determine the
geometry of magmatic intrusions using surface displacement ratios on volcanic
edifices. It is important to keep in mind that the criteria exposed in this section refer
exclusively to outward dipping fractures, as evidenced from field data (section 3.2).
Indeed, inward dips could induce some differences in the geometries of the
displacements. However, since to our knowledge this geometry was not observed in

volcanic edifices, it was not investigated in our study.

4.1.3.1- Detection of subvertical or subhorizontal fractures

The determination of the geometry of a fracture is generally based on the
deformation and seismic data recorded during the intrusive event. Pollard et al.
(1983) carried out a theoretical analysis of the deformation fields in volcanic
environment and described the relationships between the nature of surface
displacements and the characteristics of the associated steeply-dipping fractures.
Our modelling approach compares surface displacement fields caused by steeply-
dipping and shallow-dipping fractures. It also gives some simple criteria for the
recognition of the geometry of magmatic intrusions from surface displacements
geometries, allowing the distinction between the effects of subvertical and
subhorizontal fractures.

When the intrusions are emplaced in normal stress only:
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- the distinction between the nature of the intrusions can be made on the basis of
vertical displacement patterns, which is made of a unique lobe in the case of
subhorizontal intrusions while several lobes are formed for subvertical intrusions
(Fig. 3.12a and 3.14a).

- Using the surface ratios, the geometry of the intrusions can be identified thanks to
R(X/Z)hw,toe. We showed that for both types of intrusions, their variations are similar
(Fig. 3.16¢) as they are always positive and increase with the dip of the intrusions.
However, R(X/Z)iwe is inferior to 0.7 while R(X/Z)nw is superior to 0.7, allowing the
identification of the geometry of the intrusion from surface displacements in a
normal stress only mode.

- Moreover, negative values of R(Z) exclusively correspond to subvertical intrusions
(Fig. 3.16b). R(Z) is always positive for subhorizontal intrusions.

- Positive values of R(X/Z)sw,nd are only obtained for subvertical intrusions, while
R(X/Z)fw,nd is always negative for subhorizontal intrusion (Fig. 3.16d).

Assuming that fractures along which the fractures occur are submitted to shear
stress:

- The geometry of the fractures can also be distinguished on the basis of the
horizontal and vertical displacements: for a subvertical fracture, horizontal
movements are oriented inward and the hangingwall of the fracture is affected by
subsidence while for a subhorizontal fracture, horizontal movements are oriented
outward and the toe of the fracture is uplifted (Fig 3.12 and 3.14).

- the amplitudes of R(X) are always superior to 0.8 (1 if shear stress only) for
subhorizontal fractures and always inferior to 0.8 for subvertical fractures (Fig. 3.18a
and 3.20a).

- negative values of R(X) exclusively correspond to subvertical fractures (Fig. 3.33a).
R(X) is always larger than 1 for subhorizontal fractures (Fig. 3.38a).

- for subhorizontal fractures, the R(X/Z).c. is larger than 0.6 (0.8 if shear stress only)
while it is lower than 0.6 in the case of subvertical fractures (Figs. 3.18c and 3.20c).

- R(X) and R(X/Z) are much larger for subhorizontal fractures than for subvertical
ones.

Table 4.1 summarizes the criteria we defined in order to discrimate subvertical from

subhorizontal fractures.
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. f
stress intrusion surface vertical h(S)Lrjirzjr:fal R(X) R(2) R(X/Z) | R(X/Z)
field displacements . hw,toe | fw,hd
displacements
normal subH 1 lobe >0 <0.7 <0
stress
only subV 2 or more lobes @n | 507 >0
be<0
. Oriented
shear subH uplifted toe outward >1 >0.8
stress
bsided
only subV subside oriented inward | <1 <0.8
hangingwall
iented
subH uplifted toe oriente >0.8 >0.6
mixed outward
mode bsided
subV > _SI N oriented inward | <0.8 <0.6
hangingwall

Table 4.1: Criteria of determination of the geometry of magmatic intrusions from
surface displacement patterns and ratios on basaltic volcanoes.

4.1.3.2- Estimation of the fracture dip

Once the rough geometry (low-angle or high-angle) of the fracture has been
determined, the ratios of surface displacements allow to quantify more precisely the
dips of fractures submitted to normal stress only and to shear stress (alone or
combined to normal stress), within the ranges defined in the model assumptions: 0
to 30° for low-angle fractures and 60 to 90° for high-angle fractures.
Under normal stress only, R(X) and R(X/Z)qwne do not allow the determination of the
intrusion dip from a value of ratio as one value can correspond to several dips, both
for subvertical and subhorizontal intrusions (Fig. 3.16a and c). On the other hand, a
single value of R(X/Z)nw toe COrrespond to a precise value of intrusion dip, either for a
subvertical or a subhorizontal intrusion, without any ambiguity (Fig. 3.16c).
Furthermore, for negative values of R(2), it is possible to determine a single value of
subvertical intrusion dip (Fig. 3.16b).
When shear stress is present, in the case of subvertical fractures, the variations of
R(Z) bring interesting insight on the dip of an fracture as it permits its determination
in an interval of 10° (Fig. 3.33b). The more negative the value of R(Z), the more
accurate the estimation of the dip of the subvertical fracture. Similarly, based on

R(X/Z)sw, the deeper the subvertical fracture, the more accurate the estimation of its
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dip (Fig. 3.36d). In the case of subhorizontal fractures, Figs. 3.38c and 3.38d indicate
that an estimation of the fracture dip can be carried out in an interval of 10°, using
the variations of both R(X/Z)ie and R(X/Z)pg.

Table 4.2 summarizes the criteria we defined to estimate the fractures dips from the

surface displacements.

stress field intrusion R(X) R(2) R(X/Z)hw,toe R(X/Z)fw,hd
subH v v
normal stress
only
subVv v
shear stress subH v v
(alone or mixed
mode) subV v v

Table 4.2: Summary of the valuable ratios in the estimation of the fractures dips from
surface displacements.

4.1.3.3- Estimation of the fracture depth

Our results did not allow us to determine precisely the depth at which
fractures are emplaced by a simple analysis of the surface displacements. However,
a first approximation can be made studying the maximum external displacement
gradients for diverse depth of fractures. It is possible to distinguish a shallow
fracture as superficial fractures have higher values of maximum displacement
gradient than for deep fractures. Moreover, deep fractures show large variations of
the gradient with the dip and k while no variation is observed for shallow fractures
(Figs. 3.37a and 3.37b). Thus, displacements gradients are valuable in the inference

of fracture depth.

To conclude, this section 4.1.3 underlines that our results, in terms of surface
displacement ratios and gradient, have a useful application in constraining the
geometry and depth of magmatic intrusions submitted to normal, shear stress or
mixed stress. Moreover, our results show that the topography has no major

influence on the surface displacement ratios generated by both types of fractures
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(section 3.5.4.1). As a consequence, the criteria of identification of the geometry of
magmatic intrusions can be applied to any type of basaltic edifices, i.e. shield

volcanoes and stratovolcanoes.

4.2- Nature of the stress field within basaltic volcanoes:
insights from theoretical results.

The state of stress within a volcanic edifice is controlled by the mechanical
properties of the material constituting the volcano and by the loading conditions (i.e.
internal and external pressures applied to the edifice). Our study considers the
influence of the nature of stress fields on the mechanical evolution of a volcanic
edifice during magmatic fractures. Integration of anisotropic stress field allows
integration of more realistic states of stress. Here, the intensity of the stress field
anisotropy is defined by k as ratio between the load of the edifice (vertical stress)
and the horizontal stress. Anisotropic stress field enables fractures to be submitted
to both normal and shear stress, whereas normal stress solely acts on the fracture in
isotropic stress field. Magmatic intrusions in basaltic volcanoes can be submitted to
shear stress if they are injected in directions oblique to 03 for the reasons described
in section 4.1. Topographical effects can also be responsible for shear stress at the
surface of the fractures. We tested the influence of three stress fields on the surface
displacements created by subvertical and subhorizontal fractures: a stress field
where fractures are submitted to normal stress only (only opening of the fracture
occurs), a stress field where fractures are submitted to shear stress only (only slip
along the fracture occurs), a stress field where fractures are submitted to normal +

shear stresses (opening of the fracture and slip along the fracture occur).

4.2.1- Determination of the stress field within an edifice

4.2.1.1- Presence of shear stress?
When intrusions are emplaced in a direction perpendicular to 03, it is

possible to assume that they can be affected by normal stress only, favouring the
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opening of the intrusion. The results presented in Figures 3.12 and 3.14 and in Table
3.1 give us first insights on how to discriminate subhorizontal from subvertical
intrusions as well as intrusions submitted merely to normal stresses from intrusions
submitted to mixed normal and shear stresses. Assuming that both subvertical and
subhorizontal intrusions have outward dips, we can distinguish the stress mode
under which an intrusion was injected. For a subvertical fracture, surface vertical
displacements show that the hangingwall of the intrusion is uplifted if submitted to
normal stress only while it is subsided if submitted to shear stress (only or combined
to normal stress, Fig. 3.12). For a subhorizontal fracture, surface vertical
displacements show a unique lobe if the intrusion is affected by normal stress only
while 2 lobes are identified when shear occurs at the surface of the fracture (Fig.
3.14). R(Z) are expected to be positive when intrusions are submitted to normal
stress only, while it is negative when faults are submitted to shear stress. However,
these criteria are not sufficient to distinguish a mixed mode of stress (normal + shear

stresses) from a stress mode made of shear only.

4.2.1.2- Shear stress only or mixed mode of stress?

The principal difference between a mixed stress mode and a shear stress only
is that, in the latter, the ratios of surface displacements do not depend on the stress
ratio k. If the role of the fracture dips on the surface displacements is only
considered, a distinction between the mixed mode of stress and the shear only
mode of stress can be made using R(X) and R(X/Z)hw,toe- INdeed, despite similarities in
the evolution of the ratios in both stress modes (Figs 3.18 and 3.20), in a mixed
stress mode, values of 0.8 for R(X) and 0.6 for R(X/Z)nw e are discriminant for the
geometry of the fractures while these values are 0.6 and 0.8 for R(X) and R(X/Z)hw,toe,
respectively, in a shear only stress mode (Fig. 3.18a and c, Fig. 3.20a and c).
However, for low-angle fractures (fractures with values of dip lower than 20°), R(X)
in @ mixed stress mode are larger than 1.2 while they are lower than 1.2 in a stress
mode involving shear stress only. This effect is reinforced when k increases. For what
regards subvertical fractures, ratiosurfX are superior to 0.8 in shear only mode and

inferior to 0.8 in a mixed mode of stress (Figs. 3.18a and 3.20a).
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4.2.1.3- Estimation of the stress ratio

We showed that when a fracture is affected by shear stress only, no
estimation of the stress ratio is possible from the different ratios of surface
displacements as they are independent from k. In a mixed stress mode, negative
values of R(X) associated with high-angle fractures can give a good estimation of the
stress ratio (Fig. 3.33a). It is however difficult to estimate precisely the stress ratio k
from surface displacements ratios created by subhorizontal fractures, as k strongly
evolves for a given value of any ratio (Fig. 3.38a). It is important to notice that,
similarly to what is observed for the identification of the fracture geometry (section
4.1.3.), the topography has no major influence on the determination of the nature of
the stress field and on the estimation of the stress ratio. This observation can be

applied to both basaltic shield volcanoes and stratovolcanoes.

4.2.2- Role of shear stress on flank displacements of basaltic volcanoes
Our theoretical results obtained for a 10° subhorizontal fracture and a 80°
subvertical fracture show that, in an anisotropic stress field, the effect of shear stress

favours slip movements along intrusions (Fig. 4.2).
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Figure 4.2: Maximum normalized opening and slip for 10° subhorizontal (subH)
intrusion and 80° subvertical (subV) fracture in isotropic and anisotropic stress field (k
=0.6).
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When the opening of the intrusions is combined to slip, a complex
relationship occurs between opening/slip and deformation of the volcanic edifice.
Our results with isotropic and anisotropic stress field prove that the shear stress
creates the conditions that allow slipping along intrusions, generating large-scale
deformation of the edifice. Outward displacements can be generated by a
subhorizontal intrusion emplaced in an anisotropic stress field or a subvertical
intrusion emplaced in an isotropic stress field. The shear stress affects both
subvertical and subhorizontal intrusions. However, the internal and surface
displacements generated by high-angle intrusions are localised in the summit area of
the edifice and have a small lateral extension (Fig. 3.12). Conversely, low-angle
intrusions are responsible for displacements affecting both the summit area and the
flank of the edifice (Fig. 3.14). Moreover, while subvertical intrusion generates
inward displacements in the summit area, subhorizontal intrusions favour large
amplitude outward displacements of the flank and the summit of the edifice. The
longer the subhorizontal intrusion, the wider the lateral extension of the flank
displacements. The comparison between horizontal displacements for subhorizontal
intrusion in an isotropic stress field and horizontal displacements in an anisotropic
stress field, shows that slip along the intrusion favours the lateral extension of the
flank displacements in the second case (Figs. 3.14 and 4.2). If one considers a
mechanism of deformation where a single fracture is involved in an anisotropic
stress field, subhorizontal intrusions have a far greater potential for flank-scale
displacements than subvertical ones, possibly leading to lateral instability if the

induced perturbation overcomes the threshold of stability of the volcanic flank.

4.3- Mechanisms of flank collapse on basaltic volcanoes:
applications to real cases.

Historically documented events of volcano lateral collapse are rare. As a
result understanding and assessing the processes involved in flank destabilization
and flank movement are difficult. Thus, the few volcanoes identified as being
structurally unstable are intensively monitored: the southern flank of Kilauea

(Hawaii), the northern flank of Stromboli (Aeolian Islands), the eastern flank of Piton
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de la Fournaise (Reunion Island) and the eastern flank of Mount Etna (Sicily). Several
studies suggest that the occurrence of eruptions/intrusions, seismicity and flank
destabilization of volcanic edifices are related (Dieterich, 1988; lIverson, 1995;
Elsworth and Day, 1999) and that flank movement, in turn, influences magma
propagation and the geometry of intrusive rift zones (Walter and Troll, 2003; Walter
et al., 2005). Patterns of deformation at Etna and Kilauea volcanoes are interpreted
as lateral movements of flanks combined with magmatic deformation (Bonforte and
Puglisi, 2003; Delaney and Denlinger, 1999; Owen et al., 2000). At Piton de la
Fournaise and Stromboli, asymmetric patterns of deformation are supposed to be
entirely due to magmatic effects (Froger et al., 2004; Fukushima, 2005; Peltier et al.,
2007). Flank instability seems to be independent from volcanoes composition, shape
and geodynamic setting (see chapter 2). However, the study of volcanic flank
behaviour is not limited to collapse phenomena. Understanding how magmatic
intrusions can trigger flank-scale deformation (with or without collapse) on basaltic
volcanoes is a key point in constraining two mechanisms: 1- the long-term evolution
of basaltic edifices and 2 - the assessment of the potential for failure and associated

hazards.

Although a lot of studies consider only the role of vertical intrusions as trigger of
flank collapses on volcanoes (Dahlen, 1984; Dieterich, 1988; Iverson, 1995; Elsworth
and Voight, 1995; Elsworth and Day, 1999; Walter et al. 2005), our theoretical results
underline that high-angle intrusions alone are not the only way to generate flank-
scale deformation. Another trigger has to be considered: subhorizontal intrusions
below volcanic flanks. Piton des Neiges well illustrate the interaction between low-
angle magmatic intrusion, slipping plane and large lateral displacements prone to
enhance flank instability on basaltic volcanoes. The case discussed by Famin and
Michon (2010) in the core of Piton des Neiges is the first observable outcrop where a
detachment plane is in direct relationship with low-angle intrusions (section 4.1.2.1).
Together with the submarine evidence offshore La Reunion (Oehler et al., 2004),
these authors underline that this volcano experienced a major (long-term)
destabilization of its northeastern flank (section 2.3.2.2, Figs. 2.23 and 2.26; section

3.1, Fig. 3.4). Low-angle injections have also been described on young, active and
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poorly-eroded volcanoes.

In the following sections we discuss the interactions between magmatic intrusions
and flank movements during several recent events: the April 2007 eruption of Piton
de la Fournaise volcano, the March 2007 crisis at Stromboli volcano, the 2002-2003
events that occurred at Etna volcano and the 1995 eruption of Fernandina

(Galapagos).

4.3.1- The April 2007 event at Piton de la Fournaise volcano

A recent episode of flank-scale deformation affected Piton de la Fournaise
volcano during the April 2007 eruption. On February 26 the seismic activity began
below the summit zone. It progressively increased and reached the value of more
than 100 daily events on March 28 to 30. A seismic crisis started on March 30 at
16:25 UTM and the magma emission begun at 18:50 from an eruptive fissure located
at 1900 m above sea level at the southeast of the central cone (Fig. 4.3a). The tremor
ceased on March 31 at 05:15, after a first eruptive phase of less than 10 hours during
which only a small volume of magma was emitted. The summit seismicity continued
until the April 2 new eruptive phase, located in the Grand Bralé at 600 m above sea
level and 7 km away from the summit (Fig. 4.3a; Michon et al., 2009; Staudacher et
al., 2009; Peltier et al., 2010). The large co-eruptive ground displacements that
occurred during this event were recorded by radar interferometry (Fig. 4.3b, Froger
et al., 2010). The distal event of April 2007 generated large-scale deformation that
affected the eastern flank of Piton de la Fournaise volcano, as far as 6 km away from
the summit area where regular eruptions generally are concentrated (Villeneuve and

Bachelery, 2006; Peltier et al., 2007).
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Figure 4.3: a- Location of the 2 eruptive fissures of March and April 2007 crisis; b-
Ground displacements associated to these crisis, measured by ALOS-PALSAR radar
(Froger et al., 2010).

The geometry, lateral extension of the deformed area and the intensity of the
displacement were never been observed at Piton de la Fournaise volcano before
2007. They strongly contrast with the displacements associated with dike intrusions
along the rift zones (Fukushima et al., 2005; Peltier et al., 2007).

Considering the geometry of the plumbing system in the Piton des Neiges
volcano (i.e. shallow-dipping intrusions at depth), we interpret the deformation of
the eastern flank of Piton de la Fournaise as the result of a subhorizontal intrusion.
Two of the criteria defined for the identification of the geometry of the intrusions
(section 4.1.3) suggest that a subhorizontal intrusion could be involved in the
generation of this deformation pattern, as already suggested by Famin and Michon
(2010). (1) In 2007, horizontal displacements are oriented eastward (equivalent to
outward in the theoretical case) and vertical displacements show that the toe of the
intrusion is uplifted (Fig. 4.6). (2) R(X) is positive (equals to 7), and larger than 1 while
it would have been lower than 1 with a subvertical intrusion (Table 3.1 and Fig. 3.33a
and 3.38a). We cannot derive more precise information about the possible dip of the
intrusion as the R(X/Z) is difficult to estimate, given the complexity of the vertical
pattern of displacements compared with the simple theoretical case we studied.
Indeed, vertical displacements measured by radar interferometry for the 2007
eruption correspond to a finite deformation on a period of 35 days, making difficult

to quantify the component of vertical displacement associated with the event of
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intrusion itself. For that reason, it is also difficult to estimate the depth at which the
intrusion might have been emplaced below the eastern flank. For what regards the
nature of the stress field, R(X) being larger than 1.2, it is likely that the edifice is
characterized by an anisotropic stress field based on the previously defined criteria
(section 4.2) and the fact that several lobes can be identified on the vertical
displacements, the subhorizontal intrusion should have been submitted to shear
stress and, particularly, should have been emplaced in a mixed mode of stress
(opening + shear stresses). No precise estimation of the stress ratio is instead
possible.

Since the hypothesis of a shallow dipping intrusion below the flank of Piton de la
Fournaise volcano during the April 2007 crisis seems realistic (although non
exclusive), we tested it by using the numerical model described in the chapter 3, but
under specific conditions:

1- Instead of applying the model to an ideal topography, we use the real
topography of Piton de la Fournaise volcano (Fig. 3.42).

2- The geometry of the intrusion corresponds to a 6-km-long and 3-km-wide
guadrangular. The eastward dip is fixed at 10° and the internal overpressure at 1
MPa. The intrusion is emplaced at an elevation of 1500 m, i.e. 1000 m below the
summit of the edifice (Dolomieu crater).

3- The stress field within Piton de la Fournaise is assumed to be anisotropic,
involving normal and shear stresses. As no precise estimation of the stress ratio is
possible from the ratios of the displacements for subhorizontal intrusion (section
4.2.1.3), we assume k = 0.6.

The modelled opening and slip along the low-angle intrusion below the
eastern flank of Piton de la Fournaise show that it is submitted to a maximum
opening close to 2.4 m in the central part of the intrusion tip (Fig. 4.4a) while the slip
reaches values larger than 3 m (Fig. 4.4b). The total surface of the intrusion is about
18 km?, 25 % of which are affected by an opening larger than 2m, 45 % by a slip
superior to 2.5 m and 12 % by a slip superior to 3.5 m. Figure 4.4c indicates that the
internal displacements within the edifice reach a maximum value of 3 m in the

Grandes Pentes area.
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Figure 4.4: Opening (a) and Slip (b) of a 10° outward dipping intrusion injected below
the eastern flank of Piton de la Fournaise volcano, and the generated internal
displacements (c) within the edifice.

Displacement maps of the EGBS (Fig. 4.3) were built using the InSAR data
collected by ENVISAT-ASAR and ALOS-PALSAR radars (Fig. 4.5). Figure 4.5 presents
for comparative purposes the recorded vertical (Fig.4.5a) and eastward (Fig. 4.5b)
co-eruptive ground displacements generated by the succession of events that
occurred between March and May 2007 at Piton de la Fournaise volcano (Froger et
al,, 2010) and the modelled displacements caused by a 6 km long low-angle
intrusions propagating eastward below the Grandes Pentes with an outward dip of

10°.

Recorded displacements

Recorded vertical displacements (Fig. 4.5a, top) show a complex pattern. The
western part of the EGBS is affected by downward movements (subsidence) of 30
cm at the level of Bory crater and upward movement (uplift) of 10 to 30 cm East of

it. On the eastern flank of the edifice, the recorded signal is more complicated with
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areas affected by upward movements (maximum of 35 cm) and downward
movements (maximum of 35 to 40 cm). Recorded displacements extend to the
Grandes Pentes area.

Eastward recorded displacements (Fig. 4.5b, top) show another pattern of
deformation: the western part of the active cone is submitted to low amplitude
eastward movements, while the upper eastern flank is submitted to low amplitude
westward movements. The lower eastern flank (base of the cone and Grandes
Pentes area) is affected by a single pattern of eastward displacements reaching 1.4

m towards the sea.

Modelled displacements

Modelled eastward displacements (Fig. 4.5b, bottom) show strong similarities with
the pattern recorded during the eruption. In the area of the base of the cone and
Grandes Pentes, corresponding to the tip of the modelled intrusion, maximum
eastward displacements are recorded, with the same geometry (lateral extension)
and amplitudes than the recorded displacements. At the head of the intrusion, the
western flank of the active cone is affected by the same eastward displacements of
0.2 m than the one observed in the recorded deformation. Away from the intrusion,
the rest of the EGBS is affected by low-amplitude displacements oriented westward,
both for the modelled and recorded deformation. There is a minor difference
between the two signals: the upper eastern slopes of the active cone on the
modelled displacements are not affected by low amplitude westward displacements,
as observed on the recorded pattern (Fig. 4.5b, top).

For what regards the pattern of vertical displacements, recorded and modelled
signals are strongly different (Fig. 4.5a). The area located above the tip of the
modelled intrusion is affected by maximum uplift, similarly to the recorded signal,
and the base of the eastern flank is uplifted of about 30 cm in both signals. However,
the subsidence occurring in the Grandes Pentes area is not modelled, as uplift also
occurs in this area on the pattern of modelled displacements. At the head of the
intrusion, corresponding to the area of the active cone, only low-amplitude
subsidence is modelled, while the recorded signal shows a general uplift East of the

cone and subsidence to the West of it.
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Figure 4.5: Recorded (period March-May 2007; Froger et al., 2010, appendix 5) and
modelled displacements associated to the eruptive crisis at Piton de la Fournaise
volcano. (a) vertical displacements in meters; (b) eastward displacements in meters.
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The comparison between recorded and modelled eastward displacements indicates
that the surfaces of displaced areas have comparable geometries, extensions and
amplitudes. On the basis of the pattern of eastward displacements, the hypothesized
dip and geometry for a low-angle intrusion seems to be a good (qualitative and
guantitative) approximation of the source of observed deformations. However, the
strong discrepancy between the recorded and modelled vertical displacements
suggests that the assumed geometry is too simple to account for realistic
displacements fields recorded during the April 2007 event at Piton de la Fournaise
volcano. Several hypotheses can be made on the origin of the discrepancy we
observe between the recorded and modelled displacements pattern:

1- In our model, we only take into account the contribution of a shallow-dipping
intrusion injected below the eastern flank of Piton de la Fournaise, on the pattern of
displacements associated to the 2007 crisis. However, the recorded displacements
include the effects of the vertical intrusion of March 2007 (Michon et al., 2007;
Michon et al., 2009; Peltier et al., 2009; Staudacher et al., 2009) that likely played a
role on the nature and amplitude of the recorded displacements. Indeed, pattern
observed in the area of the active cone could be strongly dependent on the March
2007 high- angle intrusion that occurred at the base of the cone.

2- We have chosen a simple geometry for the low-angle intrusion in our model,
in order to check the hypothesis of a subhorizontal intrusions below the flank of
Piton de la Fournaise during the 2007 crisis and to bring qualitative constraints on
the geometry of the associated deformation pattern. This geometry could be refined
in order to better fit the real data. Similarly, the nature of the stress field within
Piton de la Fournaise volcano and the overpressure within the intrusion could be
defined more accurately.

3- The constraints on the depth of the intrusion are missing. Indeed, high
displacement gradients can correspond either to a superficial intrusion or to
displacements associated a deep intrusion involving movements along lateral faults
that would create high gradients.

4- The displacements we model correspond to movements that might occur
immediately after the emplacement (co-eruptive displacements) of the intrusion

while there is a time delay between the emplacement of the intrusion and the
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recording of displacements using radar interferometry. This time delay, during which
stress is released and mechanical adjustments begin, can be the origin of some of

the differences between recorded and modelled displacements.

5- The eastern flank of Piton de la Fournaise volcano is likely to be affected by
fractures, faults or others types of local discontinuities, which are not reproduced in
the large-scale real topography of Piton de la Fournaise volcano we used in the
model. The slope gradients map of the EGBS (Fig. 4.6a), for instance, exhibits a
break-in-slope (area with lower gradients, i.e. between 5-10° in blue in fig. 4.6a)
between the steep eastern flank of the active cone and the Grandes Pentes. This
discontinuity corresponds to an area where no vertical displacements have been
measured (Figs. 4.5a and 4.6c). Other rectilinear break-in-slopes with very high
gradients (>30°), with NNW-SSE and ENE-WSW orientations, are visible from the
northwestern rim of the EGBS to the central sector of the Grandes Pentes (Fig. 4.7a).
These main morphological features, already described by Michon and Saint-Ange
(2008, Figs. 2.29, 4.6b and c), may control the pattern of vertical displacements
affecting the Grandes Pentes area, likely due to the occurrence of three different
“blocks”, moving independently and aligned along a fault oriented in the direction of
the regional N75-80° structural trend (Michon and Saint Ange, 2008; Fig. 2.29, Fig.
4.6b and c). The central and the easternmost “blocks” (characterized by positive and
negative vertical displacements, respectively, Fig. 4.6c) should be separated by a
fault that could be in continuity with the vertical collapse structure identified on the
northwestern rim of the EGBS. The westernmost “block” (showing a wide area
affected by negative vertical displacements, Fig. 4.6c) could be separated from the

central by a similar NNW-SSE oriented fault not visible at the surface.

159



7654000 e
7652000
7650000 §g

7648000

7646000 e B
TRy Lo e DA

362000 364000 366000 368000 370000 372000 374000 376000 378000

0.4

N 75-80 structural . A B%
trend : :

direction of main
morphological
structures

Figure 4.6: a- Slope gradients map of the Enclos-Grand Brulé Structure. AC: Active
cone; GP: Grandes Pentes; b- Main tectonic structures of the EGBS proposed by
Michon and Saint-Ange (2008); c- Vertical displacements during the 2007 eruption of
Piton de la Fournaise and tectonic features of the EGBS (from Froger et al, 2010).

To conclude, we propose that the pattern of displacements recorded during the
2007 eruption at Piton de la Fournaise was generated by the emplacement of a
subhorizontal intrusion below the eastern flank of the volcano (associated with a
subvertical intrusion at the base of the cone, occurred in March 2007). The
formation of this subhorizontal intrusion could be the consequence of the
reorientation of a subvertical intrusion injected from the magmatic chamber located
at the sea level of the sea, along an internal discontinuity within Piton de Ia
Fournaise volcano. The elevation at which the subvertical intrusion is horizontalized

is not well constrained, as information on the depth of the subhorizontal intrusion
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below the flank is missing. The slip along the subhorizontal intrusion (due to shear
stress) would be mainly responsible for lateral movements of the whole eastern
flank, the intrusion acting as a detachment plane (Fig. 4.7). Opening normal to the
subhorizontal intrusion might have favoured vertical movements of the eastern
flank. It acted on superficial subvertical faults, triggering separate vertical
movements (uplift/subsidence) of the blocks dissected by the faults (Fig. 4.7). The
maximum uplift is observed in the area where opening of the intrusion is maximum
(intrusion tip, Fig. 4.4a). In this model, the discrepancies observed between recorded
and modelled vertical displacements might be thus due to the structural complexity
of the Enclos-Grand Brulé structure. However, the deep geometry of these faults is
not clearly constrained. Michon and Saint-Ange (2008) proposed a model of
evolution of the Enclos-Grand-Brulé involving deep subvertical faults at the
transition between the upper and lower parts of the structure (Fig. 2.22d). The two
fault systems could be related but we have no information on the relationship

between these deep faults and the superficial ones we propose in our model.
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Figure 4.7: Possible mechanism explaining the occurrence of eastward and vertical
displacements observed during the 2007 event at Piton de la Fournaise volcano.

161



4.3.2- The 2007 event at Stromboli volcano

The subaerial part of Stromboli edifice is a small-volume edifice characterised
by steep slopes reaching 35° (see chapter 2) in the unstable area of the Sciara del
Fuoco. Such morphological features, associated to the nature of the plumbing
system of Stromboli, considered as made of 3 magmatic reservoirs whose shallower
one is located only 500 m below the summit of the edifice (Fig. 4.8), are influent in
the mechanism of flank displacements here. Slope instability phenomena at
Stromboli are represented not only by large-scale gravitational collapse, as
recognized in the past history of Stromboli (chapter 2), with mobilized volumes >
1km3, but also by medium —scale landslides, involving masses in the order of some to

tens Mm? (Tibaldi et al., 2008; Neri et al., 2008; Casalbore et al., 2010).
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Figure 4.8: Plumbing system of Stromboli volcano (from Metrich et al., 2001;
Bertagnini et al., 2003; Francalanci et al., 2004 and 2005);

Recent phases of flank deformation and/or collapses occurred in 2002-2003
(eruptive crisis associated to a tsunamigenic landslide of part of Sciara del Fuoco)
and in 2007. The event of 2007 is well-documented in terms of deformation due to
the improvement of the multi-parametric monitoring network that followed the
2002-2003 eruption and landslide at Stromboli (Bonforte et al., 2008). Before the

onset of the 2007 eruption, measured deformations were usually of small magnitude
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and related to the continuous settlement of Sciara del Fuoco after the landslide of
December 2002 (Bonaccorso et al. 2009). Ground deformation signals associated to
the 2007 eruption indicated the occurrence of rapid deflation at a shallow-
intermediate (about 2.8 km depth below the crater area) magma storage as source
mechanism.

As far as the Sciara del Fuoco is concerned, the observed deformations were
confined only to the northern part of this depression (with the highest velocities
recorded in the upper slope), without significant displacements in the central part
(Bonforte et al., 2008; Bonaccorso et al., 2009). Casagli et al. (2009) modelled the
ground displacements that occurred during the 2007 crisis based on interferometric
radar (GB-InSAR, Fig. 4.9) monitoring of the upper slope of Sciara del Fuoco and

structural geological field data.

Figure 4.9: 3D model of the Stromboli Island (Sciara del Fuoco slope and NE crater)
with the interferogram of 9/3/2007 obtained from the GB-InSAR (from Casagli et al.,
2009). The position of the radar is shown with the white symbol.

Strain field evaluated from numerical modelling confirmed the hypothesis of two
different types of intrusion that triggered different deformation patterns on the
Sciara del Fuoco slope (Casagli et al., 2009):

1- vertical intrusion of magma at a shallow level in the summit area (Scarfi et al.,

2010). NE-SW and NW-SE oriented eruptive fissures opened at 650-600 and 400 m
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asl, respectively, as a consequence of the downward propagation of the dike
downslope (Fig. 4.10; Neri and Lanzafame, 2009). The stress/strain analysis of Casagli
et al. (2009) related to the lateral propagation of the intrusion in the NE-SW
direction shows displacements in the order of half a meter, with the most deformed
zone located in the northern, upper-central part of Sciara del Fuoco (Fig 4.12a).

2- injection of a sub-horizontal intrusion in the summit area starting from the dike
and causing the formation of a bulge on the NW sector of Sciara del Fuoco.
According to the model of Casagli et al. (2009), this intrusion has a small extension
and generates localized displacements in the summit area. The maximum value of
the shear strain increment should be located in correspondence with the position of
an additional eruptive vent that opened at about 500 m asl just after this stage.
According to Giordano and Porreca (2008) the intruding dike may have then diverted
from the vertical shape and turned to inclined or subhorizontal, forming a temporary
small reservoir, which was later largely emptied by the vent at 500 m a.s.l. Neri and
Lanzafame (2009) interpreted the opening of this new vent as due to the lateral

propagation of a sub-radial dike from the central conduit of the volcano.
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Figure 4.10: Model of lateral intrusion of a vertical dike from the central vent during
the February 2007 eruptive crisis of Stromboli volcano, proposed by Neri and
Lanzafame (2009).

Casagli et al. (2009) modelled the displacements associated with the lateral dike
intrusion using a poro-elastic finite element model. With the MBEM used in this
study, we modelled total displacements associated with the same intrusion (same

geometry and depth of injection, Fig. 4.11, and submitted to 1 MPa overpressure)
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and compare the results with the one obtained by Casagli et al. (2009; Fig. 4.12a and
b). At Stromboli volcano, geotechnical studies showed that the Young’s modulus of
the edifice can be estimated at 2 GPa and the Poisson’s ratio at 0.28 (Apuani et al.,
2005a and b; Apuani and Corazzato, 2009). The density of the magma at Stromboli
volcano is assumed to be 1900 kg.m'3 (Apuani and Corazzato, 2009; Tibaldi et al.,

2009).
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Figure 4.11: Lateral (a) and vertical (b) view of meshed topography of Stromboli
volcano and the geometry of the modelled lateral dike in the northeastern part of
Sciara del Fuoco associated with the 2007 Stromboli eruption.

The comparison of the modelled displacements reveals that with both models, the
pattern of displacements of the Sciara del Fuoco slope is geometrically similar and
extends on similar areas. However, the amplitudes of modelled displacements are
quite different: in the model used by Casagli et al. (2009) total displacements range
from 1 to 45 cm in the eastern upper slope of the Sciara del Fuoco, consistent with
observed deformations, while with our model the Sciara del Fuoco is affected by
small-amplitude displacements reaching a maximum of 2.2-2.5 cm in the upper
eastern area. Several hypotheses can be made about the origin of these differences:
1 - The strong structural and mechanical heterogeneity of Stromboli volcano is
modelled more realistically using a poro-elastic model (as Casagli et al., 2009

applied) than an elastic model.
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2- Casagli et al. (2009) integrate the ground water conditions in their study,
assuming that the volcanic edifice is saturated below sea level and dry above it,
which is consistent with the absence of spring at Stromboli island. In our model,
ground water conditions are not taken into account.

3- In the modelling proposed by Casagli et al. (2009) the simulation was
implemented in successive stages, assuming the results of the previous stages as
conditions for the next one. Considering that the lateral propagation of the
subvertical dike is the fourth stage of this evolution, the modelled displacement field
associated with this dike is influenced by the previous displacements related to the
ascent of magma along the central vent of the edifice. In our model, instead, we only

study the intrusion of this dike, without considering other sources of deformation.
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Figure 4.12: a- Displacements modelled by Casagli et al. (2009), associated with the
lateral propagation of a vertical dike from the central vent during the 2007 Stromboli
eruption; b- Displacements modelled with our MBEM for the same lateral intrusion at
Stromboli volcano.

The emplacement direction of the 2007 vertical intrusion is consistent not
only with the 2002-2003 event (Acocella et al., 2006), but also with the recent
geological—-structural history of the volcano, when magma was mostly injected along
the main NE-trending weakness zone, with single dikes striking from NNE to E-W
(Casagli et al., 2009). Field surveys at Stromboli revealed that the vertical dikes can
abruptly bend into horizontal to sub-horizontal sills (Corazzato et al., 2008). This

bending has been observed within a succession entirely made of scoria and breccia
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deposits, a lithology similar to the one that composes the Sciara del Fuoco infill.
Moreover, dike feeding into sill is a widespread phenomenon observed in several
volcanoes (see Casagli et al., 2009 and references herein).

The possible “draining” effect exerted by the debuttressed zone of the Sciara
del Fuoco depression on the magma rising into the cone was recently recognized
(Tibaldi, 2004; Acocella and Tibaldi, 2005); this process in turn has the feedback
effect of further enhancing slope instability. Modelling results obtained by Casagli et
al. (2009) show that at Stromboli volcano vertical intrusions (possibly accompanied
by small-scale subhorizontal intrusion) are capable of generating displacements of
the northwestern flank of the edifice. Here, in fact, the extremely steep slope and
the occurrence of lithological and mechanical heterogeneities in the Sciara del Fuoco
(Tommasi et al., 2008) cause this sector to be prone to lateral destabilization.
Conversely, according to numerical models (Apuani and Corazzato, 2009), gravity
alone is not sufficient to affect the stability of the volcano slopes, but magma
overpressure during feeding processes is the dominant cause in generating lateral

instability at Stromboli (Tibaldi et al., 2009).

4.3.3- The 2002-2003 event at Etna volcano

Lateral spreading of the eastern and southern flanks of Etna volcano is a well-
documented phenomenon involved in the dynamics of this volcano (Borgia et al.,
1992; Borgia, 1994). InSAR data from Froger et al. (2001) allowed the recognition of
2 unstable sectors. The mobile eastern flank is much larger than the collapse scar of
the Valle del Bove (Fig. 4.13) and is bounded by the E-W striking transtensive
Pernicana Fault System, the N-S striking transtensive dextral Ragalna Fault System
(Acocella and Neri, 2005; Fig. 4.13) and the North-east and South rift-zones (Froger
et al.,, 2001). In this sector, structural features indicate on the whole eastward
movements. The southern mobile sector (Fig. 4.13) slides southward along a basal
decollement located 5 km below the edifice. The study of Froger et al. (2001)
underlines the major role played by tectonic structures in the control of lateral

movements affecting the eastern and southern flanks of Etna.
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Recent eruptive crisis of 2001 and 2002-2003 were associated with major
episodes of lateral displacements of the edifice and were both tectonically
controlled. Neri et al. (2005) showed that the 2001 eruption was the result of the
emplacements of a N-S oriented eccentric dike, consistent with the E-W regional
extension, causing seaward movements of the edifice, while the 2002-2003 eruption
was triggered by a flank slip of the eastern and southern sectors of the volcano.
Puglisi et al. (2008) used GPS survey and interferometry data to study the 2001
eruption of Etna. They showed that the subvertical intrusion of 2001 caused the
unbuttressed eastern flank to release the accumulated stress prior to the intrusion
by propagating deformation towards the east, away from the source of the
intrusion. This caused an acceleration of the sliding motion and an involvement of
peripherical fault systems of the edifice like the TFS (Fig. 4.13). Their model also
reveals that the décollement plane identified below the edifice extends beneath the
whole eastern flank of the volcano.

Several studies indicated that a close relationship occurred between magmatic
intrusions, tectonic activity along the major faults of the flanks of the edifice and
lateral failure of the flanks. Acocella et al. (2003) propose a model of flank slip in the
2002-2003 crisis, in which the inception of the instability occurred in 3 stages: in the
first one an earthquake occurred, secondly slip accelerated and the eruption started,

while in the third phase the deformation propagated southward and eastward (Fig.
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4.14a). According to Walter et al. (2005), the 2002-2003 slip event, involving an area
of more than 700 km?, was the result of a combined mechanism, 1- a pre-eruptive
intrusion of magma and the inflation of the volcano, inducing 2- the movement of
the eastern flank of Mount Etna along the Pernicana fault system (PFS in Fig. 4.13)
and the basal décollement, which facilitated 3- subvertical intrusions along the NE
and S rift zones and the onset of the eruption that was responsible for 4- the slip of
the eastern and southern flanks of the edifice, involving the Trecastagni and other

fault systems (Figs. 4.13 and 4.14b).
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Figure 4.14: Models of evolution of the mobile flank of Mount Etna during the 2002-
2003 crisis. Both models propose a common mechanism of flank instability in 3
stages involving magmatic intrusion, fault activity and lateral movements of the
flanks (from a- Acocella et al., 2003, b- Walter et al., 2005).
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According to Neri et al. (2004), during the 2002—-2003 event, extension along
the Northeast Rift Zone was accommodated by left-lateral motion along the
Pernicana Fault, whereas deformation of this area triggered faulting on the eastern
flank of the volcano. According to the authors, the inception of instability in the
eastern flank of Etna is related to eruptions in the NE rift zone, triggering large,
short-lived movements along the western portion of the Pernicana fault system and
small, long-lived displacements along the eastern portion. The surface deformation
might then migrate southward and eastward, reactivating other fault systems and
triggering lateral instability of a larger portion of the edifice.

From the model of flank instability at Piton des Neiges volcano (Famin and
Michon, 2010), we propose that subhorizontal intrusions could be emplaced along
the basal décollement at Mount Etna, triggering increments of lateral movements of
the eastern flank (as occurred in 2002-2003, steps 1 and 2 in the model of Walter et
al., 2005) and extension in the upper part of the edifice. These conditions may
enhance the injection(s) of subvertical intrusions along the rift zones (step 3), leading
to the slip of a larger sector of the edifice involving lateral faults systems, and

possibly lateral collapse of the eastern and southern flanks of the volcano.

4.3.4- Principal mechanisms of flank instability in basaltic volcanoes
The review of the dynamics of unstable flanks movements we carried out in
this section permits to distinguish two principal mechanisms causing flank-scale

displacements and/or lateral collapse on basaltic volcanoes.

Case 1: Gentle-sloped large-scale volcanic edifices where flank dynamics is
controlled by basal failure planes.

At Piton de la Fournaise and Etna volcanoes, we propose that the
emplacement of subhorizontal intrusions in a basal detachment/décollement plane
is a possible mechanism triggering lateral flank movements (Fig. 3.2a). While at Piton
de la Fournaise volcano the subhorizontal intrusion appears to be responsible for the

majority of the deformation affecting the flank, we suggest that at Mount Etna,
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subhorizontal intrusions only initiate flank instability through movements along the
basal failure surface. The slip movement is then amplified as initial lateral
movements favour subvertical intrusions along the rift zones, involving the fault
systems of the eastern and southern flanks of Mount Etna. Vertical pattern of
displacements recorded at Piton de la Fournaise shows that lateral faults also play a
role in the mechanical behaviour of the eastern flank of the edifice.

At Kilauea, the fault system forming the Hilina slump is connected to a deep basal
décollement (chapter 1 and 3; Fig. 3.2b) so that movements along the normal faults
coincide with movement along the basal plane (Dvorak et al., 1994; Denlinger and
Okubo, 1995) favouring lateral displacements of the south flank of Kilauea volcano.
Dvorak (1994) and Owen et al. (2000) showed that the movements along the
subhorizontal décollement at the base of the edifice were correlated to intrusions
along the east rift-zone. Some authors proposed a different model where the Hilina
slump would be rooted in a detachment located at 3-4 km of depth (Morgan et al.,
2003). In this case, subhorizontal intrusions con occur along this detachment plane,
triggering lateral displacements of the flank and movements along the Hilina fault
system.

Famin and Michon (2010) proposed that the northeastern flank of Piton des Neiges
volcano was undergoing large-scale movements through a combined mechanism of
deformation associated with repeated subhorizontal intrusions within a pre-existing
detachment fault. Indeed, hydrothermal alteration due to the heat of cooling
injections could be responsible for a slow inter-intrusion deformation of the flank
while the subhorizontal intrusions themselves would trigger rapid co-intrusive slip
along the detachment fault (section 4.1.2.1). This reveals an incremental mechanism
of long-term deformation associated with intrusion-related slow and rapid
displacements

At Fernandina volcano (Galapagos), the study of INSAR data from the eruption of
1995 revealed that a shallow-dipping intrusion below the western flank of the edifice
created flank-scale ground displacements (Jonsson et al., 1999, Fig. 4.15) of the
edifice. However, no tectonic system (lateral faults, detachment/décollement) seems

to play a role in the flank displacements observed at Fernandina volcano.
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Figure 4.15: Flank-scale deformation related to shallow-dipping intrusion during the
1995 eruption of Fernandina volcano, revealed by InSAR data (modified from Jonsson
etal., 1999).

Case 2: Flank instability on steep-sloped small-scale basaltic volcanic edifices

This mechanism applies to small-scale edifices affected by lateral instability
like Stromboli volcano, the submarine Monowai cone in the Kermadec arc (Wright et
al., 2008; Chadwick et al., 2008) or Oshima Oshima volcano. For this type of edifice,
which are basaltic stratovolcanoes, given the size of the edifice, a subvertical
intrusion may be able to generate flank-scale deformation (see the case of
Stromboli, 4.3.2). Due to their common steepness, it is likely to imagine that the
slopes of stratovolcanoes can be prone to lateral failure associated with a subvertical

intrusion.

These two different cases reveal that among the parameters involved in the
control and/or the trigger of lateral instability on basaltic volcanoes we defined in
chapter 1, some have a major role in inducing the phenomenon, such as the volume
and the nature of the edifices, their slopes, the presence of internal heterogeneities
(basal sliding surfaces) and the regional tectonics, controlling the influence of fault
systems on the mobility of volcanic flanks. The examples of Piton de la Fournaise,

Etna, Kilauea and Stromboli emphasize the importance of the relationship between
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magmatism and flank instability on basaltic volcanoes. We underline from field data
and modelling results that magmatic intrusion is often the key process that triggers

flank displacements likely to enhance lateral failure on basaltic volcanoes.

4.4- Further implications

4.4.1- Some insights into the nature and geometry of the superficial
plumbing system of Piton de la Fournaise volcano

The low-angle intrusion we modelled at Piton de la Fournaise for the April
2007 crisis (section 4.3.1) has a volume of 47 10° m® and should be injected from the
magmatic chamber below Piton de la Fournaise, whose volume has been estimated
between 0.1 and 0.35 km? (Albarede, 1993; Sigmarsson et al., 2005; Peltier et al.,
2007). However, there is a large discrepancy with the total volume of magma
emitted during the eruption of April 2007, reaching 230 10° m® (Bachélery et al,
2010, appendix 7).

The modelling results of pre-eruptive phases from Peltier et al. (2007) reveals
the presence of a magmatic chamber at sea level. According to Battaglia et al.
(2005), below Piton de la Fournaise a geological discontinuity should be located at
sea level, where the density of the magma is equal to the density of surrounding
rocks, favouring the accumulation of magma. Our data do not bring new information
on the existence and nature of this reservoir and we have no reason to disagree with
this assumption.

However, we are able to make some hypothesis on the nature of the
plumbing system overlying the sea level reservoir, at a depth of 1-2 km below the
summit of the volcano. We propose that subhorizontal injection of magma (together
with subvertical injections) is a recurrent mechanism affecting the central area of
Piton de la Fournaise volcano. This process should be responsible for magma storage
within the edifice and could be an argument to explain the continuous magma
inflation observed at Piton de la Fournaise volcano, as already proposed by Lénat
and Bachelery (1990) and Prono et al. (2009). According to those authors, in fact, the

shallow magmatic system at Piton de la Fournaise was made of a dense network of
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interconnected subvertical and subhorizontal intrusions. However, the storage
capacities of the edifice are limited. We consequently suggest that the uncommon
lateral injection of magma below the unbuttressed eastern flank of the volcano in
April 2007 acts as a “pressure valve” that permitted the edifice to accommodate a
new injection of magma. Lateral injections of magma trough subhorizontal intrusions
may bring the edifice to a mechanical equilibrium and could favour the withdrawal
of large volumes of magma, explaining the discrepancy between the

intruded/emitted magma volumes observed during the 2007 eruption.

4.4.2- Modelling of volcanic deformation processes

A first general implication of our modelling results is that the length/height of
the fractures and the topography have no major influence on the ratios of surface
displacements. As a consequence, these indications can be easily generalised to any
kind of topography and fracture geometry. However, the criteria we proposed from
our models are based on the detection of surface displacements associated with
single intrusive events, involving fractures which geometry is relatively simple.
Deformation patterns recorded during real intrusive episodes are usually much more
complicated as they can involve several fractures with complex geometries. In this
case, long and complex data inversion is needed in order to infer the characteristics
of the source of deformation.

Although being based on simple cases, our results can give first insights on
the source of a displacements field and yield very interesting constraints on the
initial stress field within volcanic edifices (the existence of anisotropy), information
of prime importance for modelling. Indeed, while most inversions carried out from
geodetic data, considering a dislocation as the source of the displacement, are
performed taking into account the opening of the fracture and assuming that no slip
occurs, the criteria we presented firstly focus on whether shear stress is involved or
not in the mechanical behaviour of an overpressured fracture. If the role of shear
stress in triggering large-scale lateral displacements on basaltic volcanoes is
determined, the component of displacement associated with the slip along the

fractures has to be also taken into account in the inversion processes used in
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qguantitative modelling of volcano deformation.

4.4.3- Improvement of the model

As it is well known, the modelling of natural process involves simplifications
of phenomena. In order to simplify a complex mechanism, some assumptions have
to be made. We studied displacement fields generated by fractures submitted to
different stress fields using a model where the medium is assumed to be
homogeneous and isotropic. The application of our theoretical results to Piton de la
Fournaise volcano showed that despite these assumptions, the displacements we
modelled were in good quantitative and qualitative agreement with the recorded
displacements, at least regarding the horizontal ones. However, the discrepancy
between modelled and recorded vertical displacements evidenced that these
assumptions could be source of approximations in the results. We hypothesized that
discrepancies were probably related to the fact that our model does not allow to
consider mechanical heterogeneities within the medium (i.e. portions were elastic
parameters vary, like rift zones) neither the presence of fractures and faults,
common in a realistic volcanic edifice. Further work needs to be done in order to
integrate heterogeneities in the model, as did Letourneur et al. (2008) for Piton de la
Fournaise volcano.

Moreover, in our model the medium is assumed to be elastic, as
displacements are linearly related to the stresses applied to the fracture (Hooke’s
law). This assumption implies some limitations of the model, which could be
overcome using a visco-plastic model. Indeed, magmatic intrusions are modelled as
fractures submitted to overpressure, but physical properties of the magma within
the intrusions should be also considered. In order to study more accurately the
interactions between the intrusions and the medium (and the stress field) in which
they are emplaced, a model in which parameters like magma viscosity within the
intrusion is required. Moreover, the evolution of the mechanical state of an edifice
over time is not taken into account in our model. If one wants to study the influence
of repeated intrusions over time, mechanical perturbations related to each intrusion

have to be added in time. The example of Stromboli volcano (section 4.3.2) showed
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that a poro-elastic model could be more adapted for the study of intrusion-related
field displacements on basaltic volcanoes. In their model, Casagli et al. (2009)
consider the parameter of the ground water conditions of Stromboli island. This
factor has an influence on the pore pressure within the edifice (Ilverson, 2000;
Gressier et al., 2010) but is not taken into account in our model, although most of
the basaltic volcanoes are island volcanoes.

Finally, the study of intrusion-related displacements fields could be coupled
with a mechanical study of flank stability in order to better constrain the mechanical
conditions (referred to as “threshold of stability” in this discussion) under which the
flanks of a basaltic volcano might fail. This is @ major issue in the assessment of the
risk associated with landslide-related tsunamis on island volcanoes (see prospects

for the examples of La Reunion and Stromboli).
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General conclusions

Active basaltic volcanoes are revealed to be dynamically evolving structures,
the growth and development of which are characteristically punctuated by episodes
of instability and structural failure occurring instantaneously or over a long period of
time. Multiple destabilization processes operate simultaneously, in response to a
perturbation of the mechanical equilibrium of an edifice, producing events of varying
magnitudes and frequencies. Some volcanoes appear to have a far greater potential
for failure than others. The study of nature and evolution of basaltic volcanoes
showed that among the factors of instability, involved in long-term instability and/or
sudden failure events, some are clearly identified and their role well-constrained
while the influence of other parameters remains poorly understood.

In particular, the comparative description of geological settings and of the
morphological and structural features of two end-member basaltic edifices, La
Reunion shield edifice and Stromboli stratovolcano, revealed that :

1- these two volcanic systems are located in different geodynamic settings, a
tectonically active subduction setting at Stromboli while La Reunion is a hotspot-
related edifice in an inactive area.

2- the systems are made of several coalesced volcanoes.

3- the nature and volumes and the edifices are not comparable, Stromboli
representing 0.7 % of La Reunion.

4- the evolution of the edifices occurred on different time spans.

However, La Reunion and Stromboli present some similarities:

1

they experimented a similar evolution made of recurrent flank collapses.

2- they both are affected by an intense intrusive activity along rift zones
controlled by regional tectonics and the geometry of collapse structures.

It appears that the geodynamic context is probably not a first-order factor of control
of the process of lateral instability of basaltic volcanoes. Conversely, the examples of
La Reunion and Stromboli illustrate that intrusive activity is likely to play a major role

in the evolution of basaltic edifices.
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Subsequent work has been dedicated to the numerical study of the
relationship between magmatic intrusions and deformation of basaltic volcanoes
through a Mixed Boundary Element Method, combined to new field data on the
Piton des Neiges volcano (La Reunion Island). We emphasize the major importance
of field studies carried out in the internal structure of eroded volcanoes in order to
understand the mechanisms of eruptions on active volcanoes. Such studies also
allow the exploration of the origin of observed structures, their geometry and their
structural relationship with the host formations. Our results from numerical
modelling bring new insights on the contribution of magmatic intrusions in the
process of volcano flank instability. The statistical study of the populations of basaltic
intrusions from published data and recent measurements on basaltic volcanoes
show that not only the role of subvertical but also of subhorizontal intrusions has to
be considered in the morpho-structural evolution of basaltic volcanoes, principally in
the process of flank instability. The quantitative importance of low-angle intrusions
is reinforced by the theoretical analysis we carried out using a MBEM. On the basis
of surface displacements generated by overpressured fractures, we introduce some
criteria of detection of the geometry of magmatic intrusions and determination of
the stress field within volcanic edifices. Our study reveals a new model of
interaction between intrusions and flank-scale movements: the co-intrusive shear
stress creating slip along subhorizontal intrusions in an anisotropic stress field leads
to flank-scale displacements of basaltic edifices, likely to trigger large sector
collapses of the edifices if mechanical conditions favourable for failure are reached.
Moreover, applications of theoretical results to basaltic volcanoes like Stromboli,
Piton de la Fournaise or Etna permitted to propose mechanisms of flank
destabilizations where magmatic intrusions have major influence on the stability of
the edifices. However, no general model emerges as the diversity of geometries (and
structures) of basaltic volcanoes and their magmatic systems leads to a diversity of
mechanisms of flank instability.

The results we present have more general implications on the modelling of
deformation processes of volcanoes: we showed that the existence of shear stress
within volcanoes is a key factor to take into account in future models, in order to

achieve more realistic studies of volcanoes behaviour and deformation, leading to a
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better understanding of the processes involved in their evolution. This is a
challenging issue for the scientific community as most of the unstable basaltic
edifices worldwide are island volcanoes where flank failure is prone to cause

catastrophic tsunamis.
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Prospects

Flank collapses on basaltic volcanoes and associated
tsunami hazard. The examples of La Reunion and
Stromboli.

Flank destabilisation on basaltic volcanoes is generally the consequence of a

combination of processes involving intrusive and/or extrusive magmatic activity, movements
of large volumes of volcanic material along faults or sliding planes, seismic activity linked to
these movements or rock fracturing. This diversity of phenomena implies a diversity of
hazards associated to flank instability on basaltic volcanoes.
The 2002-2003 eruption of Mount Etna volcano is a good illustration of the relationships that
occur between classical magmatic activity and slipping of a volcanic flank. Walter et al.
(2005) studied the feedback processes magmatic processes and lateral collapse during this
eruption and showed that a complex mechanism affected the volcano.

A close interrelation between magmatic processes and flank movements can occur
and generate several types of hazards associated to seismic activity along the major faults
involved in the slipping of the flank, lava flows and ash fallout directly related to eruptive

activity and possible landslide-generated tsunami waves.

Lateral failure of volcanic edifices produces landslides ranging enormously in terms of
volume (McGuire, 1996). When they occur on volcanic islands, these landslides are prone to
generate tsunamis of variable sizes, representing a major threat to the populations of these
islands. About 5 % of all tsunamis are thought to have been formed by volcanic activity and
at least a fifth of these results from volcanically induced landslides (Smith and Shepherd,
1996). Keating and McGuire (2000) did a review of the main landslides and tsunamis
associated to failure of volcanic island edifices. This chapter is dedicated to the study of

tsunamis generated by flank collapse at La Reunion island and Stromboli island.
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1- Landslide-generated tsunamis at La Reunion island

During its evolution, the La Reunion island and its 3 volcanic edifices were the
location of numerous voluminous landslides (Fig. 1). At least 50 major events were
recognised in the last 2 Myrs, from the identification of submarine debris avalanche deposits
on the flanks of the island (Labazuy, 1996; Oehler et al, 2008, Fig. 2.26), giving a recurrence
interval of one major landslide every 40 000 years. Some smaller landslides also occurred
during the growth of the island. The last lanslide that affected Piton de la Fournaise volcano
is related to the formation of the Enclos-Grand-Br(ilé depression, about 4500 years ago

(Bachélery and Mairine, 1990).
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Figure 1: Number of landslides and their volumes for the 3 edifices of La Reunion island (Piton
de la Fournaise, Piton des Neiges and Les Alizés). The volumes correspond to V- < 1 km?; 1 <
V+ < 10 km®; 10 < V4+ < 100 km®; V+++ > 100 km® (From Oehler, 2005).

These landslides can be subaerial or submarine and it is likely that some of them
were associated to tsunamis that damaged the coasts of La Reunion. Although major
collapse events have a recurrence time that make them negligible at human scale, it is
important to consider smaller volumes destabilization, whose recurrence interval is probably
shorter, in the mitigation of tsunami hazards at La Reunion island (and other volcanoes),
although few evidence of tsunami-related deposits are available on the island. La Reunion

presents a high vulnerability to tsunamis due to several factors:
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1- its population, about 800 000 inhabitants, is gathered on the main cities all
spread along the coast of the island, like the capital Saint-Denis and its 150 000
inhabitants.

2- The important demographic growth of the island, whose population could reach
the million of inhabitants in the next decade.

3- All the main infrastructures of the island (airport, main roads, economic and
industrial centers...) are directly concerned as they are on the coasts, or at very

low altitude.

Based on the study of inland debris avalanche deposits related to the destruction of Piton
des Neiges volcano, Bret et al. (2003) identified 3 main risk scenarios, depending on the
volume of the removed material, from minor rock falls to major debris flows. His study
doesn’t consider the submarine component of these collapses but it is easy to understand
that major subaerial destabilization has the power to trigger tsunamis.

The first study of the formation, propagation and impact of tsunami waves related to a
lateral instability of Piton de la Fournaise was carried out by Kelfoun et al. in 2010 (Fig. 2).
These authors used a new numerical model to discuss the consequences of a tsunami
generated by the collapse of part of the eastern flank of Piton de la Fournaise within the
Enclos-Grand-Br(ilé structure. A simulated landslide of 10 km® (Fig. 2a) spreads in 2 main
lobes (Fig. 2b) due to the presence of a submarine relief in front of the Enclos scar, called the
Eastern Submarine Buldge by Oehler (2007). It travels up to 45 km from its source and
creates a deposit with a mean thickness of 20 m, reaching more than 50 m at the front (Fig.

2b).
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Figure 2: Geometry of a 10 km® landslide affecting the eastern flank of Piton de la Fournaise
volcano (a), and the numerical results of the morphology of the associated deposit (b), the
propagation of the landslide-generated tsunami-waves (c) and the maximum amplitude of
the waves hitting the coast of La Reunion and Mauritius islands (d), modified from Kelfoun et
al., 2010.

The interaction between ocean water and the landslide generates a succession of waves that
propagates and hits the coast of La Reunion island, with a maximum wave amplitude of
more than 50 m on the NE and SE coasts (Fig. 2c and d). The model of Kelfoun et al. (2010)
shows that the capital of the island (Saint-Denis) is hit by a first 10 m high wave 12 minutes
only after landslide while a second wave of 25 m reaches the city 18 minutes after the
landslide. The island of Mauritius is also affected by large amplitude waves (Fig. 2d).
This kind of tsunami leads to evacuation times as small as 2 minutes before the first wave
reaches the nearest coast, and 10 to 20 minutes for the island to be encircled.

This study reveals that the consequences of a 10 km® landslide of the eastern flank of
Piton de la Fournaise volcano are dramatic on a local scale (Mascareignes Plateau) but

smaller on a regional scale (Indian Ocean). For what regards the evacuation plan at La
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Reunion, a program called “Plan de Secours Spécialisé Tsunami” was created after the
tsunami that affected La Reunion in 2004 after the December 2004 Andaman earthquake
(Indonesia). However, this plan only concerns seismic-related tsunamis and there is no plan
dedicated to the prevention of damages caused by landslide-related tsunamis at La Reunion
island.

Although the hazard associated to this kind of landslide is very small on human scale
(low recurrence time and large volume), this first risk scenario gives first insight on the
consequences of a landslide in terms of tsunami and damages. It clearly indicates that less
voluminous events are to be considered in the evaluation of the risk associated to flank

instability at La Reunion island and the creation of an adapted plan of risk assessment.

2- Landslide-generated tsunamis at Stromboli island

Although the inhabited areas of the Island are located in safe parts, they remain
under the threat of hazards related to paroxysmal activity and tsunamis. The low stability of
present day Sciara del Fuoco, whose subaerial part, made of loose clastic material, grew on
steep unbuttressed slopes, represents a major potential hazard.

According to historical reports in the last century, the Stromboli coast was struck by six local
tsunamis, most of them likely generated by submarine landslides (Maramai et al., 2005).
The formation of the Sciara del Fuoco depression 5000 years ago (Pasquaré et al., 1993;
Tibaldi, 2001) is thought to have been the source of a South-Tyrrhenian-wide tsunami (Tinti
et al., 2000). Tanner and Calvari (2004) identified a brecciated deposit that could be linked to
the tsunami caused by the formation of Sciara del Fuoco collapse.

The submarine continuation of the Sciara del Fuoco scar is covered by a major fan deposit as
far as 20 km from the coast of the island, down to more than 2600 m b.s.l., representing 28
% of the whole volcano surface (Bosman et al.,, 2009). The estimated volume of the Sciara
del Fuoco last collapse ranges from 0.97 to 1.81 km® according to Kokelaar and Romagnoli
(1995) and is close to 0.73 + 0.22 km? for Tibaldi (2001). A least 2 other Sciara del Fuoco-like
collapses occurred in the last 13 kyrs, giving a recurrence time of about 4.3 kyrs for landslide
events comparable to the 1 km? collapse of the Sciara del Fuoco. The modelling results of
Tinti et al. (2000) showed that a landslide of 1 km3 generates tsunami waves that form a

circular wave system with amplitude ranging from 10 to 40 m in front of the Northern coast,
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near Ficogrande where the village of Stromboli lies close to the sea. The waves reach the
most part of the island 200 seconds after the initiation of the landslide and larger effects are
produced after 300 seconds. However, this type of voluminous landslide is not the most
frequent at Stromboli island but has to be considered as an extreme scenario in the hazards
associated to flank collapse at Stromboli.

Based on bathymetrical data and morphological features of the submarines flanks of
Stromboli island, Casalbore et al. (2010) underlined that the island has a great potential for
repeated submarine medium-scale tsunamigenic landslides. The recent occurrence of the
landslide-tsunami event that affected the NW flank of Stromboli volcano on December 30th,
2002 showed that a medium-scale submarine mass failure may represent a significant and
not infrequent source of hazard (Tommasi et al., 2008; Chiocci et al., 2008). The volume of
the collapse was estimated at about 28.10° m?® (Chiocci et al., 2008). The landslide of
December 2002, the propagation of the tsunami and its consequences were modelled
numerically by Tinti et al. (2005). The results show that medium-scale submarine landslides
at Stromboli are a major threat as they can hit the whole in less than 4 minutes after the
initiation of the collapse. Moreover, the most affected area is the northern coast where the
Stromboli village lies, where waves as high as 5 to 10 meters can struck the shoreline (Fig. 3

and 4).
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Figure 3: Run up of the tsunami waves associated to the December 2002 collapse of a portion
of the Sciara del Fuoco that struck the northern coast of Stromboli island (modified from Tinti
etal., 2005).
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Given the instability of Sciara del Fuoco, recurrent medium-scale events of destabilization
have to be taken into account as they are able to generate destructive tsunamis affecting the
most habited area of the island, with a recurrence time certainly much smaller than the 4.3

kyrs estimated for Sciara del Fuoco-like collapses and associated tsunamis.

Figure 4: Northeastern coast of Stromboli island, showing the maximum run up of the
December 2002 tsunami (red dashed line) and the operative center (COA) created by the
italian civil protection after the crisis of 2002-2003 (from Bertolaso et al., 2009).

In the days that followed the December 2002 tsunami, surveys were carried out on the
Aeolian islands and the surrounding coast in order to measure the run ups of the waves,
evaluate the damages and gather information from the local populations (Maramai et al,
2005b). After the 2002-2003 crisis at Stromboli, and the dramatic impact of the tsunami on
the inhabitants and the public opinion, the Italian government together with the civil
protection created an operative center (COA, Fig. 6.4) whose objective was to monitor
continuously the volcano and the associated hazards (Bertolaso et al., 2009). An alert system
was created in order to warn the population in case of tsunami and shelters were installed in

the higher parts of the island to protect the populations.

While deformation of basaltic volcanoes related to magmatic processes like
intrusions or reservoir inflation can affect an edifice over long time spans, the collapse of a

volcano flank is usually an instantaneous phenomenon leading to catastrophic damages
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related to landslide-generated tsunamis. It appears very difficult to forecast instantaneous
flank failures and the examples of La Reunion and Stromboli islands clearly show that the
hazards associated to medium-scale instabilities on the flanks of the edifices is not negligible
and has to be considered in the creation (La Reunion) or improvement (Stromboli) of

evacuation and protection plans.
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Co-intrusive shear stress triggers flank collapse on basaltic
volcanoes

T. Catry (1,2), V. Cayol (3), L. Michon (2), M. Chaput (2), V. Famin (2), C. Romagnoli
(1)

(1) Dipartimento di Scienze della Terra e Geologico-Ambientali, Universita di Bologna, 1 Piazza di
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Kessler, 63038 Clermont-Ferrand, France.

Abstract

Most basaltic volcanoes are affected by lateral instabilities of their flank during their
evolution. Classical models consider the relationship between vertical intrusions of
magma and flank movements along a preexisting sliding surface. A set of published
and new field data allowed us to recognize the role of subhorizontal intrusions in the
process of flank instability and to characterize the geometry of both subvertical and
subhorizontal intrusions. This study compares the results of numerical modelling of
the displacements associated to high-angle and low-angle intrusions within basaltic
volcanoes. We use a Mixed Boundary Element Method to investigate the mechanical
response of an edifice to the injection of magmatic intrusions in different stress
fields. Our results indicate that the anisotropy of the stress field favours the slip
along the intrusions due to cointrusive shear stress, generating flank-scale
displacements of the edifice, especially in the case of subhorizontal intrusions,
capable of triggering large-scale flank collapses on basaltic volcanoes. Apart from
previous models of subvertical intrusions-related mechanism of collapse, our field
study combined to theoretical approach confirms the importance of shallow-dipping
intrusions in the morphostructural evolution of basaltic volcanoes with particular
regards to flank instability.
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1- Introduction

Besides erosion, flank collapse is the main cause of destruction of volcanic edifices
(e.g. Moore, 1964). A longstanding problem in volcanology is to explain why flank
collapse often coincides with periods of enhanced magmatic activity. In a first
category of proposed explanations, the flanks of a volcano could slide on a basal
shear plane dipping outward (i.e. a detachment) or landward (i.e. a decollement),
pushed by recurrent subvertical magma injections (i.e. dikes) into the rift zones
(Swanson et al., 1976; Dieterich, 1988; Iverson, 1995; Elsworth and Voight, 1995).
However, this model requires an unrealistic amount of intrusions of reasonable
dimensions to yield the observed surface deformations of volcano flanks (Iverson,
1995). An alternative end-member model has been recently proposed, in which the
injection of subhorizontal intrusions (i.e. sills) in planes of weakness activates flank
sliding by the sole action of gravity (Famin and Michon, 2010). The mechanical ability
of such low-dipping intrusions to destabilise a volcanic edifice remains to be tested.
In this paper, we investigate how planar intrusions can induce or enhance flank
collapse in a volcano, depending on their geometry. To do so, we first provide a
review of the most commonly observed intrusion geometries in basaltic volcanic
edifices undergoing recurrent collapses. Using a numerical Boundary Element
Method, we then evaluate the pattern of co-intrusive strains related to each
intrusion geometry and the associated stress field. This relationship between
geometry of intrusions and deformation is investigated in the case of an edifice
loaded by either an isotropic or an anisotropic stress field. Our numerical study not
only shows that some intrusion geometries generate larger deformations and more

flank collapse than others; it also provides keys to identify these geometries from the
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pattern of surface edifice deformations. These theoretical results could be applied to
evaluate the destabilisation hazard of an eruptive crisis, provided that the surface

deformations are monitored in real time.

2- Sheet intrusions within basaltic edifices

In basaltic setting, magma is injected in the edifice as sheet intrusions rooted in a
magma reservoir. Field analyses carried out on active and extinct basaltic volcanoes
in Hawaii, American Samoa, Fogo, Tenerife, Stromboli and La Réunion have revealed
that steeply-dipping intrusions (70-90°, Table 1) are dominant in the upper part of
the edifices (< 1 km depth) (Walker, 1986; Zbinden and Sinton, 1988; Walker and
Eyre, 1995; Day et al.,, 1999; Marinoni and Gudmundsson, 2000; Tibaldi, 2003;
Letourneur et al.,, 2008). These intrusions are concentrated along preferential

pathways (the rift zones).

A strikingly different geometry have been described for the intrusive complex
injected in the lowermost units of the volcanic edifice of La Gomera (Canary
archipelago), where most of the sheet intrusions present outward shallow dips
ranging 0° to 30° (Cendrero, 1970, Ancochea et al.,, 2008). These intrusions are
related to the development of a shield volcano that underwent successive flank
collapses (Ancochea et al.,, 2006). Then, the volcano was cut by sub-vertical dikes
related to the younger edifice (Ancochea et al. 2006). Finally, abundant shallow
dipping intrusions also developed in the submarine sequence of La Palma (Canary
archipelago), above the plutonic complex (Staudigel and Schmincke, 1984;

Fernandez et al., 2002). In a similar way to La Gomera, shallow-dipping intrusions are
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cut by subvertical dikes related to the younger edifice (Staudigel and Schminke,

1984).

In the southern part of Piton des Neiges volcano, the deeply incised extinct volcano
of La Réunion, about 60% of sheet intrusions have a dip lower than 40°. These
intrusions, which display radial outward dip directions (Fig. 1), are either scattered in
the lava pile or concentrated in narrow deformation zones. On the northern flank of
Piton des Neiges, the majority of sheet intrusions also dip outward at low angle (<

30°), and are injected in a detachent (Famin and Michon, 2010).

Thus, besides subvertical intrusions, subhorizontal magma injections may occur in
basaltic volcanoes. The difference in the structural level cut by each intrusion
geometry, i.e. in subsurface for subvertical intrusions and at depth for subhorizontal
ones, suggests that magma is injected subhorizontally at depth and subvertically in
the upper part of the edifice. We consequently aim at understanding with a
numerical Boundary Element Method the role of subvertical or subhorizontal magma

injections in the volcano stability.

3- Numerical modelling of sheet intrusions

Theoretical studies indicate that magma should intrude perpendicular the least
principal stress (Anderson, 1938). If the intrusion intrudes a preexisting fracture or
fault (Currie and Ferguson, 1970; Gudmundsson, 1983), or is guided by a rheological
contrast (Kavanagh et al., 2006; Menand, 2009; Maccaferri et al., 2010), the intrusion
might be emplaced in a direction oblique to the minimum principal stress, resulting

in normal and shear displacements as preexisting shear stresses are relaxed to zero
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as the fracture opens.

3.1 Model description

In order to study the response of a volcano to such an intrusion, we use a Mixed
Boundary Elements numerical Method (MBEM) (Cayol and Cornet, 1997) for linear
elastic, homogeneous and isotropic media.

The MBEM is a fully three dimensional method which considers realistic
topographies as well as any number and geometry of sources, such as magma
reservoir, intrusions or faults. Boundary conditions are stresses. Here, perturbations
(driving stresses) of the initial state of stress are calculated and applied to the
fractures in order to investigate the resulting displacement field. Our model is static,
as we are interested in the final deformation produced by the intrusion.

A Young’s modulus E = 5GPa and a Poisson’s ratio v = 0.25 were inferred from
seismic velocities at Piton de la Fournaise neighbour volcano (Nercessian et al., 1996;
Brenguier et al., 2007; Prono et al., 2009), cgrrected by a factor of 0.25 to account
for the difference between dynamic and static moduli at a low confining pressure
(Cheng and Jonston, 1981).

The topography and the fractures (sheet intrusions) are meshed by triangular
elements. Mesh density increases in areas where deformation gradients are
expected to be the largest and decreases further (Fig.2). Slopes of basaltic volcanoes
usually range from few degrees to 12° (Rowland and Garbeil, 2000) although some
volcanic edifices, such as Piton de la Fournaise and Stromboli, have unusual slopes
locally reaching 20 to 35°. An axial-symmetrical cone-shaped topography with 20°

slopes is thus used (Fig.2). As the slope of the edifice has little influence on
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displacements if it is not steeper than 20° (Cayol and Cornet, 1998), this assumption

seems reasonable.

3.2 Intrusions geometry

Since the geometry of subhorizontal intrusions is poorly-constrained by field data,
we assumed both kind of intrusions are planar and have a trapezoidal shape (Fig.3a).
Indeed, at Piton de la Fournaise volcano, the inversion of Insar and GPS data showed
that the geometry of intrusions that occurred in the 1998-2005 period (Fig.5a,
Fukushima et al., 2010; Peltier et al., 2007; Peltier et al, 2008) was very often
trapezoidal . Here, the size of the intrusions is such that both sills and dikes have the
same area. Following field studies, we assume that subvertical intrusions have dips
ranging from 60 to 90° and that subhorizontal intrusions have dips ranging from

180° to 200° (Fig.3b).

The intrusions are assumed to be injected from a reservoir located at 2.5-3 km below
the summit of the edifice, corresponding to the level of neutral buoyancy in basaltic
edifices (Tilling and Dvorak, 1993). Neutral buoyancy is the level where magma
density equal density of the surrounding rocks. This depth is the depth of the top of
summit reservoir determined at Kilauea, Mauna Loa, Krafla (Tryggvason, 1984) and
Piton de la Fournaise (Peltier et al., 2007 and 2008; Nercessian et al., 1996; Battaglia
et al., 2005). As the modelled edifice is 2.5 km high, in our models, the top of the
subhorizontal intrusions and the bottom of the subvertical intrusions are located at

sea level, beneath the axis of symmetry of the topography.
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3.3 Principal stresses in the edifice

Initial principal stresses in the elastic medium are assumed to be parallel to the
geographic axis at the location of the intrusions. Indeed, maximum principal stress
directions resulting from gravity-loaded models, were shown to be subvertical
except for the shallowest part of the edifice where they become parallel to the

ground surface (Cayol and Cornet, 1998; Letourneur et al, 2008). These principal

stresses will be refered to as fv and fh, for the vertical and horizontal principal

stresses, respectively.
We define the stress ratio k as

k=on/ov (1)
In this study, displacements associated to injections in edifices loaded by two
different initial state of stress are compared. (I) the initial stress is assumed to be
isotropic with terms equal to the weight of rocks such that the ratio k is 1 (ii) the
initial stress is assumed to be anisotropic, such that the maximum principal stress is
vertical and the ratio k is <1.
A crude estimate of the crust stress ratio k is given by considering a half-space
deforming uniaxially under its own weight (no horizontal extension). For this special
case, the stress ratio is determined to be (Jaeger and Cook, 1979):

o, v

o, (1-v)

=1/3 for v=0.25 (2)

This loading neglect pore fluids anﬂ that fact that the state of stress in a edifice
] . . . . .

results from the successive episodes of tectonic loading and faulting. There are

several evidence that the crust is critically stressed. In volcanic islands as well as

continental crust, stress changes created by fluids movement, whether magmatic
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(Dieterich et al., 2000), acqueous or gasous (Roeloffs, 1996; Segall et al., 1994) or
resulting from fault motions (Stein et al., 1992; Segall et al., 2006), trigger seismicity.
In situ stress measurements in deep wells and Boreholes worldwide (Townsend and
Zoback, 2000) show that Coulomb failure theory, using friction coefficients, u, in the
range of 0.6-1, give predictions that are consistent with the measurements. These
studies also indicate that pore pressures are close to hydrostatic. ADssuming the crust
is in a state of failure equilibrium, we can compute the stress ratio k of a fluid

saturated crust as :

42 -
On N AH ZH 5P H (3)

O, I+ +u  PoAl+i +p
where, p, and p, are the density of water and the bulk density of volcanic rock,

respectivgy. Taking = 2700 kg/m3 and considering friction coefficients

O . . .
corresponding to extreme values of laboratory experiments (0.6-1), we get ratios of

on / oy ranging fromon /6y =0.5for =1toon/oy=0.9for =0.6.
Here, we have chosen to investigate the displacements induced by stress anisotropy

such that: 06<k<1 (4)

3.4 Applied traction perturbation

At the fracture surface (see Figure 4 for a description of the model parameters), the
stress perturbations tensor corresponding to the intrusion of magma in the elastic
rock matrix is defined as :

P (z2)-ko,(2) 0 0
Ao(z) = 0 P (2)—ko,(2) 0 (5)
0 0 P, (2)-0,(2)

where P (z), the magma pressure is created by the magma density, p,,
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in the inclined fracture with its top at z, and an constant
overpressure AP,, inherited from the magmatic source:
O
P (2)=p,g(z,—z)+ AP, (6)

O
We asume that, in the edifice, the maximum principal stress o, is lithostatic. It is given by

- GV(Z) = prg(Zsu;ff _Z) (7)

jis the elevation of the surface above

sur

Here, p, is the bulk density of rocks and z

1
each fracture element.

1

Normal stress change, Ao, (z), and shear stress change, Arz(z), resolved on the

fracture, dipping at an angle «, can be computed from equation (5) and are given as:

“Ac (2)= P, (2)— o (2)(ksina® + cosa?) (8)
0
and
- Atr(z)=o,(k—1)cosasina (9)

Practically, in our boundary element code, we apply tractions vectors, T, to each
triangularDeIement of the fractures corresponding to:

T=Ao(z)n, (10)
where Aot(z) is given by (5) and n =(sine,0,cosa)’ is the unit normal vector to the
O

fracture.

(!
In the calculations, we the take the same bulk density of rocks as used for defining

ranges of stress ration = 2700 kg/m3. The picritic magma density is taken as p, =

3200 kg.m's. We also compute the value of so that the mean value of the
]

normal stress change corresponds to normal stress change generally

inferred for intrusions. From the inversion of GPS and InSAR displacements

associated to recent eruptions of Piton de la Fournaise volcano (Peltier et al, 2007;
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2008; Fukushima et al., 2010), values of overpressure were determined to range
from 0.3 to 6 MPa.

At Stromboli volcano, using ground-based InSAR displacements and forward
numerical modelling, Casagli et al. (2009) estimated overpressures of 0 to 1 MPa for
the pre-effusive displacements of the 2007 eruption.. At Sierra Negra volcano
(Galapagos Island), a sill overpressure of 4.5 MPa was estimated at a depth of 2 km
from the inversion of InSAR data. In our models, we assume a mean value of normal

stress change of Ao, (z)=1 MPa.

4- Resuqts

Modelling results for several dip angles of subhorizontal and subvertical intrusions
are first presented at the beginning of the section then 2 cases are discussed : 1-
a75°-dip intrusion, as described in Oahu Island (Walker, 1986) and determined from
Piton des Neiges data and 2- a 10°-dip intrusion, as determined for sills at Piton des
Neiges. We compare the maximum opening and slip at the intrusion surface and
surface displacement of the edifice , for stress fields having different stress

anisotropies k and dip angles.

Dip of the intrusion (Fig. 5)

In an anisotropic stress field, the opening of the subhorizontal intrusion increases
when the dip increases due to the decreasing effect of o verticai When the inclination
of the sill gradually reaches 200°. The opening is then facilitated in the direction of
the smallest stress. The case of the subvertical intrusion is more complex: one can

intuitively expect that when the subvertical intrusion becomes vertical, the opening
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is higher than for a intrusion inclined of 60° because of the decreased influence of
the vertical stress. However, the opening of the intrusion increases when its dip
decreases. The behaviour of the opening of the subvertical intrusion can be
explained by the fact that the slip increase (Fig. 5b), which facilitates the opening in a
direction normal to the intrusion, balancing the effect of the vertical stress. The
opening of the intrusions in an anisotropic stress field is therefore influenced by the
dip of the intrusion and the shear stress creating slip along the intrusion.

Figure 7b shows that in isotropic conditions there is no slip along the intrusions,
whatever their dip, while in anisotropic stress field an increase of the dip of a
subhorizontal intrusion creates an increase of the slip along it because the shear
stress is stronger when the obliquity towards 63 (= Ohorizontal) iNcreases. The slip along
the subvertical intrusion increases with the decrease of the dip due to stronger
influence of 0 vertical (l0ad of the edifice).

The fact that in isotropic stress field, the dip has no influence on the slip along the
intrusions which is always close to O (Fig. 5b) and poor influence on the opening of
the intrusions (Fig. 5a) results in small-amplitude surface displacements (Fig. 5c and
d). On the contrary, the fact that an anisotropic stress field favours the increase of
opening and slip due to dip variations creates large amplitude displacements at the
surface of the edifice (Fig. 5c and d).

Large scale deformation events seem to require a combination of opening of the
intrusions and slip along the intrusions, enhanced by the anisotropy of the stress

field loading the edifice.

Anisotropy (Fig. 6)
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This section investigates the role of the anisotropy on the opening, slip, and surface
displacements. This has been tested for dip values fixed at 75° and 190° for the
subvertical and subhorizontal intrusions, respectively (Fig. 5b).

When the anisotropy raises (k from 1 to 0.6) the opening of the intrusions increases
because the horizontal component of the stress is smaller and smaller compared to
the vertical stress. Normal opening in the direction of the the horizontal stress is
thus favoured. This increase is larger for high-angle intrusion than for low-angle one
because this latter is submitted to stronger effects of the edifice load (Fig. 6a). The
increase of the anisotropy ratio facilitates the slip along the intrusions because 03 (=
Ohorizontal) iS lower and lower compared to Oyertical (= 01), increasing the shear stress
(Fig 6b). Finally, since a low value of anisotropic stress field encourages the
combined effects of opening and slip, it creates large amounts of internal and
eastward surface displacements of the edifice (Fig. 6c and d), confirming the

previous results of figure 5.

Opening and slip

In this and in the following section, the results obtained for a 75°-dipping and 190°-
dipping intrusions are taken into account in case of isotropic and anisotropic stress
field, respectively. In our model, all magmatic bodies are intruded at the level of the
sea. An internal overpressure of 1 MPa in a subvertical intrusion (75°) creates, in an
isotropic stress field, a maximum opening (thickness) reaching 1 m at the center of
the intrusion (Fig.7al). Because of the isotropic stress field, the intrusion is not
submitted to shear stress and the slip along it is equal to O (Fig. 7a3). The geometry

of a subhorizontal intrusions, in the same conditions of overpressure and stress field,
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shows that the maximum opening is about 1 m in the center and the head of the
fracture (fig. 7a2). As for a subvertical intrusion, when the intrusion is not submitted
to shear stress the slip along it is null (fig. 7a4). The opening is clearly predominant
over the slip if the sheets intrude in an isotropic stress field. As defined in the
previous section, the anisotropic stress field implies a ratio kK # 1. Here, we have
chosen to display the case of Ghorizontal /Overtical = 0.8. Apart from the nature of the
stress field, all other parameters remain the same as in the case of an isotropic stress
field (geometry of the intrusions, overpressure of 1MPa, etc.). Because of
topographical effects and the structure of a natural edifice (with variations of
volcanic products in space and time, existence of rift-zones and fractures, etc.) a
model where the edifice is loaded by an anisotropic stress field seems more realistic
to investigate its mechanical response to magmatic intrusions.

Figure 7b shows that when a subvertical intrusion occurs in an anisotropic stress
field, unlike the previous case, the geometry of the intrusion is controlled both by
the opening and the slip due to shear stress. In this case, the opening is 2.5 times
stronger than in an isotropic stress field (Fig. 7b1), and the slip appears to be as high
as the opening (Fig. 7b2). As for the subhorizontal intrusion, the opening is of the
same order as in isotropic stress field (Fig. 7b3) with a maximum value of 1m (the
effect of the topography is much stronger in this case, partly preventing the normal
opening of the intrusion) while the slip becomes predominant reaching 4m (Fig.7b4).
In anisotropic stress field thus, the opening and the slip both play a role in the

mechanical effects of a magmatic intrusion on the edifice.

Surface displacements :
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For what regards the surface deformation in isotropic stress field, the results show
that:

- an outward 75°-dip intrusion submitted to 1 MPa overpressure creates
outward displacements of small amplitude, with a maximum value of 0.3 m (Fig.8a).
Vertical displacements reach 0.15 m (Fig. 9a). The surface displacements exhibit an
area of maximum deformation circular in shape, reaching around 0.25 m of
maximum displacements but limited in the summit area of the volcano (few
kilometers from the top of the cone). At the periphery of the edifice apex, the
surface displacements decrease strongly and are close to 0 (negative values

correspond to inward or downward movements, Fig.8a and 9a).

- in the case of a subhorizontal intrusion (8 km long), the displacements
remain of small amplitude (Fig. 8a and 9a on the right), similar to that due to high-
angle intrusions (Fig. 8a and 9a on the left). The deformation is located below the
flank of the edifice, with a vertical and an outward component. The maximum
surface displacements area is located above the head of the intrusion, on the
volcano flank between 8 to 12 km from the summit and displacements reach 0.2 -

0.3 m.

In an anisotropic stress field, the patterns of internal displacements and surface
deformation are similar to those obtained in isotropic stress field but the amplitudes
of displacements strongly increase (Fig 8b and 9b). The area affected by intrusions is
still located below the summit and the flank of the edifice respectively, but the

0.8/0.6 m (instead of 0.3/0.15 m) at the surface (Fig. 8 and 9). The directions of
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displacements indicate that for a subhorizontal intrusion submitted to shear stress,
the outward movements are stronger than in the case of isotropic stress field

reaching 0.5 m against 0.15 m (Fig. 8b).

5- Discussion

5.1- Occurrence of subhorizontal intrusions within basaltic edifices

A large variety of geometries of sheet intrusions has been documented through field
observations (see section 2). Field data collected in the inner structure of Piton des
Neiges volcano (La Reunion Island) point out a discrepancy that may occur studying
young, poorly-eroded, or old, highly-eroded, basaltic volcanoes: when the erosion
gives access to the core of the edifice, measured intrusions are mostly subhorizontal,
while subvertical ones mostly occur at shallower levels. The distribution of intrusions
and the transition between high angle/low angle intrusions seem to be controlled by
the depth of injection within the edifice. The deeper the injection, the more
frequent are subhorizontal intrusions. Other basaltic volcanoes like La Palma and La
Gomera in the Canary islands (Ancochea et al., 2008) show that an important part of
magmatic intrusions is made of subhorizontal intrusions, espaecially in the deepest
parts of the edifices corresponding to the early stages of the construction of the
volcanoes.

According to some field studies, low-angle intrusions preferentially intrude

weak layers (Taisne and Jaupart, 2009; Famin and Michon, 2010). In particular, the
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geometry of low-angle intrusions is commonly explained by topographical effects
and the occurrence of heterogeneities such as the interface between two volcanic
deposits with different physical properties (Lister and Kerr, 1991; Rivalta, 2005;
Kavanagh et al., 2006) in the volcanic edifice. Moreover, the distribution of some
intrusions can not be simply explained by lateral propagation of magma at the Level
of Neutral Buoyancy (Lister and Kerr, 1991). A local rotation of the stress field due to
the presence of heterogeneities is more likely at the origin of the observed
geometries (Valentine and Krogh, 2006; Burchardt, 2008).

Gressier et al. (2010) showed that, in sedimentary basins, the depth of the
transition subvertical/subhorizontal intrusions may be controlled by the pore fluid
overpressure. Due to their low permeability, in fact, rocks in sedimentary basins
often contain fluids in overpressure and this condition encourages the formation of
hydraulic fractures and the propagation of magmatic injections. The deep outcrops
at Piton des Neiges volcano (400-1500 m) are mainly made of primitive basic
breccias, formed during the first stage of the volcano-structural evolution of the
edifice (Chevallier and Vatin-Perignon, 1982; Maillot, 1999). These breccias are
highly altered by hydrothermal processes due to the circulation and accumulation of
fluids. The alteration tends to lower the permeability of the breccia, allowing the
increase of the pore fluid pressure within the formation. The overpressure can also
be favoured by the fact that, generally, breccia levels are stratigraphically located
between levels of massive, several meters-thick lava flows, sealing the breccia. In
Piton des Neiges volcano, the breccia commonly lies on differentiated lava flows and
is covered by the same lava flows.

Breccia levels commonly found within basaltic volcanoes thus are likely to be
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in pore fluid overpressure conditions that, associated to heterogeneities (Gressier et
al., 2010), can favour the formation of subhorizontal intrusions in the deepest part of
the edifices, like at Piton des Neiges volcano. In addition, in an anisotropic media
(Kavanagh et al, 2006; Gressier et al, 2010 and this study), an excess in pore pressure
(compared to hydrostatic value) is sufficient to enhance the formation of
subhorizontal intrusions.

Low-angle injections have also been described on young, active and poorly-eroded
volcanoes. At Piton de la Fournaise volcano, as already suggested by Famin and
Michon (2010), the recently observed deformation of the eastern flank could be
linked to the injection of a subhorizontal intrusion below the flank of the edifice.
Drillings carried out in 1989 in the Grand-Br(lé area (lowest part of the Enclos-
Grand-Bralé-Structure, Michon et al., 2008) identified levels of piled thin « layers » of
picritic basalts (Rancon et al., 1989) at the contact between a frozen magmatic
chamber and superficial lava flows. These layers could have played the same role as
the subhorizontal intrusions described by Famin and Michon (2010) in the Cirque de
Salazie (Piton des Neiges volcano), where picritic sills triggered the reactivation of a
preexisting detachment fault involved in the large-scale flank destabilization of the
Northeastern flank of the edifice.

Future studies on other basaltic volcanoes could reveal that subhorizontal intrusions
are common in the deep parts of the edifices, emphasizing their role in the morpho-

structural evolution of basatic volcanoes.
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5.2- Large scale flank displacements enhanced by shear stress on basaltic

volcanoes

Our results indicate that an increase in the ratio of anisotropy generates an increase

of internal and surface deformation, by favouring the slip along the intrusions in an

anisotropic stress field (Fig. 10), especially in the case of subhorizontal intrusions.

5.2.1- origin of the anisotropic stress field

The conditions of formation and/or propagation/arrest of magmatic intrusions
within volcanoes depend on the state of stress of the edifice. The state of stress is
controlled itself by the mechanical properties of the material constituting the
volcano and by the loading conditions (i.e. internal and external pressures applied to
the edifice). Our study considers the influence of an anisotropic stress field on the
mechanical evolution of an edifice associated to magmatic intrusions, in order to
account for more realistic state of stress within basaltic volcanoes. This aspect is
often described at stratovolcanoes where internal heterogeneities are common due
to the variety of activity and eruptive products.The anisotropic stress field loading
basaltic volcanoes can have several origins like topographical effects, heterogeneities
in the edifice (presence of rift-zones, fractures, interface between layers with
different mechanical properties), buttressed/unbuttressed flanks.

Gressier (2010) confirmed experimentally that an anisotropic stress field favours the

formation of subhorizontal intrusions within volcanic edifices.
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5.2.2- Role of shear stress in the displacements fields on basaltic volcanoes

In an anisotropic stress field the shear stress creating slip along the subhorizontal
intrusions favours the lateral displacement of the flank of the edifice. The slip has
also an influence on the opening of the intrusion, which is increased when combined
to slip so that a complex relationship occurs between opening/slip and deformation
of the edifice.

Combined to the data obtained for an isotropic stress field where smal amplitude of
displacements are observed, our results prove that the shear stress occurring in
anisotropic stress field creates the conditions that allow slipping along intrusions
generating large-scale deformation of the edifice. The shear stress affects both
subvertical and subhorizontal intrusions. However, this effect is very localised on
high-angle intrusions where around 2 % of the surface of the intrusion is affected by
maximum slip of 2.6 m (Fig. 7) while it concerns the whole surface of the low-angle
intrusion reach 4 m of slip (Fig. 7). This is due to the fact that in the case of
subhorizontal intrusion, the maximum principal stress ol (vertical stress) has a
stronger influence, the load of the edifice leading to lateral slip in the direction of the
minimum principal stress o3 (less constrained direction) and high amplitude
displacements , located below the flank of the edifice. In the case of subvertical
intrusions, High amplitude displacmements are generated by the combination of
localised opening (in the direction of 63) + slip affecting a smaller area of the apex of

the edifice (Fig. 8 and 9).

Our theoretical results evidence a new mechanism of large-scale flank collpase on
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basaltic volcanoes: the co-intrusive shear stress creating slip along subhorizontal
intrusions in an anisotropic stress field leads to flank-scale deformation of basaltic

edifices, likely to trigger large sector collapses of the edifices.

The case discussed by Famin and Michon (2010) in the core of Piton des Neiges
volcano is the first observable outcrop where a detachment plane is in direct
relationship with low-angle intrusions. Together with the submarine evidence
offshore La Reunion (Oehler et al., 2004), these authors underline that this volcano
experimented a major (long-term) destabilization of its northeastern flank. The
repeated low-angle intrusions should have reactivated a preexisting slip surface,
generating large movements of the unbuttressed flank of the volcano towards the
North. Some other examples of basaltic volcanoes underline a probable role of
subhorizontal intrusions in the deformation of the edifice like at Stromboli volcano
(Casagli et al., 2009) or Piton de la Fournaise volcano (Famin and Michon, 2010). At
mount Etna, Walter et al. (2005) studied the interplay between subvertical intrusions
and flank movements based on numerical modelling (BEM). They showed that the
flank-scale movements at Etna can be triggered by subvertical injections on magma
when combined to movements along major faults (Pernicana, Trescastagni, Ragana
and Santa Venerina fault systems and basal detachment) favouring outward slip of
the whole flank. Although a lot of studies consider the role of vertical intrusions as
trigger of flank collapses on volcanoes (Dahlen, 1984; Dieterich, 1988; Iverson, 1995;
Elsworth and Voight, 1995; Elsworth and Day, 1999), our theoretical results and the
example of mount Etna underline that high-angle intrusions alone are not the only

way to generate flank-scale deformation triggering sector collapses on basaltic
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volcanoes. Another trigger has to be considered : subhorizontal intrusions in pre-
existing detachments below edifices flanks. Piton des Neiges, Piton de la Fournaise
and Etna well illustrate the interaction between magmatic intrusion, slipping plane

and flank failure on volcanoes.

6- Conclusion

Our study based on the combination of new field data on the Piton des Neiges
volcano (La Reunion Island) and results from numerical modelling brings new insights
on the contribution of magmatic intrusions in the process of volcano flank instability.
The statistical study of the populations of basaltic intrusions from published data and
recent measurements on basaltic volcanoes show that not only the role of
subvertical but also subhorizontal intrusions have to be considered in the morpho-
structural evolution of basaltic volcanoes. The quantitative importance of low-angle
intrusions is reinforced by the theoretical analysis we carried out using a MBEM. A
new model of interaction between intrusions and flank-scale movements is
evidenced : within an edifice loaded by an anisotropic stress field, it appears that the
co-intrusive shear stress creating slip along subhorizontal intrusions is an efficient
mechanism of high-amplitude deformation of volcano flanks, triggering large-scale

sector collpases on basaltic volcanoes.
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Figure captions

Table 1: Max range of dip and mean dip of shallow intrusions within several poorly-
eroded basaltic volcanoes.

Figure 1: Rose diagram showing the dip directions of subhorizontal intrusions in the
Cirque of Cilaos (Piton des Neiges volcano).

Figure 2: Geometry and mesh of the topography in map view. The mesh is denser in
the summit part, above the area where magmatic intrusions is located.

Figure 3: a- Geometries of subVertical (subV) and subHorizontal (subH) intrusions
considered in the model and b- the range of assumed dips. These representations
are not at scale. Both type of intrusions have the same area in the model.
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Figure 4: Main parameters involved in the calculation of the displacements
associated to a suvertical or subhorizontal (this sketch) intrusion.

Figure 5: Influence of the dip of subvertical and subhorizontal intrusions on the
maximum opening of the intrusion (a), the maximum slip along the intrusion (b), the
maximum internal displacements within the edifice (c) and the maximum outtward
surface displacements (d). The role of the dip is tested in an isotropic stress field and
in an anisotropic stress field (k = 0.8).

Figure 6 : Influence of the anisotropy of the stress field loading the edifice on the
maximum opening of the intrusions (a), the maximum slip along the intrusions (b),
the maximum internal displacements within the edifice (c) and the maximum
outward surface displacements (d). SubV = subvertical ; subH = subhorizontal
intrusions.

Figure 7: a- modelled opening (al and a3) and slip (a2 and a4) of a sectorial, 75°-
outward dipping and 190°-outward dipping intrusions within an edifice loaded by an
isotropic stress field; b- - modelled opening (al and a3) and slip (a2 and a4) of a
sectorial, 75°-outward dipping and 190°-outward dipping intrusions within an edifice
loaded by an anisotropic stress field (k = 0.8).

Figure 8: a- Modelled outward displacements associated to subvertical (75°) and
subhorizontal (190°) intrusions in an isotropic stress field ; b- Modelled outward
displacements associated to subvertical (75°) and subhorizontal (190°) intrusions in
an anisotropic stress field (k = 0.8).

Figure 9: a- Modelled vertical displacements associated to subvertical (75°) and
subhorizontal (190°) intrusions in an isotropic stress field ; b- Modelled vertical
displacements associated to subvertical (75°) and subhorizontal (190°) intrusions in
an anisotropic stress field (k = 0.8).

Figure 10: Relationship between slip and opening of subvertical (subV) and
subhorizontal (subH) intrusions, submitted either to isotropic or anisotropic stress
field.
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Table
Click here to download Table: tablel.doc

Volcano Max range Mean dip Reference

Teno 80-85° 82° Marinoni and Gudmundsson (2001)
Anaga 82-87° 78° Marinoni and Gudmundsson (2001)
Koolau 75-80° 80° Walker (1986)

Ofu-Olosega 70-80° 70° Walker and Eyre (1995)

Stromboli 70-80° 74° Tibaldi (2003)

Tutuila 70-75° 73° Wlaker and Eyre (1995)

Wainaea 70-90° 65° Zbinden and Sinton (1988)

Piton de la

Fournaise 85-90° 80° Letourneur et al. (2008)
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Piton des Neiges is a highly extinct shield volcano eroded by three deep depressions (Cirques) surrounding the
summit of the edifice. Within the Cirques are exposed old basic products from the volcano shield building stage
(>2,1Ma - 430 ka). We carried out a structural investigation in the basic deposits of the Cirque of Cilaos (south of
Piton des Neiges summit) to constrain the destabilization processes that affected the edifice during its early aerial
phase of construction.

The internal structure of the cirque of Cilaos is made of piled basic lava flows and breccias, capped by lavas
from the differentiated stage (< 350 ka). The breccias mainly consist in debris avalanche deposits and debris flows
containing only basic elements. Two kinds of debris avalanche breccias can be distinguished: the “lower” breccia,
with a consolidated green-dark matrix, is widely zeolitised, chloritized and serpentinized and is crosscut by many
intrusions (dikes and sills). The “upper” breccia presents a light brown zeolitized matrix, poorly consolidated and
poorly intruded. Both avalanches display jigsaw-cracked blocks, up to a few tens of meters in diameter.

Several evidences of brittle deformation (faults and/or intrusions) were recorded within the breccias and the
basic lava flows. Paleo-stresses reconstructed from deformation data allow the recognition of two successive
episodes of deformation (Figure 1):

- The first, older step of deformation is extensional with a minimum principal stress o3 oriented N-S. It is
recorded within the “lower” breccia and the underlying zeolitized lava flows which are assumed to be the
oldest formations of the Cirque.

- The second, later step of deformation is extensional with o3 oriented NW-SE. It is widely expressed in all
basaltic formations (lavas and breccias) of the Cirque. It is coeval with strike-slip faulting whose minimum
principal stress is also oriented NW-SE. Shear structures and beddings dips within the breccia suggest a
runout toward the NW. Intrusions from the basic stage, striking N20-N40 and dipping NW, are also
consistent with a flank destabilization toward the NW.

These results in Cilaos show that the dismantling of Piton des Neiges volcano is the consequence of both slow
and rapid destabilizations that occurred in at least two episodes:

(1) a N-S destabilization during the initial eruptive history of the volcano, whose related deposits, zeolitized
and chloritized, are still visible at the bottom of the Cirque, in riverbeds.

(2) a NW rapid collapse producing debris avalanche deposits (that currently cover the main part of the Cirque
of Cilaos), accompanied by slow internal deformation that affected the whole stratigraphic sequence.

The temporal evolution of the stress fields recorded in Cilaos can also be observed north of Piton des Neiges,
in the Cirque of Salazie. A recent study within debris avalanche deposits attests that the northern flank of the
edifice was affected by an extensional deformation (rapid failure combined with slow deformation) in a N-S
direction (Famin and Michon, 2010). New deformation data, collected in overlying pahoehoe lava flows (in the
northern scarp of the Cirque of Salazie), evidence that this flank undergone a later stage of slow internal
deformation in a NW-SE direction.

The combined study of cirques of Cilaos and Salazie reveals that (1) dismantling events on Piton des Neiges
volcano are characterized by the combination of episodic catastrophic flank collapses and slow deformation, (2) the
stress field evolved from a N-S- to a NW-SE-oriented extension during the shield building stage, perhaps as a
consequence of the nearby growth of the Alizés or and/or Piton de la Fournaise volcanoes, and (3) this evolution
was a large-scale process that affected the whole edifice.
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Fig. 1: Successive steps of destabilization of the southwestern and northern flanks of Piton des Neiges volcano,
inferred from microstructural studies. a. Older phase of deformation oriented N-S in the Cirque of Cilaos. b.
Later phase of deformation oriented NW-SE in the Cirque of Cilaos and coeval with strike-slip faulting. c. Similar
N-S to NW-SE stress field evolution in the cirque of Salazie (modified from Famin and Michon, 2010).

1 Famin, V. & Michon, L. Volcano destabilization by magma injections in a detachment.
Geology 38, 219-222 (2010).
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Introduction

From 30 March to 1 May 2007, Piton de la
Fournaise experienced one of its major eruptive
crises of XXt and XXIth centuries. The large and
complex ground displacements that occurred during
this event and in the following months were
recorded both by the radar ASAR on board of the
European satellite ENVISAT and by the radar
PALSAR on board of the Japanese satellite ALOS. In
this paper we describe how the ASAR and PALSAR
InSAR data provide new insights on the processes
acting during the April 2007 events.

InSAR derived co-eruptive displacements

From three ASAR and two PALSAR
interferograms spanning the March-April 2007
eruption we have inverted the EW and vertical co-
eruptive  displacements. On the resulting
displacement maps, four main signals are visible
(Figure 1) :
- The entire western part of Central Cone is affected
both by eastward and downward displacement
indicating a centripetal subsidence with a maximum
of about 50 cm at the north western rim of Dolomieu
crater.
- At the eastern flank of the central cone, the
displacement maps reveal a large inflation axis that
extends NS on about 4 km from the Faujas cone to
the Langlois cone. The horizontal component
indicates a total opening of about 20 cm to the North
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and up to 45 cm to the South while the vertical
component map exhibits a maximum uplift of about
25 cm on the south-eastern flank of the Central
Cone. At its southern end, the axis divides in two
N150° branches. The easternmost branch coincides
with the location of the March 30 eruptive fissure,
suggesting that the whole NS uplift axis was
produced by the March 30 intrusion.

- To the East of the Central Cone, the Grandes Pentes
are marked by a large displacement pattern. On the
horizontal component map, the pattern covers a
roughly triangular area of about 4.5 x 4 km?
indicating a global eastward displacement with a
maximum up to 1.4 m. The vertical component map
shows a more complicated pattern, with a global
subsidence of the Grandes Pentes, up to 33 cm,
intersected in its central part by an uplift reaching
37 cm. These observations suggest the
superimposition of a large wavelength downslope
sliding of the entire Grandes Pentes, except its
southern part, and a shorter wavelength uplift of its
central part.

- At the SE base of the Grandes Pentes, a N125-130
subsiding axis is clearly visible on the vertical
component map, with a maximum displacement of
28 cm downward. Its SE end points at the location of
the 2 April eruptive fissure suggesting that the
subsidence is directly related to the magma
migration from the central cone area to the place of
the 2 April eruption.

364
Fig. 1 - Co-eruptive displacements draped on the shaded DEM. a) EW component, contour level interval is 0.1 m; b)
vertical component, contour level interval is 0.05 m; AEF : 2 April 2007 Eruptive Fissure; CC : Central Cone; EF : Enclos
Fouqué; FC : Faujas Cone; GB : Grand Briilé; GP : Grandes Pentes; LC : Langlois Cone; MEF : 30 March 2007 Eruptive
Fissure. Coordinates are in km UTM (40 zone South).
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InSAR derived post-eruptive displacements

We calculated EW and vertical post-eruptive
displacements from 167 ASAR and 11 PALSAR
interferograms spanning different time intervals
between May 2007 and September 2008. The
resulting displacement maps show that the ground
displacements continued at least one year after the
end of the eruption, with an exponentially
decreasing intensity, both at the Central Cone and in
the Grandes Pentes (Figure 2).
- The entire Central Cone is affected by a centripetal
subsidence that gives a nice symmetrical
displacement pattern on the horizontal component
map with a maximum eastward displacement of the
western flank of 19 cm. On the vertical component
map, the displacements pattern is concentric with a
maximum value of about 25 cm downward. The
displacement wavelength suggests a relatively
shallow source bellow or within the cone.
Comparison of the «co- and post-eruptive
displacements on the western flank of the Central
Cone shows a very slight decrease of the
displacement wavelength. This observation suggests
either the activity of a unique shallow deflating
source, with a slight rising of the deflating centre or
the coexistent activities of a deep and a shallow
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deflating source, the second one continuing deflating
alone during the post-eruptive period.

- The Grandes Pentes are marked by a large
trapezoidal displacement pattern indicating a
general downslope sliding. It coincides partly with
the large wavelength downslope sliding recorded on
the co-eruptive interferograms. However, the co-
eruptive and post-eruptive displacements patterns
differ in some respects. First, the ratio between
horizontal and vertical components is inverted with
more than 30 cm of vertical displacement
downward for a maximum of 12 cm of horizontal
displacement to the East. Second, one does not
observe the superimposition with the shorter
wavelength uplift of the central Grandes Pentes that
was evidenced during the co-eruptive period. This
observation suggests that the inflation of the central
Grandes Pentes is due to a transient process, active
only during the co-eruptive period while the large
wavelength downslope sliding continued a long time
after the end of the eruption. A last difference arises
from the evident structural control of the post-
eruptive displacements that does not appear so
manifest in the case of the co-eruptive
displacements.

34 <024 -0.14|-0.04 0.06)

-0
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Fig. 2 - One year post-eruptive displacements draped on the shaded DEM. a) EW component, contour level interval is
0.02 m; b) vertical component, contour level interval is 0.05 m; AEF : 2 April 2007 Eruptive Fissure; CC : Central Cone; EF
: Enclos Fouqué; FC : Faujas Cone; GB : Grand Briilé; GP : Grandes Pentes; LC : Langlois Cone; MEF : 30 March 2007

Eruptive Fissure. Coordinates are in km UTM (40 zone South).

Discussion - interpretations
Central Cone

The persistence of the centripetal subsidence at
Central Cone during at least one year after the end of
the eruption suggests that the displacements do not
result from purely elastic process.
At least three alternative processes can be put
forward to explain this behavior:
- The magma reservoir that feed the April 2007
eruption undergoes continuous deflation during the
months following the end of the eruption, either by
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compaction or draining of the magma remaining
within it, or by thermal contraction of the
surrounding wall rocks.

- The rock column located between the Dolomieu
floor and the roof of the magma reservoir is an
intensely altered and brecciated medium, that
behaves as a visco-poro-elastic body, damping in
time the relaxation of central cone that occurred in
response to the instantaneous change in shape of the
topography induced by the Dolomieu collapse.
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- The Dolomieu collapse triggers the large opening
of a previously pressurized hydrothermal system
resulting in its draining, massive immediately after
the collapse and decreasing gradually in intensity in
the following weeks and months.
Grandes Pentes

The origin of Enclos Fouqué - Grandes Pentes -
Grand Brilé structure has been discussed for a long
time. The proposed interpretations range from
classical caldera collapse to recurrent seaward
landslides. It should be noticed however, that before
our study, all the interpretation proposed for this
structure were derived from indirect observations.
Here, for the first time, thanks to the InSAR data, we
provide direct evidences of a large active seaward
sliding affecting the eastern flank of Piton de la
Fournaise. This large flank motion seems obviously
related with the intense magmatic activity occurred
during the March-April 2007 eruption. However the
way the two processes are related is still unclear.
Two main scenarios can be proposed:
The March 30 intrusion in the eastern flank of
Central Cone triggered the Grandes Pentes sliding. In
this scenario, we suppose, on one hand, that the
sliding occurs on some basal decollement level (e.g.
altered and or brecciated level) and, on the other
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hand, that it favoured in some way the magma
migration from the Central Cone area to the 2 April
eruptive fissure area.

- The Grandes Pentes sliding is triggered by the
magma migration from the Central Cone area to the
2 April eruptive fissure area. In this scenario, the
short wavelength uplift in the central part of
Grandes Pentes, visible on co-eruptive vertical
displacements map, could mark an intrusion that
failed propagating up to the surface. This
intermediate intrusion could have play the rule of a
discontinuity on which the sliding of Grandes Pentes
initiated.

The influence of the Grandes Pentes sliding on
the stress state of the whole edifice and particularly
of the magmatic reservoir host rock is an interesting
issue that still needs to be addressed. It could have
significant consequences, in particular, on the
location and style of injections from the magmatic
reservoir (dyke propagating from the roof, sill
propagating from the sidewall). The Dolomieu
collapse could have also been influenced by
significant change in the edifice stress state and
could have contributed, in return to modify again
this stress state.
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The high-MgO, diamond-bearing eclogites from the
Jericho kimberlite in the northern Slave craton are unique in
their high Mg# (82-87), high incompatible element contents,
radiogenic Sr isotope ratios, and abundant diamonds (up to 20
modal %) that contain lower-Mg garnet inclusions (Mg#~54).
As first noted by [1], these diamonds have the lightest carbon
isotope compositions ever reported for diamonds (8*°C = -37
to —41%o). Although upcoming SIMS 8**C analyses will help
delineate the mechanism of diamond formation, we note that
8%3C values of ca. —40%o. cannot reasonably be explained by
Rayleigh-style fractional crystallization of diamond at mantle
temperatures (T>800°C) from a parental fluid isotopically
heavier than —35%.. Thus, these Jericho diamonds require the
existence of a strongly *C-depleted carbon reservoir beneath
the northern Slave craton.

The 613C of organic carbon in modern marine sediments
is ~—20%o [2], and therefore not a viable carbon source for the
Jericho diamonds. Consequently, [1] invoked a heretofore
unidentified, highly localized and **C-depleted carbon source
for the Jericho high MgO eclogitic diamonds. We suggest that
this anomalous carbon source may have been organic carbon
formed by methane fixation by methanogenic bacteria in the
Neoarchean (ca. 2.7 Ga) or Paleoproterozoic (ca. 2.0 Ga)
times, which are characterized by 6*C values as low as —50%o
[2, 3]. Interestingly, these time periods broadly correspond to
hypothesized subduction events beneath the Slave Craton.

We propose that the protoliths of the high-MgO Jericho
diamond eclogites were similar to those of common ‘basaltic’
eclogites, but melt depletion coupled with peridotite chemical
equilibration produced the high-MgO compositions. Diamond
formation was coincident with a semi-cryptic metasomatic
event, which trapped some of the original, low-Mg eclogitic
garnet and produced the incompatible-element-rich and
radiogenic nature of the eclogites. The ca -40%. organic
carbon may have been intrinsic to slab eclogitization during
Neoarchean and/or Paleoproterozoic subduction events.
Alternatively, the eclogites may have been older and
metasomatized by dab-derived fluids generated during
Neoarchean or Paleoproterozoic subduction events.

[1] De Stefano et al. (2009) CMP 158, 295-315 [2] Freeman
(2001) in Stable Isotope Geochem. 43, 579-97.
[3] Eigenbrode & Freeman (2006) PNAS 103, 15759-64.
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Piton des Neiges (PdN) and Piton de la Fournaise (PdF)
volcanoes (La Réunion Island, Indian Ocean) are famous to
produce lavas considerably more homogeneous than other
hotspots worldwide. Their products show narrow ranges of
87Sr/%8Sr (0.70397 — 0.70436), €y (3.1 — 4.6) and € (7.9 —
11.0) throughout the whole 2 Ma volcanic history of the island
[1, 2,3, 4, 5]. Modest variations in Pb isotopes were identified
which do not disrupt much the homogeneous picture of the
magmas 3, 4].

We report for the first time Sr-, Nd-, Hf- and Pb-isotope
compositions for submarine basalts dredged along the NE rift
zone of PdF. The composition of the samples is enriched in
incompatible elements (1.10<K,0<1.44, 0.35<P,0.,<0.56,
2.58<(LalSm)¢; nom<2.93) and radiogenic Sr, Nd and Hf
[¥Sr/®Sr = 0.70460-0.70476, €,y= 2.9-3.6 and €, = 7.5-8.3]
and isotopically the most radiogenic ever published (Fig. 1).
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Figure 1: Plot of Sr/%Sr ratio vs €4 values.

Pb isotope data (***Pb/?**Pb = 18.943 — 18.974; 2"Pb/**Pb
= 15.598 — 15.606; 2®Ph/**Pb = 39.045 — 39.141), design a
specific trend in 2%Pb/?*Pb — 2%8Pb/2%Pb with respect to PdN
and PdF s trends. One of these samplesis dated by K-Ar at 3.3
Ma corresponding to the oldest dated rock of all the edifices.
Our new data shed lights on the existence of athird volcano at
La Réunion Island.

[1] Fisk et al. (1988) JGR 93, 4933-4950. [2] Albaréde et al.
(1997) J. Petral. 38, 171-201. [3] Bosch et al. (2008) EPSL
265, 748-768. [4] VlIastélic et al. (2009) JVGR 184, 63-78.
[5] Pietruszka et al. (2009) J. Petrol. 50, 661-684.



Appendix 7

Bachélery, P., Saint-Ange, F., Villeneuve, N., Savoye, B., Normand, A., Le Drezen, E.,
Barrére, A., Quod, J.P., Deplus, Ch., 2010. Huge lava flows into the sea and caldera
collapse, April 2007, Piton de la Fournaise volcano. IAVCElI Third Workshop on

Collapse Calderas, La Réunion, abstract.



Workshop on Collapse Calderas - La Réunion 2010
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The eruption of April 2007 at Piton de la
Fournaise volcano presents an exceptional
character (Michon et al.,, 2007; Michon et al., 2009;
Staudacher et al., 2009; Urai et al. 2007) by its rate
and volume of discharged lava. More than 200.106¢
m3 of oceanite (olivine enriched basalt) were
emitted during a 30 days-long eruption. During this
eruption the summit of Piton de la Fournaise
collapse, which represent a fantastic example of
caldeira formation on a basaltic volcano (Michon et
al. 2007).

A close link between magma withdrawal
during this lateral eruption and the collapse has
been established (Michon et al., 2009 ; Staudacher
et al. 2009). Collapse of the Dolomieu Crater was
recognized on April 6 by a camera of the Piton de la
Fournaise Volcanological Observatory, located at
the summit of the volcano. Based on field
observations (Michon et al., 2007; Staudacher et al,,
2009) and analysis of thermal images and DEMs
obtained by the ASTER satellite (Urai et al., 2007),
the scale of the collapse was estimated to be 1,100 x
800 m in area, 330 £ 15 m in depth, and 0.9 to
1.2.108 m3 in volume. The volume of magma emitted
is estimated to ~100-140.10¢ m3, with an emission
rate of 52 to 54 m3.s! - the largest values for the
historical period (since 1640). The maximum
emission rate during the paroxysmal phase has
been estimated as high as 300 m3.s'! (Staudacher et
al,, 2009).

The eruptive vent being located at low altitude,
a large part of the emitted lavas reached the sea.
‘A’a lava flow advances into the ocean building a 0.5
km? delta (1.5 km long and ~400 m wide). A
minimum value of 4.6 .106 m3/day of lava was fed
by channels, lava tubes and overflows. The building
stage of the delta was linked to hydrovolcanic
explosions. Due to high flow rates, large amounts of
lava have flowed on the submarine slopes of the

I
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volcano, reaching depths of several hundreds of
meters as testified by the unknown dead fishes
collected during the climax of the eruption. The
underwater extent of this type of flows is always
difficult to evaluate. The characteristics of
underwater flows are largely determined by various
factors such as flow mode on land, output rates,
nature of submarine slopes of the volcanic island
and coastal hydrodynamic conditions.

In the case of the April 2007 eruption, we
benefit of two exceptionally good data sets of high-
resolution multibeam bathymetry and imagery
obtained before (July 2006) and after (January
2008) the eruption and covering the distal parts of
2007 lava flow. In July 2006, a complete and
detailed bathymetric survey was performed with
the R.V. Beautemps-Beaupré around La Réunion
Island including the Grand Briilé area. The same
area offshore Grand Brilé was surveyed again in
January 2008 with the R.V. Meteor by the same
scientific team (ERODER 2 cruise). The two vessels
were equipped with the same bathymetric system: a
EM120 Simrad system. These data were
supplemented with photographs carried out on the
lava bench by scuba divers. The onshore - offshore
transition studies were done from daily air
photographs taken during the first days of the
eruption, time during which emission rates was the
strongest and certainly determined the longest
submarine lava flow.

These data will be presented and discussed.
They give a very good example of lava entering the
sea. Data shows that emitted volume is largely
under evaluated when considering only onshore
products. The comparison of bathymetry obtained
in 2006 and 2008 and interpretation of backscatter
images enable us to clearly determine the
submarine extension of the lava flow. Significant
depth changes occurred offshore the Grand Brulé
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area with high-relief tongues on each side of the
“eastern plateau” (see Lénat et al, 1989). This is also
clearly identifiable on the acoustic images where a
high backscatter can be undoubtedly associated
with the new lava flow that reaches more than 850
meters in depth. The volume of new materials
brought between the two surveys is evaluated
around 34.10¢ m3. This does not correspond to the
total volume of submarine lava flows but only to the
accumulation of lava on the common zone of the
two surveys. In particular, it does not take into
account the large volume accumulated near to the
coast that constitutes the bench for which an
estimate of 50 to 60.106 m3 is given. With at least
90.10% m3 of lava under the sea, 120.10¢ m3 on-land
and 20.10¢ m3 trapped in the intrusions (dyke
and/or sill - Staudacher et al, 2009), the volume of
lava extracted from the magma chamber during the
April 2007 event (~230.10¢ m3) largely exceed the
volume of the related collapse.
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Abstract—The use of remote sensing is more and more
incontrovertible in volcanic monitoring, especially in INSAR and
thermal studies. A comprehensive database of high-resolution
multispectral and multitemporal optical satellite imagery exists
for Piton de la Fournaise, the active volcano on La Réunion
Idand. This database, however, remains relatively
underexploited in volcanological studies of Piton dela Fournaise.

Using a largeimage data set including SPOT 5 and 4, ASTER
and aerial photography, we performed cartography of recent
lava flows.

Different methods were applied for each sensor in order to
extract and map lava flow contours and surface morphology.
These methods include photo interpretation as well as fusion of
thermal band and optical images. In addition we perfor med
several tests with specific software combining object and spectral
based techniques. Subsequently, a simple statistical comparison
between different perimeters and areas mapped allowed us to
determine a precision ratio. Results show that difficulties in
extracting contours arise when the study area is a complex lava
flow field where the different lava flows overlap, or have a
similar textural and radiometric characteristics.

Keywords- remote sensing ; Piton de la Fournaise; Automatic
Mapping; Principal componentsanalysis

l. INTRODUCTION

Piton de la Fournaise (PDF) (Fig.1), on La Réunion Island,
is one of the world's most active basaltic volcanoes with an
average of one event every 8 months [1]. Between 1980 and
2008, 38 lava flows have been observed. The cartography of
lava flows has particularly important implications for the
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knowledge of the lava emitted by the volcano, and can be very
useful to increase the understanding of the PDF.

Even though remote sensing techniques have been used for
volcanological studies for many years, there does not currently
exist a methodology for automatic cartography that can be
applied to al volcanoes.

This fact can be attribute to the poor use of high resolution
imagery, the difficulties of timage reatment as applied to
complex lava flow fields and the poor use of spectral and
obj ect-based automation approaches.

II. LAVA FLOWSMAPPING USING OPTICAL DATA

A.  Presentation of the study area

Most of PDF's recent activity is located in the Fouqué
Caldera.  Eruptive fissures are mainly situated near the
Dolomieu Crater, in the Grandes Pentes (Eastern part) and in
the Northem and Southem parts of the caldera. Lava flows
furthest from the caldera are easiest to map owing to their
isolation.
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Figure 1: Piton de la Fournaise



B. Manual mapping

A large collection of high resolution multitemporal imagery
was used for the manual mapping. This work has been done
principally with aerial photography, SPOT 4 and 5 (Kalideos
program, CNES, http:/kalideos .cnesfr) and ASTER
(Advanced Spaceborne Therma Emission and reflection
Radiometer) data.

A total of 37 lava flows, between 1980 and 2007, have
been digitized (Fig. 2). The accuracy with which each flow was
digitized depends on the resolution of the imagery available. Is
Lava flows mapped from aerial photography with resolution of
50cm do not have the same precision as those mapped from
20mSPOT 4 imagery.

C. Accuracy

Statigtics have been gathered to compare the perimeters and
areas of different digitized lava flows , depending on the data
used to create the outline.
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It was found that the perimeter of alavaflow digitized from
SPOT 5 data can differ with up to 37.84% from the perimeter
of that same lava flow when digitized from aerial photography.
Similarly the area of lava flows can differ with up to 17.68%,
depending on the data used as input. This would indicate that
the perimeter obtained from the digitized lava flows cannot be
used with certainty, but that the area can be used as a rough
estimation.

Furthermore the relative perimeter and area errors are not
correlated: the relative perimeter error does not influence the
area error (Fig.3) Thelarger variation in perimeter than area, as
well as the lack correlation between the errors in these
variables is consistent with the behaviour of fractal shapes,
which have fixed areas, but perimeters that increase with
increasing detail (zoom) level.

Envi 4.4 or
Definiens

Matlab
BwBoundaries

Figure 4: I solated lava flows automatic cartography



1. AUTOMATIC CARTOGRAPHY

The aim is to produce an automatic cartography using a
data treatment sequence not only for the visible surface
information [2,3] but a complete one capable of obtaining the
complete lava flow. During a first iteration a delimitation of
the volcano influence area should be done. Different image
processing methods can subsequently be used, depending on
the lava flow type. The processing involved in extracting an
isolated lava flow is significantly less complex than for
overlapping flows. As aresult, the processing of these two flow
types are discussed separately.

A. |solated lava flows

In the case of an isolated lava flow covering a vegetated
area or arecent lava flow overlapping with older ones, the use
of automatic classification or edge detection techniques allow
us to obtain an automatic cartography using different software
(Envi 4.4, Ecognition, Matlab...) as shown in Fig.4.

In these examples the spectral contrast of the lava flow
with its surrounding materia is sharp and the extraction of
lava flows are relatively simple. When the spectral reflectance
of the flow is similar to its surroundings, however, the
treatment becomes more complicated.

B. Automatic cartography

To obtain an accurate automatic cartography, different
image treatment processes have been used in Envi 4.4 (Fig. 5):
e alayer stacking of thermal and optical imagery;
e aprincipa component analysis,
e adecision tree classification;
e aclassification to vector transformation.

Layer stacking was used to build a new multiband file
from georeferenced data. During this process, thermal and
optical imagery was resampled and reprojected to a common
output image where al the data extents overlap. Using the
thermal band allowed us to focus on one complete lava flow.
This is an automatic discrimination by thermal wavelengths
that correspond to an active area compared to its immediate
environment.

Principal component analysis produce an image with
spectrally uncorrelated output bands using a linear
transformation to maximize the variance of the data. This
transformation alows for an increase the optical reflectance
variation in the area of high thermal activity.

The decision tree classification is a type of multilevel
classifier. It is made up of a series of binary decisions that
determine the classification of each pixel. For example, the
use of athermal threshold can delimit if a certain pixel fals
inside the thermally active area or not. Inside the thermally
active group a differentiation can be done between low and
high thermal emission. The resulting classification yields the
lavaflow of interest as a specific class.

The classification to vector transform is executed to isolate
and export the target classto a vector file.

C. Result accuracy

The total area obtained shows a variation of 11.5% of
overestimation with the referenced one, and 13.1% for the
perimeter. So the automatic mapping result obtain a good
accuracy result. The aim of automatic cartography.

IV. OBJECT ORIENTED APPROACH

The use of object-oriented methods in classification
automation is currently underexploited in volcanological
studies[3, 4,5, 6] .

A. Using image objects

In object-oriented segmentation, an image is divided into
objects. An object isagroup of similar, connected pixels that
represent a region of relative homogeneity in an image.
Regions in the image provide much more information than
single pixels since the regions contain the spectral information
of their constituent pixels, but can be analyzed further, based
on color, shape, and texture.

Figure5: Automatic cartography treatment sequence



B. Analysis

The object-oriented classification automation was found to
work only on isolated flows, the lava flow fieldsin Piton de la
Fournaise being too complex for the segmentation when lava
flows overlap. Newer flows overlying ancient ones can,
however, be differentiated successfully (Fig.6).

Fissures on the volcano exhibit a strong contrast with
characteristic reflectance, which makes it possible for them to
be distinguished using object-oriented classification.. In this
case the linearity of the fissures allow them to be identified
using functions of shape and length of the image objects. Only
some shadows can cause trouble in the automation. (Fig.6).

Figure 6: Recent lava flows and fissur e cartogr aphy
with Definiens

V. CONCLUSION

It is a cartographic objective that brings this automatic
study. The aim to create an automated image processing chain
is achieved. However the creation of a complete lava flow
cartography using this technique is currently not feasible,
because of the limited temporal frequency of available optical
imagery, and the lack of sufficient thermal imagery.
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ARTICLE INFO ABSTRACT

Available online 14 November 2008 In April 2007, Piton de la Fournaise volcano experienced a caldera collapse during its largest historical
eruption. We present here a structural analysis both of the caldera and the surrounding area, and precise GPS

Keywords: data recorded with a dense GPS network specifically dedicated to the analysis of deformation related to the

caldera summit collapse structures. Despite a collapse of more than 300 m in the central zone, the geometry of the

collapse dynamics

; . new caldera is similar in map view to that of the pre-existing collapsed structure, which was formed from the
Piton de la Fournaise

coalescence of several pit craters. The caldera shows an asymmetric inner geometry with sub-vertical walls
in the NW quadrant and steep scarps composed of inward tilted blocks in the southern half. The presence of
preserved polished surfaces on the lower part of the sub-vertical scarp indicates that it corresponds to the
caldera north-western ring fault. The April 2007 caldera collapse led to the development and the reactivation
of concentric fractures on the caldera rim, mostly along the southern limit of the caldera. GPS data show that
fractures result from radial extensional stresses that are restricted within the first tens of meters of the
caldera edge. GPS data also reveal that the caldera collapse was coeval with a centripetal deflation, whose
magnitude is largest along the southern half of the caldera. The displacements recorded by GPS result from
both a general deflation, due to magma withdrawal from Piton de la Fournaise's summit magma chamber,
and additional local effects related to the caldera collapse. Comparison of the caldera collapses at Piton de la
Fournaise, Miyakejima and Fernandina reveals striking similarities, with cyclic seismic signals accompanying
small-scale deflation-inflation cycles. This strongly suggests a common mode of collapse. Hence, we propose
a unifying model of caldera collapse in basaltic setting, in which the inward deflation due to magma
withdrawal from the magma chamber prevents the collapse of the caldera roof until the gravitational stress
acting on the rock column above the magma chamber exceeds the shear strength along pre-existing ring
faults. The downward displacement stops when the pressure increase into the magma chamber is able to
again sustain the rock column. The succession of (1) inward deflation that prevents the collapse, (2) collapse
due to gravitational stress and (3) stopping of the downward motion is repeated many times. The frequency
of the cycles is influenced by the rate of magma withdrawal and by the amount of intrusion of magma along
the ring faults.

© 2008 Elsevier B.V. All rights reserved.

1. Introduction period seismic signal (Miyakejima in 2000, Kumagai et al., 2001) or
large earthquakes, i.e. between M; 4.4 and 5.5 (Fernandina in 1968,

Basaltic volcanoes present summit calderas, whose formation is Simkin and Howard, 1970; Filson et al., 1973). Despite differences in
related in most cases to lateral magma migration from a shallow  the type of seismic signal, their periodicity has been interpreted in
magma reservoir (e.g. MacDonald, 1965). Observations of basaltic  the same way, i.e. an intermittent collapse of the rock column into

calderas worldwide, and the few recorded collapse events, show the magma chamber (Simkin and Howard, 1970; Filson et al., 1973;
common structural characteristics and collapse mechanisms, which Kumagai et al., 2001). Questions remain on the source of the

can be summarised as follows. First, caldera collapses are contem- periodicity which is interpreted as being controlled either by the
poraneous with a periodic seismicity underlined by either avery-long-  constant magma outflow (Kumagai et al., 2001), by an irregular
geometry of the bottom of the collapsing rock column (Filson et al.,

* Corresponding author. Tel.: +33 262 262 93 82 04; fax: +33 262 262 93 82 66. 1973) or by regular stress built up along the caldera fault, which is
E-mail address: laurent.michon@univ-reunion.fr (L. Michon). sporadically relieved by movement along the ring fault (Simkin and

0377-0273/$ - see front matter © 2008 Elsevier B.V. All rights reserved.
doi:10.1016/j.jvolgeores.2008.11.003
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Howard, 1970). Second, analyses of the surface deformation have
long-revealed that collapses are coeval with centripetal deflation of
the edifice (Wilson,1935; Ryan et al., 1983). Both deformations, i.e. the
collapse and the inward subsidence, result from pressure decrease
within the magma chamber and/or the plumbing system (Mogi, 1958;
Walsh and Decker, 1971; Ito and Yoshioka, 2002). Third, collapse
calderas often show peripheral concentric extensional fractures
hundreds of metres from the edge of their caldera rim (Simkin and
Howard, 1970; Lénat and Bachélery, 1990; Troll et al., 2002; Acocella,
2006; Carter et al., 2007). The various authors describe an increase of
extension and vertical displacements close to the caldera rim, but
their interpretations differ. The changes in rim geometry are thought
to result from superficial processes postdating the caldera formation
(Acocella, 2006), from extensional stresses related to the centripetal
subsidence (Branney, 1995), or from inflation-deflation cycles (Lénat
and Bachélery, 1990).

In April 2007, Piton de la Fournaise volcano experienced a caldera
collapse during its largest historical eruption (Michon et al., 2007). We
present here the summit deformation accompanying this event. We
integrate a detailed analysis of both concentric fractures and intra-
caldera structures and faults, with high precision GPS data from a
dense network implemented surrounding the caldera. Our study
benefited from an initial field and GPS campaign carried out in March
2007, a few days before the onset of the eruption and collapse. The GPS
network has been reoccupied twice, in May and November 2007, in
order to determine the syn-collapse and post-collapse displacements,
respectively. This paper aims at determining the relationship between
the concentric fractures and the collapse. It also attempts to better
understand the collapse mechanism and its relation to eruption
dynamics. Finally, it addresses the role of pre-existing structures in the
development of a new caldera.

2. Geological setting

Piton de la Fournaise volcano is one of the world's most active
volcanoes (Lénat and Bachelery, 1987). At the edifice scale, it is
characterised by two NE and SE rift zones and an E-W U-shaped
caldera formed around 4.5 ka ago (Bachélery, 1981; Fig. 1a and b). The
volcanic activity is concentrated in the upper part of the U-shaped
structure, the Enclos caldera, where the accumulation of volcanic
products has built up a steep central cone (Michon et al., 2009-this
issue). Prior to April 2007, the summit of the active cone was cut by
two collapse structures: Bory in the west, which is currently inactive,
and Dolomieu in the east, the location of the caldera collapse during
the large April 2007 eruption (Fig. 1c). Before this collapse, the
elongated shape of the pre-existing Dolomieu was the result of the
coalescence of several pit craters (Lénat and Bachélery, 1990; Carter et
al., 2007). The largest of these events occurred between 1933 and
1936, during which the eastern half of Dolomieu experienced a 150 m-
deep collapse (Fig. 1d; Lacroix, 1939; Bachélery, 1981). Until 1953, the
western part of Dolomieu also suffered recurrent collapses that were
accompanied by progressive subsidence of the crater floor. From 1953
the lava accumulated during the frequent summit eruptions and
progressively filled the collapse structure, whose outer contour
remained unchanged until March 2007, despite the small pit crater
collapse in 1986 (Hirn et al., 1991) and a brutal but minor subsidence
in 2002 (Fig. 1d; Longpré et al., 2007). It is noteworthy that the August
2006-January 2007 summit eruption created a lava pile of 20-30 m on
the Dolomieu floor, filling the crater and overtopping the eastern
caldera wall (Michon et al., 2007).

In 1990, a detailed structural analysis of the summit of the active
cone revealed a complex network of concentric extensional fractures
concentrated around Dolomieu only (Fig. 1d; Lénat and Bachélery,
1990). It also highlighted the asymmetric distribution of the
concentric fractures around the east and west parts of Dolomieu.
The eastern rim of Dolomieu was characterised by a few fractures

restricted to a 50-80 m wide zone. In contrast, concentric fractures
were scattered within a 200-300 m wide zone around the western
half of Dolomieu. The northern limit of this fracture network coincides
with a topographic break-in-slope that corresponds to the hidden
boundary of a paleo-pit crater (Lénat and Bachelery, 1990; Michon
et al., 2009-this issue). South of Dolomieu, the Petit Plateau paleo-pit
crater, formed around 1911 (Bachélery, 1981), consists of an
independent system of concentric fractures that delimitates the
hidden collapsed structure. The age of the overall fracture system is
hard to determine. However, the lack of any significant fractures south
of the western fracture zones, where the lava emitted by the 1936 and
1956 eruptive fissures covers the surface (Fig. 1d), suggests that
fractures in the west predate these eruptions. In the east, the similar
distribution of both the limits of the 1933-1936 pit crater and the
peripheral concentric fractures supports a temporal relationship
between the main collapse event and the development of extension
fractures close to the rim. Since 1990, the only significant change in
the concentric fracture system was observed during the August 2006~
January 2007 eruption, during which fractures close to the rim in the
south-eastern part of Dolomieu opened of a few tens of centimetres to
a few metres. These fractures accommodated the progressive inward
tilting of rock panels torn apart from the rim of the collapse structure.

The April 2007 caldera collapse of Piton de la Fournaise occurred
during the largest historical eruption, starting on 30th March and
ended the 1st May 2007. Although the detailed evolution of the
eruption has already been presented (Michon et al., 2007; Staudacher
et al., 2009-this issue), we summarise below the main characteristics
that allow us to interpret the origin and dynamics of the caldera
collapse. On 30th March, a first eruptive fissure opened south-east of
the central cone at about 1900 m above sea level (Fig. 1b). After less
than 10 h, the magma emission ceased, whereas the summit
seismicity remained at a very high level. The magma emission started
anew on 2nd April when an eruptive fissure opened at about 600 m
asl, 7 km away from the summit (Fig. 1b). The rate at which magma
was discharged, which was already large, increased during 5th April
contemporaneously with a summit centripetal deflation. The first
summit collapse occurred on 5th April at 20:48, contemporary to a
magnitude 3.2 volcano-tectonic event (Michon et al., 2007). It was
immediately followed by a sudden centrifugal uplift of the caldera rim
(Michon et al., 2007; Staudacher et al., 2009-this issue). The collapse
also had a striking impact at the eruption site where the seismic signal
increased by around 50%. Then, both the seismic signal and the
summit displacements began to occur in cycles characterised by an
inward deflation accompanied by an increase of the seismic signal,
ending with a sharp outward uplift contemporaneous with sudden
decrease of the seismicity. The cycle frequency gradually increased
from 2 h to 30 min (Michon et al., 2007; Staudacher et al., 2009-this
issue). A total of 38 collapse events were distinguished between 5th
April, 20:48, and 7th April, 00:40. First observations of the new
caldera, in the afternoon of 6th April, revealed that the 16 first
collapses triggered the development of most of the summit collapse
caldera (Michon et al., 2007). Disregarding continued spalling of material
from the caldera wall, the final geometry of the caldera was attained on
10th April. The eruption continued at a low level until the 1st May 2007.

3. Summit deformation related to the April 2007 eruption
3.1. Structural analysis

On 6th April, the first observations indicated that the collapse was
elongated along an E-W axis and concentrated in the northern part of
Dolomieu (see Fig. 4b in Michon et al., 2007). It was bounded by 200-
300 m-high subvertical scarps in the east, west and north, and by
subsiding terraces in the south. Two annular plateaus corresponding
to the pre-existing floor of Dolomieu remained in the E and SW (see
Fig. 4 in Michon et al., 2007).
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Fig. 2. a — The April 2007 caldera. The maximum depth is located in the northern half of the caldera. Note the differences between the northern and southern caldera flanks. New
concentric fractures are represented by arrows. Fractures opened essentially south of the caldera. Souf: Soufriére pit crater. b — View of the north-western caldera wall. Several
polished surfaces were preserved few days after the caldera collapse until destruction of this scarp by landslide in May 2007.

At the end of the collapse, on 10th April, the new caldera had a
maximum depth of 320-340 m (Michon et al., 2007; Urai et al., 2007)
at the location of the initial collapsed structure. The deepest part of the
caldera is covered by scree resulting from the frequent rock slides
from the caldera walls (Fig. 2a). Two different topographic expres-
sions of the collapse are distinguished. The southern, eastern and
north-eastern walls have average slopes of 40-50°, whereas the north-

western wall is sub-vertical (70-80°). The distribution of these two
distinct geometries coincides with the structure differences observed
on 6th April. The north-western caldera flank already existed on 6th
April, by which time it was bounding the northern collapse structure.
The preservation of polished surfaces, found only on the lower half of
this scarp (Fig. 2b), suggests that the north-western caldera wall
corresponds to an inward-dipping ring fault. In contrast, the geometry

Fig. 1. a — Location of Piton de la Fournaise volcano on La Réunion Island. b — Location of the eruptive centre within the Enclos caldera. Eruptive fissures opened on March 30th and
April 2nd are located by 1 and 2, respectively. SNEg and GITg correspond to the reference receivers of the summit GPS network. ¢ — Distribution of the benchmarks around the
summit collapsed structures of Dolomieu and Bory. Benchmarks measured in March and May 2007 (yellow), in May and November (black) and for both periods (red). d — Fracture

network around the summit collapsed structures (after Lénat and Bachélery, 1990).
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Fig. 3. Contours of the summit structures before and after the caldera collapse. Fracture width along three radial profiles measured in February and May 2007.

of the southern, eastern and north-eastern flanks post-dates 6th April.
This likely results from the inward subsidence of the southern and
eastern plateaus similar to that observed during the caldera formation
at Miyakejima (Geshi et al., 2002).

In map view, Dolomieu was a 1-1.1 km-long and 0.76-0.80 km-
wide elongated structure before the April 2007 eruption (Fig. 3). The
April 2007 caldera collapse constitutes the largest collapse event ever
observed at Piton de la Fournaise. However, despite a collapse of
several hundreds of metres, the contour of the new caldera did not
significantly change. The new caldera widened only a few tens of
metres in the north, west and south parts, mostly a few days after the
caldera collapse (Fig. 3). The similar geometry of the pre-existing
collapse structure and the new caldera, and the lateral growth of the

initial collapse up to the pre-existing Dolomieu boundary can be
compared to the map view evolution of the caldera collapse at
Miyakejima, where the initial caldera grew laterally up to approxi-
mately the limit of the pre-existing 2.5 ka-old Hatchodaira caldera
(Geshi et al., 2002).

We also showed in Section 2 that, prior to 2007, the rim of Dolomieu
was affected by asymmetrically distributed concentric fractures (Fig. 1).
Three radial profiles were implemented in February 2007 around
Dolomieu, at different distances from the caldera edge, in order to
determine the potential reactivation of these fractures during collapse
events (Fig. 3). The effect of the April 2007 caldera collapse has been
evaluated by a reiteration of the profiles in May 2007. Fig. 3, which
shows the fracture width before and after the collapse, illustrates the
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influence of the April 2007 caldera collapse in the fracture system. It
clearly shows that the collapse reactivated only the closest fractures to
the caldera edge, and had no impact away from the edge. The
concentration of the deformation is corroborated by the development
of a narrow fracture system within the first tens of metres from the
caldera edge, the density of which varies laterally. The new concentric
fractures are densely distributed around the southern part of the
caldera, whereas they are nearly non-existent in the east (Fig. 2a).

3.2. GPS data

Since 2001, the deformation of Piton de la Fournaise related to
dyke intrusion has been regularly monitored by the GPS network of
the Piton de la Fournaise Volcano Observatory (OVPF/IPGP; Peltier,
2007). This network, which is composed of about 80 stainless steel
benchmarks cemented around the crater, on the flanks and at the base
of the summit cone, accurately measures large scale deformation of
the Piton de la Fournaise edifice, but is inadequate to evaluate in detail
the summit deformation linked to collapse events. Hence, we
implemented a new GPS network in November 2005, specifically
dedicated to the structural analysis in a narrow zone around Bory and
Dolomieu.
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3.2.1. Methodology

The new GPS network is composed of 62 benchmarks (geodetic
nails fixed into massive lava) installed along 24 radial profiles, and of
two permanent receivers of the OVPF/IPGP located at the summit and
outside the Enclos caldera (Fig. 1b and c). The position of each point of
the network was measured before the eruption (in March 2007), and
twice after the eruption (in May and November 2007). This allows the
determination of the deformation related to the April 2007 caldera
collapse and the residual subsidence following this event. Measure-
ments were performed in differential mode with dual-frequencies
receivers (2 Ashtech Zextrem and 2 Trimble NetRS). The SNEg summit
receiver of the permanent GPS network of OVPF/IPGP (Fig. 1) was
used as reference. Its position was systematically calculated with
respect to a stable permanent receiver (GITg) located outside the
Enclos caldera. The location of SNEg was precisely measured in static
mode during 6 h with a 1 s sampling rate. In a way similar to
measurements at Merapi volcano (Beauducel et al., 2006), measure-
ments of the benchmarks were performed with a small base line
(<1.5km), a 1 s sampling rate and station on the benchmarks of 3 min.
During each GPS campaign, several benchmarks were measured twice
with a time interval of several hours in order to take into account not
only the instrumental RMS values, but also the handling error. Thus,
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the average horizontal precision calculated for each benchmark is of
1.1 cm and the vertical average precision is of 0.8 cm.

3.2.2. Displacements between March and May 2007

Between March and May 2007, the summit of Piton de la Fournaise
experienced a progressive pre-eruptive outward inflation, additional
uplift related to a dyke intrusion, and the caldera collapse. The
permanent GPS network of the OVPF/IPGP clearly shows that the
initial outward deformation was of minor importance with respect to
the eastward dyke intrusion and much less than that measured during
the caldera collapse (Peltier et al., 2009-this issue). Hence, most of the
displacements inferred from our GPS campaigns in March and May
2007 result from the collapse event. Only the easternmost bench-
marks are significantly influenced by the 30th March intrusion.

Our GPS data clearly show the large centripetal deformation
related both to magma chamber deflation and the collapse event
(Fig. 4b). When excluding the easternmost data points, which were
also affected by the 30th March dyke intrusion that led to the opening
of eruptive fissures SE of the cone (Fig. 1b), the displacement values
range between 31 and 253 cm (Fig. 4a). It is likely that the latter value,
which strongly differs from the surrounding ones, results from the
displacement of an isolated block. The largest surface displacements
are located on the southern caldera rim, where values higher than
130 cm are reached close to the caldera wall. Our data also exhibit a
sharp decrease of the displacements (—38 to —61%) in the first two
hundred metres from the northern and southern caldera edge. Such
differences, which suggest the occurrence of extensional stresses on
the proximal caldera rim, can be correlated with the location of the
new concentric fractures, i.e. in a narrow zone around the western half
of the caldera (Fig. 2a). Additional information can be found in the
direction of the displacement vectors, which indicate the approximate
location of the deflation source (Walsh and Decker, 1971). Here, the
overall displacements suggest a deflation source elongated along a
N75 axis that corresponds to the direction of elongation of the pre-
existing Dolomieu and of the 6th April initial collapse (Fig. 2a).

The comparison of the horizontal and vertical components of
displacement provides further information that can be used to better
constrain the geometry of the deflation source (Dieterich and Decker,
1975). GPS data show that the summit deflation led mostly to

horizontal displacements (Figs. 4c and 5). For every benchmark, the
ratio between horizontal and vertical displacements, the H/V ratio, is
always higher than 1 (Fig. 5). It shows a remarkably linear distribution
with an average value around 2, confirming that most of the
benchmark displacements measured between March and May result
from a similar, and likely a single origin, i.e. the syn-collapse deflation.
The GPS network of the OVPF/IPGP also recorded predominant
horizontal displacements at the base of the cone (Peltier et al., 2009-
this issue). Despite lateral variations between the western and eastern
parts, along each transect, the closer to the caldera edge, the lower the H/
V ratios (Fig. 5). Then, with the exception of the caldera walls, which
suffered mostly vertical displacements, the central cone of Piton de la
Fournaise experienced a predominant centripetal “horizontal collapse”.

3.2.3. Displacements between May and November 2007

The GPS network has been reoccupied in November 2007 in order
to identify post-collapse subsidence. Data show that during the
6 month-long period, the caldera rim continued to slightly subside
(Fig. 6). According to Staudacher et al. (2009-this issue), 95% of the
post-collapse deformation occurred during the first 3 months and the
remaining 5% during July to November 2007. The distribution of the
displacements for the period between May and November 2007
differs from that of the period between March and May 2007. The
direction of the displacement vectors and the distribution of the
largest displacements around the western half of the collapse caldera,
could suggest a deflation source located below the western half of the
caldera (Fig. 6). However, it cannot be excluded that the difference in
the deformation pattern results from local deformation. It is
noteworthy that the latest caldera wall destabilisations only occurred
along the western scarps, where the inward displacements were still
significant. Contrary to the H/V ratios for the period between March
and May 2007, which show important lateral variations, the H/V
ratios for the period between May and November 2007 present a
homogeneous spatial distribution with values lower close to the
caldera edge than at the distal extremity of the transects (Fig. 6¢). This
suggests an identical deformation style all around the caldera, which
isindependent of the amount of deformation. In consequence, our GPS
data provides information both on the source and the mode of
deformation.

Fig. 6. Displacements measured for the period between May and November 2007. a — Total displacements (in cm). b — Displacement vectors for horizontal components. ¢ — Horizontal/vertical

ratio.
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4. Discussion
4.1. Origin of the concentric fractures around basaltic calderas

Concentric fractures consist of extensional structures that are
commonly observed around calderas. For example, at Erta 'Ale, (1)
they are found within 20-60 m of the caldera rim, (2) their distance
from the rim increases with the height of the caldera scarps, and (3)
their opening width tends to increase when they are nearer to the rim
(Acocella, 2006). Their development is consequently interpreted in
terms of gravitational destabilisation of the caldera walls after the
collapse (Acocella, 2006). At Fernandina, a similar fracture network
has been observed around the caldera after the 1968 collapse (Simkin
and Howard, 1970). Fractures are present on the rim 500 m from the
edge and their density and size increase approaching the edge.
Contrary to Erta 'Ale, the fracture network is interpreted as resulting
from the collapse event (Simkin and Howard, 1971). These different
interpretations of similar fracture networks raise the question of the
multiple origins of the concentric fractures. Considering the con-
centric fracture network of Piton de la Fournaise, we propose several
mechanisms that lead to the development or reactivation of
concentric fractures.

1- The analysis of the fracture network before and after the April 2007
caldera collapse of Piton de la Fournaise reveals that concentric
fractures do form on the caldera rim during collapse events. At
Piton de la Fournaise, they are restricted to a few tens of metres of
the caldera edge. A combination of GPS and structural data
indicates that their formation is related to extensional stresses,
which affected the proximal part of the caldera rim. They
developed essentially south of the caldera where the sub-vertical
part of the walls is of a few tens of metres (Fig. 2). The lack of
correlation between the fracture density and the height of the
caldera walls suggests that most of the extensional stresses do not
result from local gravitational effects. This process can however not
be entirely ruled out, specifically for the nearest fractures of the
caldera edge. In consequence, we propose that most of the new
concentric fractures result from extensional stresses that affect the
proximal part of the caldera rim during the inward tilt of the
caldera floor during successive collapses of the rock column. Such a
mechanism is supported by the spatial correlation between the
densest fracture zone and the tilted blocks around and into the
southern half of the caldera. The development of the new fracture
network was coeval with the reactivation of the pre-existing
concentric fractures, which were the closer to the edge (Fig. 3).

2- Concentric fractures form at the limit of paleo-collapsed structures
such as Petit Plateau and the western paleo-pit crater (Fig. 1d). The
concentric fractures around these paleo-collapsed structures could
result from a progressive subsidence due to compaction of the
formations that filled the depression. However, 90-95% of the
filling is composed of massive lava bodies that can hardly be
compacted and the upper lava unit, which flowed outside the
crater, is also affected by the concentric fractures. We propose that
the whole paleo-collapsed structures may slightly subside during
later collapses, triggering the development of circumferential
extensional fractures above their hidden limits. Such a mechanism
is suggested by our GPS data, which show for the period between
March and May 2007 vertical displacements of the benchmarks
located above the Petit Plateau paleo-pit crater between 20 and
40% greater than those outside the structure.

3- Finally, concentric fractures are reactivated during the progressive
filling of the caldera. This process has been clearly observed during
the August 2006-January 2007 summit eruption, during which
concentric fractures progressively opened while lava accumulated
within Dolomieu. It is likely that the extensional stresses that
favour the fracture reactivation in a narrow zone around the

caldera result from the increased weight of lava accumulated in the
collapsed structure.

In summary, our observations of the concentric fractures between
August 2006 and November 2007 allowed us to distinguish three
mechanisms of fracture formation and reactivation. Contrary to
Acocella (2006), we doubt that gravitational instabilities of the
caldera wall explain the development of an entire concentric fracture
network. The similarities between the fracture networks around the
April 2007 caldera of Piton de la Fournaise and the caldera of Erta 'Ale
rather suggest that the concentric fractures at Erta 'Ale may result
from extension stresses related to the caldera collapse and maybe to
the progressive filling of the caldera.

4.2. Origin and dynamics of caldera collapse

The geometry of caldera ring faults and the conditions required to
promote a caldera collapse have been intensively studied during the
last decades (e.g. Marti et al., 1994; Gudmundsson, 1998; Acocella
et al., 2000; Roche et al., 2000, 2001; Roche and Druitt, 2001; Walter
and Troll, 2001; Folch and Marti, 2004; Acocella, 2007). However, very
few dealt with the dynamics of the collapse, i.e. continuous collapse or
pulsating collapse, although the related magma deposits (Rosi et al.,
1996; Reubi and Nicholls, 2004) and monitoring data (Filson et al.,
1973; Kumagai et al., 2001) show contrasting behaviours. We
compare, in what follows, the deformation and seismic data
monitored during the caldera collapses of Fernandina, 1968, Miyake-
jima, 2000 and Piton de la Fournaise, 2007, in order to (1) stress the
similarities between each event and consequently (2) determine a
unifying mechanism that explains the different dynamics of caldera
collapse.

Deformation data at Miyakejima and Piton de la Fournaise show
that the caldera collapses have been preceded by an inward deflation
of the edifice (Ukawa et al., 2000; Michon et al., 2007; Staudacher
et al., 2009-this issue). The seismicity, which was characterised by
frequent volcano-tectonic (VT) events before the onset of the subsidence,
drastically changed once Miyakejima and Piton de la Fournaise started
to deflate. The VT events disappeared and a low-frequency seismic
signal progressively increased (Ukawa et al., 2000; Michon et al.,
2007). The initial deflation phase ended by a sudden outward uplift of
the edifice coeval with a magnitude 3.2 VT event at Piton de la
Fournaise and a very-long-period event at Miyakejima (Kumagai et al.,
2001; Michon et al, 2007). Afterwards, the edifices experienced
identical deformation patterns with a succession of cycles charac-
terised by a progressive deflation immediately followed by a sudden
uplift (Fig. 7a). The deformation cycles were contemporaneous with a
pulsating seismic signal (Kumagai et al., 2001; Michon et al., 2007). At
Piton de la Fournaise, every cycle was characterised by a progressive
amplification of the seismic signal, which then suddenly decreased to
a low level (Fig. 7b). The periodicity of the cycles gradually increased
from 2 h to 30 min. Among the 38 cycles, only the two earliest ones
were ended by large volcano-tectonic events (Michon et al., 2007). At
Miyakejima, the seismicity evolved during each deformation cycles
from an increasing swarm-like activity of low-frequency earthquakes
coeval with the progressive deflation, up to very-long-period seismic
events during the outward uplift (Ukawa et al., 2000; Kumagai et al.,
2001). The cyclic distribution of the seismicity at Piton de la Fournaise
and Miyakejima shows striking similarities with the seismicity
monitored by a regional seismic network mostly distributed in
North and South America during the 1968 caldera collapse of
Fernandina. Indeed, the caldera formation was coeval with the
occurrence of 30 earthquakes, the magnitude of which exceeded 4.5
(Fig. 7b; Filson et al., 1973). Each main event was preceded by an
increase of the seismicity and followed by an almost aseismic period.
This distribution consequently suggests the existence of seismic cycles
whose duration progressively decreased from 6 h to 2 h. Note that the
largest earthquakes, Ms>5, appeared during the first seismic cycles
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(Fig. 7b). Despite differences in the type of seismic signal (VT or very-
long-period events) that may originate from the geometry of the ring
faults and the type of seismic networks, this overview of both the
seismicity and the deformation recorded at Fernandina, Miyakejima
and Piton de la Fournaise strongly suggests that each caldera collapse
occurred in a similar way.

It has already been proposed that the main earthquakes at
Fernandina, the very-long-period events at Miyakejima and the
sharp decreases of the seismic signal at Piton de la Fournaise originate
from the incremental collapse of the rock column into the magma
chamber (Simkin and Howard, 1970; Filson et al., 1973; Kumagai et al.,
2001; Michon et al.,, 2007). Although the periodicity is an obvious
common feature, its origin has been interpreted in different ways for
each volcano. The periodic very-long-period events and collapses at
Miyakejima have been considered as to be caused by the constant
magma outflow, which episodically sucked the rock column into the
magma reservoir (Kumagai et al., 2001). At Fernandina, the irregular
geometry of the bottom of the collapsing rock column (Filson et al.,
1973) and the regular stress built up along the caldera fault, which is
sporadically relieved by movement along the ring fault (Simkin and
Howard, 1970), are two different mechanisms that have been
proposed to explain the step by step collapse.

Combining the different characteristics of the caldera collapses at
Fernandina, Miyakejima and Piton de la Fournaise, we put forward a
unifying mechanism of basaltic caldera formation. We focus our
discussion on calderas related to magma withdrawal from a magma
chamber during eruptions or intrusions. Calderas formed by the
deformation of the hydrothermal system (e.g. Merle and Lénat, 2003;
Merle et al., 2006) are consequently not addressed in this paper.

First of all, the deformation of the summit of basaltic volcanoes is
intimately linked to large lateral eruptions or magma intrusions
(MacDonald, 1965). Natural examples of Piton de la Fournaise and
Miyakejima reveal that calderas may develop over times of days to
weeks during or after the magma withdrawal (Geshi et al., 2002;
Wright and Sakai, 2004; Michon et al., 2007). The pressure decrease
into the magma chamber caused by the magma withdrawal entails,
above all, the centripetal subsidence of the edifice (Fig. 8b). The
continuous inward deflation progressively changes the stress within
the edifice. Despite the pressure decrease within the magma chamber,
the centripetal deflation prevents the downward motion of the rock
column due to gravitational stress by increasing both the shear stress 7
opposite to the collapse and the shear strength along the pre-existing
ring faults, which are common on long-lived volcanoes (Fig. 8b). The
collapse of the rock column occurs when the difference between the
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Inward deflation

Elastic rebound

Fig. 8. Schematic representation of the mechanics of caldera collapse in basaltic setting. a — Initial stage. Long-lived volcanoes commonly present pre-existing ring faults resulting
from previous caldera collapse. b — Inward deflation related to magma withdrawal from the magma chamber. Despite gravitational stresses acting on the rock column above the
magma chamber, the column is sustained by additional normal and shear stresses applied on the ring fault and the remaining pressure within the magma chamber. The stress o
resulting from deflation acting on the fault is decomposed into a normal o, and a shear T component. p, h and g correspond to the density and the height of the rock column, and
gravitational acceleration, respectively. Black and white arrows represent displacement vectors and stresses, respectively. ¢ — Collapse of the rock column when the gravitational
stresses exceed the shear strength along the ring faults. The collapse of the column triggers an elastic rebound of the edifice by stress release. It may also induce an increase of the
magma outflow as revealed by the step by step increase of the emission rate at the surface after the first collapses during the April 2007 eruption of Piton de la Fournaise (Michon
et al,, 2007). Each cycle is subsequently characterised by the succession of step b (inward deflation) and c (collapse and outward uplift).

gravitational stress and the pressure within the magma chamber is
sufficient so that the shear strength of the ring faults is exceeded (Fig.
8c). Then, the downward displacement stops when the pressure
increase into the magma chamber sustains the rock column anew.
We showed above that every collapse at Piton de la Fournaise and
Miyakejima were coeval with outward uplift of the caldera rim. Such
displacements were interpreted for Miyakejima as resulting from the
expansion of the magma chamber when the rock column intrudes it
(Kumagai et al., 2001). Although this hypothesis cannot be ruled out,
we prefer the following alternative explanation. The immediate, short
outward deformation of the caldera rim after the collapse corresponds
to the elastic response of the edifice, when the downward stress is
sporadically released during the motion of the rock column. The
ongoing subsidence, which directly results from the magma with-
drawal, promotes a new stress increase along the ring fault and
prevents the collapse of the rock column. The collapse occurs anew

when the shear strength is overcome by the gravitational stress
exerted on the rock column. Each cycle is consequently characterised
by the succession of (1) a deflation phase which inhibits the
downward displacement of the rock column, and (2) a sudden
collapse when the gravitational stress exceeds the shear strength
along the faults. The duration between two collapses may be
influenced by the injection of magmatic fluids along the ring faults.
In such a case, their shear resistance declines (Anderson, 1951;
Hubbert and Rubbey, 1959) and the time span between two collapses
could therefore decrease like at Fernandina and Piton de la Fournaise
for a constant or increasing magma withdrawal, and increase if the
rate of magma outflow decreases. Recently Wright and Sakai (2004)
proposed that calderas develop only following high rates of magma
withdrawal. Following Druitt and Sparks (1984), Marti et al. (2000),
Roche and Druitt (2001), Geyer et al. (2006), we think that the
amount of magma withdrawal is the critical parameter that initiates
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caldera formation. To this respect, one can note that the February and
December 2005 lateral eruptions of Piton de la Fournaise, which
shows similarities with the April 2007 eruption in terms of location of
the eruption site and nature of magma, but a volume of magma one
order of magnitude less important (15-20 - 10° m? in 2005 and about
130-10° m3 in April 2007; Staudacher et al., 2009-this issue),
triggered a slight summit subsidence only (Peltier, 2007). Besides
the volume of withdrawn magma, the occurrence of a caldera collapse
is likely influenced by the strength of the edifice, the occurrence and
geometry of pre-existing ring faults, the depth and size of the magma
chamber (e.g. Acocella, 2007).

At Piton de la Fournaise, the step by step increase of both the
tremor and the emission rate at the eruption site, after the first
collapses, indicates that the rock column directly affected the magma
chamber by increasing the pressure into the magma reservoir
(Michon et al,, 2007). Each collapse was accompanied by an ash
plume composed of lithics solely above the summit (Staudacher et al.,
2009-this issue). The simultaneity between deep and surface
processes suggests a continuum of deformation from the roof of the
magma chamber up to the surface. The collapse of such a piston-like
rock column may explain the predominance of the horizontal
component at both the base of the cone and the summit, where H/V
values are around 2 for the period between March and April 2007.
According to Dieterich and Decker (1975), such a displacement
pattern is better explained by a vertically elongate axisymmetric
source of deformation. This deflation source could correspond to the
piston-like rock column that progressively moved downward. Hence,
we propose that the predominantly horizontal centripetal deforma-
tion of the edifice results from the vertical motion of the piston-like
column that allowed the “horizontal collapse” of the edifice.

This synthesis on the three best known basaltic calderas suggests
that when the magma withdrawal-related inward subsidence is
sufficiently advanced, the rock column between the magma chamber
and the surface, intermittently collapses. We propose that the pulsating
dynamics were resulting from a competition between deflation, which
prevents the collapse, and gravity exerted on the block, which makes it
possible despite deflation. It is noteworthy that pulsating eruption
dynamics have also been proposed for several silicic calderas (Rosi et al.,
1996, 1999; Troll et al., 2000; Reubi and Nicholls, 2004). This dynamic
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was mostly interpreted in terms of piecemeal caldera collapses. We
assume that the collapse mechanism determined for basaltic calderas
can be applied to silicic eruptions. The type of collapse, i.e., intermittent
or continuous, would be then influenced by the emission rate. In
summary, the volume and the rate of magma withdrawal would control
the collapse initiation and dynamics, respectively.

4.3. Geometry of the collapse at Piton de la Fournaise

Carter et al. (2007) recently proposed that the magma chamber
associated with the recurrent collapses of Dolomieu, before the April
2007 eruption, was located at around 1000 m below the surface, i.e.
1500 m asl. However, inversions of deformation data, GPS and
interferometry, related to the eruptions of Piton de la Fournaise
strongly suggest that dykes originate from a magma reservoir lying
between 0 and 800 m asl (Fukushima et al., 2005; Peltier et al., 2007).
Assuming that magma withdrawal from this magma chamber
triggered the April 2007 caldera collapse, the aspect ratio of the
caldera system, which corresponds to the depth versus width of the
magma reservoir (Roche et al., 2000), is about 2. Analogue models
indicate that for high aspect ratios multiple reverse faults break up the
roof into large pieces and subsidence occurs as a series of nested cones
(Roche et al., 2000, 2001). However, at Piton de la Fournaise, as at
Miyakejima where the aspect ratio is also high (Geshi et al., 2002), the
pulsating dynamics of the collapse rather suggests that the collapsed
rock column behaved as a coherent block (Kumagai et al., 2001). We
propose that the geometry differences between models and nature are
mainly due to the presence of pre-existing ring faults in nature,
whereas models are composed of isotropic materials.

On 6th April, 2007, the first observations of the caldera at Piton de
la Fournaise indicated the occurrence of a first elongated collapse
structure bounded by sub-vertical scarps (Michon et al., 2007). The
presence of preserved polished surfaces on the scarps (Fig. 2b)
suggests that the subsidence was controlled by inward steep normal
faults in sub-surface (Fig. 9b). Considering the usual development of
steep outward reverse faults in analogue models (e.g., Marti et al.,
1994), we propose that the base of these inward faults is connected to
outward dipping reverse faults, which are vertical at depth. The
remaining southern and eastern plateaus subsequently collapsed on
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Fig. 9. Evolution of the caldera collapse during the April 2007 eruption inferred from the surface deformation. a — Initial stage. b — On April 6. c — After the collapse. The geometry and

depth of the magma chamber is still poorly constrained.
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7th April (see Fig. 4 in Michon et al., 2007). Their inward collapse can
be usefully compared to the tilting blocks, which develop on analogue
models between the central collapse and the outer normal ring faults
(Roche et al.,, 2000, 2001; Acocella, 2007). Hence, the pre-existing
southern and eastern boundaries of Dolomieu were probably
reactivated in normal faulting mode (Fig. 9c). The inward deformation
related to the tilt of the southern plateau probably affected the
southern rim of the caldera as suggested by the occurrence of maximal
inward displacements along its southern limit for the period between
March and May 2007. Thus, the spatial correlation between the
densest fracture zone, the maximal displacements of the caldera rim
and the inward tilt of the southern plateau into the caldera suggests
that the displacements recorded by GPS result from both a general
deflation due to the magma withdrawal from the magma chamber and
local effects due to the caldera collapse. Besides the clear control of
pre-existing structures in the April 2007 collapse, the similar
geometry of Dolomieu before and after the collapse suggests that
the source of the collapse, i.e. the magma chamber, did not
significantly change during the last hundred years.

5. Conclusion

We implemented in November 2005 a new GPS network around
the summit collapsed structure of Piton de la Fournaise in order to
determine the deformation related to collapse events. The present
work clearly shows that the network allowed a precise determination
of the summit deformation during and after the April 2007 caldera
collapse. Moreover, combining GPS data and a structural analysis, we
highlight the relationship between the inward displacements, the
development of concentric fractures and the dynamics of collapse.

The paper also presents several sources leading to the formation of
concentric fractures. Concentric fractures, which are restricted to the
first tens of meters of the caldera edge result from extension stresses
that are related to (1) the inward tilt of the caldera floor during the
successive collapses of the rock column, (2) the reactivation of hidden
limits of paleo-collapsed structures and (3) the progressive replen-
ishment of the caldera by lava flows, the load causing a local downsag.

The seismicity and deformation data for the caldera collapses at
Fernandina, 1968, Miyakejima, 2000, and Piton de la Fournaise, 2007,
suggest a similar pulsating collapse mechanism. Taking into account
the stress evolution into the edifice, we propose a unifying model of
caldera collapse in basaltic setting that explains the cyclic deformation.
The pulsating dynamics result from a competition between deflation,
which prevents the collapse, and gravity exerted on the rock column
above the magma chamber, which makes it possible despite deflation.

Finally, the structure of the new caldera of Piton de la Fournaise and
its evolution during the collapse is explained by the collapse of a
coherent block limited by vertical to outward dipping faults at depth
and sub-surface normal faults. The similar contours of Dolomieu before
the collapse and of the new caldera, remarkably shows the control of
the pre-existing structures in the April 2007 caldera collapse.
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